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Abstract

The mid- to late Miocene marks one of the last warm periods of the Neogene,

before the descent in to the ice house climate of the late Pliocene and Pleis-

tocene. The mid- to late Miocene climate was long overlooked, but receives

increasingly more interest. Previously, this part of the Miocene was considered

to be a period of sustained warmth on land, and warm sea surface temperatures,

but with an atmosphere low in CO2. This notion is now slowly changing. In-

creasing evidence shows that pCO2 in the late Miocene might have been higher

than previously thought. This makes the mid- to late Miocene a key interval

for the investigation of the link between changing atmospheric CO2 levels and

global climate.

Existing studies have shown that the Japan Sea is particularly sensitive to

glacio-eustatic sea level change, and it is suspected that this marginal sea is

very sensitive to other global climate changes. Furthermore, the Japan Sea lies

downwards of the westerly jet, and therefore receives a considerable dust flux

derived from the central Asian interior. During the late Miocene, the uplift

of the Himalaya-Tibetan-Plateau (HTP) is thought to have triggered the onset
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of the modern Asian monsoon system. The uplift was also thought to have

triggered the onset of C4 plant expansion during the late Miocene (from 8 Ma

onwards), leading to the enhanced cooling and aridification of central Asia.

Additionally, enhanced HTP uplift from 3.6 Ma to Present is suspected to have

forced the westerly jet to flow in two discrete modes, affecting the monsoon

intensity on a millennial scale. Sediments derived from the Japan Sea thus

are suitable to reconstruct these vegetation and climate changes in the central

Asian interior, associated with the HTP uplift. Furthermore, these sediments

can also be used to reconstruct the impact of climate change on the East Asian

monsoon.

Bulk sedimentary parameters, terrestrial n-alkanes, hopanoids, alkenones,

and branched and isoprenoidal glycerol dialkyl glycerol tetraether from a sed-

iment core from the Japan Sea were analyzed with an average resolution of

120 kyr. The studied interval spans the last 10 million years, with some excep-

tions even spanning the last 18 Ma. The investigated compounds were used

to compile biomarker-based records of terrestrial and marine environmental

changes since the mid-Miocene. Sea surface temperature (SST) reconstruc-

tions, using unsaturation index of C37-ketones (UK′
37) and tetraether index of

tetraethers consisting of 86 carbons (TEX86), show a distinctive cooling trend

of up to 10 ◦C since the mid-Miocene. The good agreement between the SST

record from the Japan Sea, and proxy records from the northern Pacific and

the δ18O global stack of benthic foraminifera indicates that the Japanese Sea

cooled in response to the global descent into today’s ice house climate. Both
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SST reconstructions record the late Miocene cooling quite well. The observed

climate deterioration was likely driven by globally operating climate mech-

anisms, most likely decreasing atmospheric CO2 concentrations. During the

Pleistocene, repeated opening and closure of the Tsugaru Strait restricted the

inflow of the Tsushima Warm Current and a concomitant expansion of cold

waters from the northern Japan Sea led to extreme SST variations.

The Japan Sea does record the onset of the Asian monsoon system, and the

late Miocene C4 plant expansion in the central Asian interior. A strong sum-

mer monsoon, indicated by the δD signature of n-alkanes, persisted with in-

terruptions from 3 Ma to 5 Ma. In correspondence to the enhanced HTP uplift

at around 3.6 Ma, the source area of n-alkanes begins to vary between Siberia

and the continental Asian margin, it is hypothesized that this fluctuation occurs

in sync with the switch between glacial and interglacial cycles. The fluctua-

tion is detectable in the carbon and deuterium isotopic signature of terrestrial

n-alkanes.

Mixing models were applied to reconstruct the influx of terrestrial organic

matter into the Japan Sea over time. The four mixing models give contrasting

results, also because the terrestrial end member of each mixing model cannot

be constrained for the Japan Sea. It was therefore impossible to reconstruct the

variable influx of terrestrial organic matter under changing environmental and

climatic conditions. Biomarkers for anoxic depositional environments, such

as the lycopane/nC31 ratio or the presence of 28,30-Dinorhopane agree with

the record of redox sensitive minerals.
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Atmospheric pCO2 reconstructions based on alkenone δ13C values show a

substantial pCO2 decline from 8 Ma to 6 Ma, from >500 to around 300 µatm.

This is the required range for C4 plants to become competitive over C3 plants.

Furthermore, the decline in pCO2 matches the onset of C4 plant expansion

across Asia, as indicated by the 13C signature of terrestrial n-alkanes. It also

falls into the time where other studies indicate CO2 limitation in large coc-

colithophores, suggesting that a critical threshold of <500 µatm of CO2 in the

atmosphere was reached. It is suggested that good temperature control and

well constrained δ13C record of benthic foraminfera improve late Miocene at-

mospheric CO2 reconstructions, which was not the case for previous alkenone

paleobarometry studies spanning this interval.
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1. Introduction and Outline

The data derived for this PhD project stems from sediment cores retrieved

during International Ocean Discovery Program (IODP) Expedition 346 and

Ocean Drilling Program (ODP) leg 127/128. The main motivation of Expedi-

tion 346 was to understand the evolution of the Asian monsoon in response to

the Himalaya-Tibetan-Plateau (HTP) uplift, which is poorly understood (Tada

et al. 2016). This is mostly due to the lack of marine sediment cores avail-

able for paleoenvironmental studies on this issue. Thus, IODP Expedition 346

marked the beginning of a series of IODP expeditions around SE-Asia, in an

attempt to understand the evolution of the Asian monsoon system and its im-

pact on the environment. The Japan Sea lies downwind of the westerly jet,

and, additionally, is under the influence of the winter monsoon. On this ba-

sis, the Japan Sea is an ideal archive to study the Asian monsoon evolution.

Subsequently, IODP Expedition 346 had two aims: to specify the onset timing

and reconstruct the variability of the East Asian monsoon (summer monsoon,

winter monsoon, and westerly jet), and to reconstruct their spatial pattern and

interrelationship. Second, to reconstruct changes in surface- and deep-water
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circulations in the Japan Sea, and examine their relationship to variation in the

East Asian monsoon and glacio-eustatic sea level changes (Tada et al. 2013).

The Japan Sea is very unique in its juxtaposition with the worlds’ largest

continent, Eurasia, and its largest ocean, the Pacific. Furthermore, the Japan

Sea is under the influence of one of the largest western boundary currents,

the Kuroshio Current, as well as the worlds’ largest cold air circulation - the

Siberian High. Currently, the Japan Sea is considered to be a global warm-

ing hot spot, as it is warming twice as fast as the surrounding oceans and

marginal seas (Rhein et al. 2013). This distinctive warming trend was re-

lated to the warming and expansion of western boundary currents as a result

of the Hadley-Cell expansion (Wu et al. 2012; Yang et al. 2016). One branch

of the Kuroshio Current enters the Japan Sea as the Tsushima Warm Current

(TWC) via the Tsushima Strait. Furthermore, winter wind stress in the Japan

Seas has decreased between 1960 and 1990, which results in reduced sensible

heat loss and accelerated surface temperature increase (Gamo 1999; Yeh et al.

2010). Reduced wind speeds across the Japan Sea could be related to the de-

creasing strength of the East Asian winter monsoon (EAWM), which is mod-

elled to weaken with increasing pCO2 (Hori and Ueda 2006). As a result, the

continent-sea-air interaction characterizing the Japan Sea is admittedly com-

plex, but the Japan Sea could serve as potential archive of changes in these

interactions. Extracting these archives could aid the understanding of changes

for example in atmospheric circulation, or western boundary currents, which

in turn also affect the global climate state (Wang and Chen 2014). The recon-
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struction of atmospheric circulation pattern is subsequently one opportunity

emerging from IODP Expedition 346. Since for the first time it is possible to

generate long-term climate records, such as sea surface temperatures, the gen-

eration of such records will allow to assess the past hot-spot potential of the

Japan Sea. This can be achieved by comparing the generated records to other

records of the same kind, i.e. from the open Pacific. Current climate analogues

for the modern global warming focus on the Pliocene, although it is now be-

coming clear that pCO2 levels were lower in the Pliocene (Pagani et al. 2010;

Seki et al. 2010; Badger et al. 2013b) than what we can expect for the future

(Rhein et al. 2013; 900–1000ppm, IPCC scenario RCP8.5). Thus, the paleoen-

vironment of the mid-Miocene climate is becoming increasingly interesting to

investigate. The mid-Miocene has long been overlooked, mostly because of

controversial boundary conditions: sustained warmth, small ice sheets, and

low atmospheric CO2 (see section 1.1), and thus, climate records spanning

the mid-Miocene to Present are sparse. Organic SST proxies spanning the

mid Miocene to Present do not exist at all. Tada et al. (1999) considers the

Japan Sea to show greater response to interhemispheric climatic perturbations,

and its high sedimentation rate offers a much higher resolution, compared to

open ocean sediments. Since marginal seas like the Japan Sea also receive a

terrestrial sedimentary component, they are ideal places to study land-ocean-

climate linkages (Tada et al. 1999). Therefore, sediment cores retrieved during

Expedition 346 and leg 127/128 are ideal to study long-term climate trends,

and increase our understanding of climatic evolution from the mid-Miocene to
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Present.

1.1. Mid- and late Miocene climate change

Three important parameters are used to describe global climate conditions:

surface temperatures, ice volume and atmospheric CO2 content (pCO2) (Fos-

ter et al. 2012). Since the 1970s, a growing volume of paleoclimate records

have been compiled, mostly based on the stable isotopic compositions of ma-

rine carbonates (δ18O and δ13C) (e.g. Shackleton and Opdyke 1973; Shack-

leton and Kennett 1976; Hays et al. 1976). Most notably, long-term records

of the oxygen isotopic composition of deep-ocean benthic foraminifera have

given an insight into global scale changes in ice volume and deep-water tem-

peratures (δ18O). Likewise, changes in the global carbon cycle can be derived

from the measurement of inorganic and organic δ13C with the combination of

both records giving an insight into transfers between both carbon pools. A

detailed δ18O record compiled by Zachos et al. (2001; 2008) reveals a 60 Ma

cooling trend since the Cretaceous, but also short term climate perturbations in

the Cenozoic. Such perturbations include the mid-Miocene Climate Optimum

(MMCO) (17–15 Ma), mid-Miocene Climate Transition (MMCT) (∼14.5 Ma),

and millennial scale dynamics of Plio-Pleistocene ice sheet growth. The Mio-

cene represents one of the last warm periods of the Neogene, before the devel-

opment of a world with bipolar ice caps in the Plio-Pleistocene (Zachos et al.

2001). The Miocene is characterized by significant global climate variations,
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in particular by the MMCO, with very warm sea surface temperatures (SSTs)

and warm deep waters (Woodruff et al. 1981). The MMCO coincides with a

small Antarctic ice sheet, increased pCO2 (Foster et al. 2012), and also the

main eruptive phase of the Columbia River Basalt (CRB) between 16.1 and

15 Ma (Hodell and Woodruff 1994; Kürschner et al. 2008; Foster et al. 2012).

The injection of CO2 into the atmosphere by the CRBs has led some authors to

hypothesise that this injection prevented immediate cooling of the climate by

counteracting the increased carbon removal at this time (Vincent and Berger

1985; Hodell and Woodruff 1994; Kender et al. 2009). McKay et al. (2014)

successfully models the carbon cycle perturbation, and also adds in the factor

of LIPs, their outgassing coinciding with episodes of cooling during MMCO

(Mi-stages). As a result of this outgassing, the sustained warmth fostered the

growth of subtropical rain forests in Western and Central Europe, as well as

East Asia (Zachos et al. 2008; Hamon et al. 2011; Utescher et al. 2011; Pound

et al. 2011). Evidence of sustained sea surface temperatures can be found in

the Japan Sea and its surrounding area (Ogasawara 1994). The MMCO is

then followed by the MMCT, at around 14.5 Ma when surface temperatures

dropped substantially, and the Antarctic ice sheets started to grow again (Fos-

ter et al. 2012; Badger et al. 2013a). The cause for this ice sheet growth is

presently unknown. The drastic cooling of the MMCT is also visible in the

paleontological record of the Japan Sea (Ogasawara 1994). One favoured hy-

pothesis is the draw down of pCO2 due to the onset of silica weathering of

the fresh basalt deposits, as well as increased organic carbon burial (Monterey
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Hypothesis (Vincent and Berger 1985)). Uncertainties and limitations of multi

site correlations of carbon isotopic excursion (CIE) events stem from the dif-

ferences in onset timing, termination and magnitude of CIEs (Diester-Haass

et al. 2006).

The late Miocene (12–5 Ma) remains equally enigmatic, as reconstructed

CO2 concentrations were low: 200–350 µatm (Pagani et al. 1999b) with the

North Pole being nearly ice free (Zachos et al. 2001), and the continents were

warmer than today (Micheels et al. 2011; Utescher et al. 2011; Pound et al.

2011). The late Miocene C4 plant expansion (Cerling et al. 1997) also falls

into this period of already low atmospheric CO2 concentrations. Without the

clear trigger of a major CO2 decline, this expansion is thought to have another

driver, such as the uplift of the Himalaya Plateau (Pagani et al. 1999b). Recon-

ciling the sustained warmth of the late Miocene with the relatively low recon-

structed atmospheric pCO2 values has been problematic (Pagani et al. 1999a;

LaRiviere et al. 2012). LaRiviere et al. (2012) suggested that cloud and water

vapor feedbacks helped to sustain a warm climate. Furthermore, observed late

Miocene perturbations in the terrestrial environment show no or limited cor-

responding signal within the deep-ocean δ18O record (Zachos et al. 2001). A

recent advance in deciphering the late Miocene climate is presented in a study

by Herbert et al. (2016), who found substantial cooling of SSTs across both

hemispheres at around 7 Ma. The authors suggest that surface ocean cooling

is acting as a positive feedback mechanism for the CO2 decline, due to the

effect of temperature on the solubility of CO2 in water. Subsequently, atmo-
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spheric CO2 concentrations descended from above 500 to around 350 µatm, a

critical CO2 level associated with C4 plant expansion (Ehleringer et al. 1997;

Herbert et al. 2016). As mentioned before, there is no direct proxy evidence

for CO2 suggesting such a drop, although the onset of size-specific carbon

isotope fractionation in coccoliths at circa 7 Ma has been interpreted as a re-

sponse to carbon dioxide limitation (Bolton and Stoll 2013). Interestingly, this

size fractionation becomes very pronounced in the late Miocene, in sync with

the C4 plant expansion, and this is the first study to link changes in the marine

and terrestrial environment as a global response to a carbon dioxide limitation

(Bolton and Stoll 2013).

Due to the lack of good proxy data for MMCO atmospheric CO2 levels and

continuous SST records from the MMCO to Present (LaRiviere et al. 2012;

Seki et al. 2012; Herbert et al. 2016), one of the aims of this thesis is the gen-

eration of a multi-proxy long-term SST record, to improve the understanding

of late Miocene climate change. Compiling records of past vegetation change,

and changes in the hydrological cycle will also contribute to the understanding

of the late Miocene environment.

1.2. Outline of this thesis

Amongst contributing to the Expedition 346 outlines, this thesis aims at pro-

viding more insight into the paleoceanography of the Japan Sea for the last 17

million years and the impact of climate change on the marine and terrestrial
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realm.

Chapter 4 describes the sea surface temperature change in the Japan Sea

over the last 17 million years, using UK′
37 and TEX86, with a focus on the

MMCO and the late Miocene cooling (LMC). As the Japan Sea opened up

at the same time of the studied interval, it is the aim to disentangle the local

(tectonic) signal from the global (climate) signal in order to understand the

surface temperature evolution in the Japan Sea.

Changes in the δ13C and δD signature of long-chain n-alkanes for the last

8 Ma are used to reconstruct the evolution of the Asian monsoon in relation

to the Himalaya-Tibetan-Plateau (HTP) uplift. The changes in the compound

specific isotopic signature will reveal changes in precipitation and vegetation

in the central Asian source region. The combination of both stable isotopic

signatures will reveal changes in the origin of n-alkanes in the Japan Sea. Fur-

thermore, Chapter 5 will describe the use of n-alkane δD signatures to indi-

cate changes in the dominant moisture source for plants in the source region.

Chapter 6 discusses the efficacy of various mixing models for the recon-

struction of terrestrial organic matter delivery to the Japan Sea. Furthermore,

biomarker records of 28,30-Dinorhopane and the Lycopane/nC31 ratio were

compared to records of redox sensitive minerals to evaluate their use as mark-

ers of anoxic depositional conditions.

Chapter 7 presents a pCO2 record of the Japan Sea, based on the δ13C

signature of long-chain ketones, which are produced by haptophytes. Since

they are thought to rely on the passive diffusion of CO2 into their cell, they are
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considered to record changes in pCO2. The generated data in this chapter is

used to understand the role of CO2 as driving force of sea surface temperatures

in the Japan Sea and vegetation change in central Asia.

1.3. The biomarker concept

Organic geochemistry employs aspects of chemistry, biology and geology to

study the fate, constituents, and distribution of organic matter (OM) through-

out Earth’s history. Its application has shed light on energy sources of mi-

crobes, sources of fossil fuels, evolution of life on Earth and its climatic his-

tory (Bianchi and Canuel 2011). Because of its disciplinary overlap between

biology, chemistry, geology and physics, the application of organic geochem-

istry is versatile and is applied to many pertinent questions in Geosciences,

such as past atmospheric CO2 levels or the effects and causes of past climate

changes. In contrast to inorganic matter, sedimentary OM deposited on the

ocean floor is generally not affected by the chemical and isotopic properties of

sea water, or ice volume. Hence, they are very powerful tools to reconstruct

past environments.

Two principal sources contribute organic matter to the marine environment:

marine organic matter, and terrestrial organic carbon (OCterr) which is trans-

ported by eolian and fluvial processes from the continents to the ocean (Hedges

et al. 1997). Oceanic sediments integrate these two signals, enabling the study

of past environmental changes in both realms. A third source of organic carbon
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in marine sediments stems from prokaryotic organisms, such as cyanobacteria,

heterotrophic, sulphate reducing and methane oxidising bacteria. However,

their role in producing and processing organic matter in the marine carbon cy-

cle is not well understood (Sinninghe Damsté and Schouten 1997; Eglinton

and Repeta 2003). Evidence from their contribution to the sedimentary OM

record stems from the presence of hopanoids (Ourisson and Albrecht 1992),

but the proportion of their abundance is not necessarily a reflection of their in-

put (Sinninghe Damsté and Schouten 1997). OM that escaped recycling in the

surface layer of the water column or at the sediment surface and subsequently

preserved in the geological record is subject to a variety of preservation factors.

This OM is a mixture of marine algae, vascular plants and OM reworked from

sedimentary rocks (Eglinton and Repeta 2003). The OM can be physically

protected, by binding to an inorganic matrix such as opal, calcium carbonates,

and detrital aluminosilicates (Hedges et al. 2001), smectites (Ransom et al.

1998) and therefore escapes remineralisation (Keil et al. 1994). Since the in-

organic matrix makes up 80% of sinking particles in the ocean (Hedges et al.

2001), it acts as ballast and helps the OM to bypass the oxygenated water col-

umn and pore water quite rapidly before it is added to the anoxic parts of the

sediment (Eglinton and Repeta 2003; and references therein). Another way

of physical protection is the encapsulation of labile organic matter in more re-

fractory polymers (Tegelaar et al. 1989). With regard to oxygen deficient or

anoxic depositional environments, the precise controls of enhanced OM burial

are still debated. By studying the organic matter content on the Washington
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continental slope, Hedges et al. (1999) pointed out the importance of oxygen

exposure time. The organic carbon to mineral surface area ratio decreased with

increasing distance from the continental slope and increasing oxygen exposure

time, indicating that the sedimentary OM responds to an ‘oxic effect’ (Hedges

et al. 1999). Furthermore, anoxia slows down burrowing activities by benthic

fauna (bioturbation), which otherwise aids oxidation of organic matter in the

sediment (Hulthe et al. 1998), providing fidelity in its potential as archive for

past environmental changes. The concept of selective preservation (Tegelaar

et al. 1989) is often applied, where the preservation of OM does not fall into

either of the above described criteria. The little OM that is being detected in

sediments exposed to oxygen for prolonged times is considered to be refrac-

tory, and its structure might be inherent to its resistance towards degradation.

The selective preservation of some compounds can best be studied in envi-

ronments experiencing post depositional oxidation, i.e. Hoefs et al. (1998a),

where these compounds comparatively enrich in the oxic layer of a turbidite.

Selective preservation is particularly relevant when applying biomarker ratios,

i.e. to assess the relative input of of one variable to another. Selective preser-

vation can affect these ratios and subsequently lead to a biased interpretation.

Another way of chemical protection is the formation of organosulfur com-

pounds, which applies to OM deposited under anoxic and euxinic conditions.

The OM reacts with sulfides, and can result in intramolecular or intermolecular

incorporation of sulphur: the prior mechanism leads to the formation of cyclic

organic sulphur compounds (Werne et al. 2000). The intermolecular incorpo-
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ration of sulfur leads to the formation of macromolecules (Sinninghe Damsté

et al. 1989), which due to their size become unavailable for the biogeochem-

ical analysis, unless their bond is broken up prior to instrumental analysis. In

terms of the geolgical and paleoceanographic evolution of the Japan Sea (Tada

1994), all three preservation factors could become important. A more detailed

discussion will be conducted in the respective chapters where necessary.

The measurement of bulk OM properties of these sediments is fast and sim-

ple, as it does not require time intensive work-up of sediments. Bulk sedimen-

tary parameters can already give information about the source of sedimentary

OM and its respective changes over time via their δ13Corg signature. On geo-

logical time scales, caution should be exercised with regard to changes in the

13C signature. It should always be considered that the in-situ bacterial biomass

caused the changes the δ13Corg signature (Lehmann et al. 2002), by removing

organic matter, and contributing their own biomass to the sedimentary record,

which can be reflected in the 13C signature (Sinninghe Damsté and Schouten

1997). As discussed above, selective preservation and physical protection of

OM also governs its sequestration in marine sediments. Hence, the bulk com-

position of the OM is constantly modified (Harvey et al. 1995), with implica-

tions for the δ13Corg record, as shown in incubation experiments by Lehmann

et al. (2002): a continuous decrease in δ13Corg was attributed to the selective

preservation of compounds depleted in δ13C. The addition of compound spe-

cific isotopic analysis is usually recommended to further elucidate different

sources in the sedimentary record (Bianchi and Canuel 2011).
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Molecular indicators of environmental changes require sediment extraction

and separation into different compound classes, but are more specific in their

representation of particular organic matter sources and environments of pro-

duction. Biomarker lipids are amongst these molecular indicators, and are

unique compounds produced by specific organisms, serving as indicators for

the presence of their producers. Biomarkers can retain their source informa-

tion even after undergoing diagenesis over geological time scales (Bianchi and

Canuel 2011). The presence of biomarker lipids are then used to make in-

ferences about certain environmental conditions (Tab. 1.1). The largest con-

tributors of OM to the ocean sedimentary record are phytoplankton. As pri-

mary producers, the phytoplankton are only dependent on light and nutrients,

and can have a high net production in terms of reproduction and growth rate

(Arrigo 2005). Fresh OM consists of proteins, carbohydrates, nucleic acids

and lipids. The small part of OM escaping nutrient recycling in the surface

layer, sinks down the water column whilst being subject to varying degrees

of decomposition (Meyers 1997; and references therein). The amount of OM

reaching the sea floor is dependent on the length of the water column and the

primary production rate (Müller and Suess 1979). Once the OM is deposited

on the sea floor, it is incorporated into the sediment. The first three compound

groups (proteins, nucleic acids and carbohydrates) are easily degraded in the

water column and in the sediment (Bianchi and Canuel 2011), while lipids

remain relatively stable (Harvey et al. 1995). Diagenesis of organic matter

in sediments occurs post burial, in geochemical terms it is the process that
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affects the produced compounds during burial, at relatively low temperatures

(60–100 ◦C) and low pressure (Killops and Killops 2005). Diagenesis occurs

through processes such as defunctionalization, stereochemical alteration and

aromatization, leading to the formation of more stable substances (Ourisson

and Albrecht 1992; Koopmans et al. 1996), although some functional groups

are able to survive diagenesis such as in fatty acids or ketones. Cranwell (1981)

was able to establish the following order of stability to diagenesis: n-alkanes >

alkenones > sterols > alcohols, with important effects on the information con-

tent of biomarker contained in the sedimentary archives (Sinninghe Damsté

et al. 2002).

1.3.1. Terrestrial biomarkers

n-Alkanes

Higher land plant epicuticular waxes form a protective layer on leaves and

stems (Eglinton and Hamilton 1967), preventing water loss due to evapora-

tion (Jetter, R., Kunst, L. and Samuels 2006), and protecting plants from me-

chanical and biological damage (Eglinton and Hamilton 1967). Long-chain

n-alkanes (nC27-nC35), alcohols and fatty acids (Bianchi and Bianchi 1990;

Rommerskirchen et al. 2006) are main constituents of this wax layer. Plant

n-alkane production leads to odd-over-even predominance (OEP) with one or

two preferably produced n-alkanes (Eglinton and Hamilton 1967; Fig. 2.3).

The OEP in n-alkanes is a result of enzymatic decarboxylation of fatty acids
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which are mainly produced with even amounts of carbon in their chain. These

n-alkanes are readily extractable from sediments, and the lack of functional

groups makes them resistant to degradation. The average chain length (ACL)

(Eq. 1.1) distribution of n-alkanes serves as proxy for aridity and/or air tem-

perature (Rommerskirchen et al. 2003; Schefuß et al. 2003; Castañeda et al.

2009; Moossen et al. 2015). In Eq. 1.1, Cn is the peak area of the respective

n-alkane n. Only the most frequent n-alkanes are used for the ACL calculation.

ACL =
(Cn × n)∑

n
(1.1)

n-Alkanes carry a wealth of information about plant community structure, as

C3 and C4 plants fractionate CO2 differently (Farquhar et al. 1989), with conse-

quences for their carbon isotopic signature (Farquhar et al. 1989; Chikaraishi

and Naraoka 2003; Sage 2004). Since C4 plants generally have a competitive

advantage over C3 plants in low CO2 environments (Sage 2004), the com-

pound specific carbon isotope analysis of n-alkanes carries subsequent infor-

mation about CO2 levels in the past (Farquhar et al. 1989). While the isotopic

composition of these lipids are readily available, the climatic implication in

particular over geological time scales is more difficult to disentangle. The

largest influence on the 13C/12C ratio of n-alkanes results from the metabolic

pathway for CO2 fixation (Farquhar et al. 1989; Fig. 1.1). The δ13C signature

of long-chain n-alkanes is used to differentiate between C3 and C4 vegetation,

which gives clues about the ancient climate. Almost all trees, the majority
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of grasses and shrubs utilize the C3 (Benson-Calvin) pathway, in which CO2

and ribulose 1,5-biphosphate carboxylase/oxygenase (Rubisco) are converted

to 3-phosphoglycerate (therefore C3-pathway) using the Rubisco enzyme. The

Rubisco enzyme preferentially utilizes the lighter 12C isotope-containing CO2.

This leaves C3 plants more depleted (−28 h) than C4 plants (Sage 2004).

In the C4 (Hatch-Slack) pathway, plants start with the conversion of CO2

to oxaloacetate (consists of four carbon atoms, hence C4 pathway) via PEP-

carboxylase in the mesophyll cell (Fig. 1.1). Subsequently, the CO2 is split off

in the shear bundle cells using one of three enzymes (Sage 2004; nicotineamide

adenine dinucleotide phosphate-malic enzyme (NADP-ME), nicotineamide

adenine dinucleotide (NAD-ME), or PEP carboxykinase (PCK)). Then, the

released CO2 is fed into the Calvin cycle by Rubisco (Sage 2004). Plants uti-

lizing the C4 pathway are grasses, sedges, as well as dicots (Sage 2004). Since

C4 plants pre-concentrate CO2, they have a competitive advantage in arid, hot

and low CO2 environments although the active uptake of CO2 requires more

energy. C3 plants let CO2 passively diffuse through their cell membranes, mak-

ing them vulnerable to water loss in hot and arid environments. The difference

in metabolic pathways leads to differential isotopic fractionation of CO2, leav-

ing C4 plants about 16 h more enriched in 13C than C3 plants (Collister et al.

1994; Chikaraishi and Naraoka 2003; Chikaraishi et al. 2004). Rubisco prefer-

ably fixes 12C, while the PEP-carboxylase does not discriminate between the

two carbon isotopes. The Rubisco fixation in the shear bundle of C4 plants has

little effect on the isotopic value. Since fatty acids and n-alkanes are slightly
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more depleted than the plant tissue (−33 h (C3, n-alkanes), −21.7 h (C4, n-

alkanes)), further isotopic discrimination occurs during their synthesis, which

is higher for C4 plants than for C3 plants (Collister et al. 1994). This isotopic

signal detected in the sedimentary n-alkane record can be taken as indicator of

plant community change and therefore changes in environment and climate,

by applying a binary end member mixing model (Schefuß et al. 2003; Bendle

et al. 2006; 2007; Vogts et al. 2012). Apart from the metabolic pathway in-

volved, the atmospheric concentration of CO2 also influences the carbon iso-

topic fractionation of C3 plants (Schubert and Jahren 2012; 2015). This is

an important key parameter, as pCO2 exhibits great variability over the last

40 Ma (Beerling and Royer 2011; Zhang et al. 2013). Growth chamber ex-

periments have shown that the isotopic fractionation increases with increasing

pCO2 (0.4–3h per 100 ppm change in CO2). These experiments were car-

ried out under constant light, nutrient and humidity conditions (Schubert and

Jahren 2012), but in the outside world it is possible that the effect of humid-

ity and moisture availability masks the effect of changing pCO2 on the δ13C

record. However, Schubert and Jahren (2015) emphasize that changes in pCO2

and its subsequent effect on the δ13C record of higher land plants should be

considered first, before conclusions about the environmental parameters (hu-

midity, temperature) are drawn. The isotopic signature of CO2 (δ13CCO2) also

influences the δ13C signature of n-alkanes (Farquhar et al. 1989). Over the last

65 Ma, δ13CCO2 varied greatly, which also shifts the C3/C4 end members to ei-

ther more enriched or depleted isotopic compositions over the same timescales
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(a) Metabolic pathway of
a C3 plant

(b) Metabolic pathway of
a C4 plant

Figure 1.1.: Simplified C3 and C4 plant metabolism pathways, which affect
the 13C sequestration and leads to isotopic differences in C3 and
C4 plants.

(Tipple et al. 2010). When reconstructing past plant community changes based

on the δ13C signature of n-alkanes over long time scales, the variations in

δ13CCO2 need to be taken into consideration to avoid over- or underestimation

of contributors.

Meteoric water is the primary hydrogen source for plants, which is subse-

quently used for lipid synthesis within the plant, including the synthesis of

n-alkanes (Sachse et al. 2012; and references therein). Hence, the compound

specific hydrogen analysis of n-alkanes provides insight into changes of the
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global hydrogen cycle, and therefore precipitation and climate (Sachse et al.

2012). δD variations of long-chain n-alkanes show a good correlation with

mean annual precipitation δD values (Sachse et al. 2006; 2012), and thus have

been used in a variety of settings to reconstruct precipitation patterns (Zhuang

et al. 2014; Moossen et al. 2015). Other studies (Mügler et al. 2008; 2010;

Thomas et al. 2016) tried to reconstruct the source of atmospheric moisture

using the δD signature of n-alkanes, but on geological time scales, the δD sig-

nature of the moisture source might have changed. This has to be kept in mind

when working with these records. The isotopic composition of precipitation is

the fundamental control on the hydrogen isotopic ratio of n-alkanes, and there

are several regional climatic factors that influence this composition (Liu and

Huang 2005; Sachse et al. 2012; Zhuang et al. 2014). These factors are (a)

the temperature effect: leaving the source water depleted in D with decreas-

ing temperatures, (b) the amount effect: leaving source water D depleted with

increasing amount of precipitation, and (c) the continental effect: increased

depletion of source water D further land inwards (Sachse et al. 2012; and ref-

erences therein). Locally, the δD signature of higher plants is influenced by

the fractionation between lipids and source water: εwax/water, which is mainly

driven by the available moisture and temperature (Smith and Freeman 2006).

εwax/water incorporates three different fractionation factors: the D/H fractiona-

tion during biosynthesis, fractionation of D/H during soil-water transpiration

and leaf-water transpiration (Mügler et al. 2008; Feakins and Sessions 2010;

Sachse et al. 2012), although these fractionation factors are poorly understood
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at the moment (Sachse et al. 2012). Subsequently, global and local factors

can influence any δD record substantially, therefore careful evaluation of the

dataset prior to interpretation is necessary. All these factors, biosynthetic path-

ways, biosynthesis of plant lipids, δ13CCO2 and εwax/water, must be considered

when interpreting δD and δ13C records of n-alkanes over long time scales.

Branched glycerol dialkyl glycerol tetraethers

The origin of branched Glycerol Dialkyl Glycerol Tetraethers (brGDGTs) (Fig.

1.2) is still uncertain; minor abundance of GDGT-I were found in cultures

of Acidobacteria (Schouten et al. 2013). These bacterial GDGTs differ from

archaeal GDGTs because they possess a basic 13,16-dimethyloctacosane as

alkyl chain (Fig. 1.2). Furthermore, the stereochemistry of the glycol moiety

is inverse to that of isoprenoidal GDGTs, marking an evolutionary difference

between bacterial and archaeal lipids (Koga et al. 1998; Figs 1.2, 1.3). Weijers

et al. (2006a) found increased brGDGT in the anoxic zone of soils, suggest-

ing that they are synthesized by anaerobic bacteria. Since in the terrestrial

environment, brGDGT production takes place only in soils, their contribution

probably does not reflect the total terrestrial OM input, but rather soil OM in-

put into marine sediments only (Hopmans et al. 2004; Weijers et al. 2006b;

Moossen et al. 2013). However, the relative abundance of brGDGTs has been

utilized as a proxy for the relative abundance of terrestrial OM in the ocean:

the branched index of tetraethers (BIT) (Hopmans et al. 2004; Eq. 1.2). A ratio
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close to 0 is considered to reflect an open marine environment, a ratio close to

1 indicates a soil dominated environment. However, the utilization of BIT is

complicated by the fact that brGDGTs are also produced in marine sediments

(Fietz et al. 2012), thus the BIT ratio rarely approaches 0. Variable BIT val-

ues are found for coastal marine settings (Hopmans et al. 2004). Other studies

then took advantage of BIT as soil OM proxy. Soil organic matter is mostly

comprised of degrading plant OM, which can alter the C/N ratios and δ13Corg

signatures of plant OM that is actually used to track terrestrial OM matter. It

was shown, that soil OM can have C/N ratios close to the marine end member

(Gordon and Goñi 2003), hence the soil OM contribution to marine sediments

remains overlooked. Obviously, other proxies than the chemical fingerprints

of higher plants are necessary, preferably from organisms living in the soil

layer. These would accurately track the transport and recycling of soil organic

matter in the marine environment. Amongst branched GDGTs, these can be

bacteriohopanepolyols (BHPs) (Rohmer et al. 1984), stemming from bacteria

which in contrast to the brGDGT producing Acidobacteria reside in the upper,

oxic part of the soil. The subsequent development of the soil proxy Rsoil index

by Zhu et al. (2011) facilitates a new approach to tracking soil OM in marine

sediments. Due to the lack of appropriate analytical facilities, and the applica-

tion to a limited time scale (centennial to millennial), the Rsoil index will not

be further discussed here.

Studies have shown that BIT is also affected by soil pH, as the BIT is low-

ered with increasing soil pH (Weijers et al. 2007), giving false estimates for
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Figure 1.2.: Structures of branched GDGTs used for calculation of the BIT.

BIT reconstructions in marine environments.

Weijers et al. (2007) found a significant relationship between branched GDGT

distribution, and mean annual air temperature (MAT) and soil pH (Eqs 1.3,1.4).

The amount of methyl groups are negatively correlated with MAT and soil pH,

yielding the index of methylation of branched tetraethers (MBT). The amount

of cyclopentane moieties is negatively correlated with soil pH, yielding the in-

dex of cyclization of branched tetraethers (CBT). Subsequently, the MBT and

CBT proxies were developed.

BIT =
GDGT-I + GDGT-II + GDGT-III

GDGT-I + GDGT-II + GDGT-III + Crenarchaeol
(1.2)

MBT =
[I + Ib + Ic]

[I + Ib + Ic] + [II + IIb + IIc] + [III + IIIb + IIIc]
(1.3)
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CBT =
Ib + IIb
I + II

(1.4)

MBT = 0.867 − 0.096 × pH + 0.021 ×MAT (1.5)

CBT = 3.33 − 0.38 × pH (1.6)

These were later refined by Peterse et al. (2012; Eqs 1.7,1.8) with lower

correlation coefficients and subsequently giving a higher uncertainty of MBT.

But soils are very heterogeneous, thus a scatter in a global soil calibrations can

be expected (Schouten et al. 2013).

MBT′ =
[I + Ib + Ic]

[I + Ib + Ic] + [II + IIb + IIc] + [III]
(1.7)

MAT(±5 ◦C) = 0.81 − 5.67 × CBT + 31.0 ×MBT′ (1.8)

Some constrains on the application of these proxies are defined by Schouten

et al. (2013) and Weijers et al. (2011): branched GDGTs produced in soils

probably reflect soil instead of air temperature, and as for other temperature

proxies, the MBT/CBT ratio might be biased towards a certain season, at least

at high latitudes (Rueda et al. 2009; Moossen et al. 2015). Furthermore, when

applying the MBT/CBT proxy to marine sediments it should be considered
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that branched GDGTs arrive pre-aged at the sampling locality, thus the sub-

sequent time lag can cause an offset between branched GDGT proxies and

marine proxies (Schouten et al. 2013).

1.3.2. Marine biomarkers

Alkenones

One important variable in the climate system is the sea surface temperature

(SST). Changes in the atmospheric circulation and global heat distribution are

linked to changes in SSTs (Bjerknes 1964). For climate models it is therefore

important to estimate the temperature change in the oceans in order to predict

large-scale reorganizations of the atmosphere.

The first organic geochemical SST proxy was developed by Brassell et al.

(1986), based on the unsaturation index of C37-ketones (UK′
37). Long-chain ke-

tones (known as alkenones) contain 2-4 double bonds. The carbonyl group is

usually located at the second or third carbon atom (Volkman 2006). The nota-

tion Cx:y indicates the chain length of the ketone (x) and the number of double

bonds (y). Depending on the surrounding temperature, the ketones are more

(warm) or less (cold) unsaturated. The production of alkenones in the marine

realm is thought to be limited to members of the haptophyte algae within the

Order Isochysidales. The actual function of these ketones is not known. It is

speculated that they serve as energy storage for the organism (Eltgroth et al.

2005). The initial proxy, UK
37, also included the tetra-unsaturated heptatriacon-
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tane, but since it is only present in fresh and cold waters, it was excluded from

the proxy (Prahl and Wakeham 1987; Eq. 1.9). Prahl and Wakeham (1987)

modified the UK
37 proxy, and calibrated it with laboratory cultures of Emiliania

huxleyi. Global core top calibrations were performed by Müller et al. (1998)

and Conte et al. (2006), and to date these are the most extensive calibrations

of UK′
37 versus SST. UK′

37 is likely to reflect SST, although the haptophyte pro-

duction depth is tied to light penetration, giving a depth range of 0–200 m.

However, core top calibrations indicate that paleo-SST reconstructions reflect

SSTs at a depth of 10 m (Müller et al. 1998; Ohkouchi et al. 1999). Generally,

UK′
37 agrees with the mean annual SST, with the exception of high latitude re-

gions, where a seasonal production of phytoplankton is observed (Müller et al.

1998; Moossen et al. 2015).

Distribution of differently unsaturated C37-alkenones varies with the sur-

rounding sea surface temperature (SST) (Prahl and Wakeham 1987; Prahl et al.

1988; Müller et al. 1998) and is expressed as Eq. 1.9. The most recent cali-

bration was established by Conte et al. (2006), and is used in this study (Eq.

1.10.

UK′
37 =

C37:2

C37:2 + C37:3
(1.9)

SST(±1.1 ◦C) = 29.876 × (UK′
37) − 1.334 (1.10)
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Alkenone paleobarometry Reconstructing pCO2 over geological time scales

of great interest, for which many proxies available, but only four are deemed

most promising by IPCC 2007 (Solomon 2007). Within the terrestrial en-

vironment, the abundance of stomata on fossil leaves (Woodward 1987) and

δ13C of soil carbonates (Cerling 1991) can provide insight into past changes

in atmospheric carbon dioxide. The fossil leaves proxy is based on the obser-

vation that stomatal density decreases with increasing CO2 in the atmosphere

(Woodward 1987; Kürschner et al. 2008). Soil carbonates from arid to semi

humid areas precipitating at the soil-atmosphere interface are in equilibrium

with atmospheric CO2 (Cerling 1991; Breecker et al. 2010). Down sides of

both proxies exist, in example fossil leaves are rather scarce and cannot cover

a continous time span, and the use of soil carbonates is limited to deserts.

The marine environment also provides pCO2 proxies, via the δ11B signature

of foraminfera. The idea behind this proxy is that 11B in sea water is incor-

porated in microfossils as a function of sea water pH and alkalinity (Foster

and Rae 2016; and references therein). The main draw back is that recon-

structions are not reliable on time scales longer than the last 3 Ma (Foster

and Rae 2016). The second marine proxy for pCO2 is the δ13C signature of

alkenones. Since the discovery that CO2 concentrations have a major control

on the δ13C variation in alkenones (Goericke and Fry 1994; Riebesell et al.

2000), the alkenone δ13C signature has been used to reconstruct atmospheric

CO2 concentrations (pCO2, (Jasper and Hayes 1990; Pagani et al. 1999b; Eq.

1.11). εp describes the photosynthetic fractionation factor between the inor-
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ganic substrate; the dissolved CO2, and organic matter produced by the algae.

ε f reflects the fractionation during carbon fixation, and depends on the enzyme

involved; in the case for haptophytes this is Rubisco ID (Pagani 2014). b is

the sum of all biological factors affecting the carbon isotopic fractionation. It

has been shown that b is strongly correlated to oceanic PO3−
4 concentrations,

or another micronutrient causing the same variation as PO3−
4 on b (Pagani et al.

1999a; Pagani 2014). The most obvious problem with PO3−
4 as proxy for b is

the inability to reconstruct past phosphate concentrations of the ocean, adding

uncertainty to the pCO2 reconstruction (see section 7.4.2).

εp = εf −
b

[CO2(aq)]
(1.11)

Haptophytes are thought to rely on passive diffusion of CO2 into the cell (Pa-

gani 2014). Therefore, the carbon isotopic signature of the alkenone is deter-

mined by the isotopic signature of the substrate; δ13CCO2. Additionally, the

isotopic fractionation of carbon inside the cell is determined by the enzymes

involved. The understanding of the associated fractionation with the respec-

tive enzyme is also crucial to understand ε f , which is necessary for alkenone

based pCO2 reconstructions (Pagani 2014). ε f estimates for paleoclimate re-

constructions usually range between 25 and 28h (Pagani et al. 1999a; Seki

et al. 2010; Pagani et al. 2011). The diffusion of CO2 into the cell is based

on the principle of diffusion of CO2 in C3 plants (Farquhar et al. 1989; Pagani

et al. 1999a), and is expressed as:
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CO2(e)

k1
EGGGGGGGGGGC

k−1

CO2(i)

k2
GGGGGGACorg

CO2(e) represents external CO2, CO2(i) the internal CO2(aq), and k1,k-1 and k2

are the rate constants for the CO2 fluxes involved (Pagani 2014). The principle

enzyme involved with carbon fixation in coccoliths is the subform ‘Rubisco

ID’ (Pagani 2014; and references therein). A recent analysis of this enzyme

has shown that it only accounts for a maximum fractionation of 11h (Pagani

2014; and references therein), which is in stark contrast to the established 25-

28h fractionation found by Goericke and Fry (1994) and applied in alkenone

pCO2 studies (Pagani et al. 1999b; Seki et al. 2010). Currently, no process

is known that would remove additional 13C from coccolithophores, in order

to reach a photosynthetic fractionation factor (εp) of 7-25h, as established

in paleoclimate and batch culture studies (Bidigare et al. 1997; Pagani et al.

1999a; Riebesell et al. 2000; Rost et al. 2002; Pagani 2014). Batch cultures and

chemostat experiments have shown that alkenone 13C is not always determined

by CO2(aq), but also by irradiance (Rost et al. 2002), cell size (Burkhardt S;

Riebesell 1999), cell geometry (Popp et al. 1998) and growth rates (Riebesell

et al. 2000). Furthermore, the b-factor is calibrated to modern ocean [PO3−
4 ]

and therefore does not necessarily reflect ancient ocean [PO3−
4 ], affecting the

alkenone paleobarometry. Thus, when alkenones are used for estimates of an-

cient pCO2 concentrations, b and ε f need to be carefully evaluated, since they

exert the largest control on the reconstructed outcome. Furthermore, growth

rates should be constrained in order to enhance the fidelity in the alkenone
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paleobarometry method. No study so far has constrained growth rate and cell

size and the subsequent impact on the alkenone paleobarometry.

Paleosalinity Recently, the δD variations in C37 alkenones were used to re-

construct salinity changes in a variety of marine settings (van der Meer et al.

2008; Kasper et al. 2014; Warden et al. 2016). The concept behind the utiliza-

tion of organic hydrogen is that it functions as proxy for the δD composition

of the source water at the time of photosynthesis (Sachse et al. 2012; and ref-

erences therein). Indeed, δD signatures of biolipids are offset, but highly cor-

related with δD of the source water (Chikaraishi and Naraoka 2003; Sachse

et al. 2006; 2012). Culture studies by Schouten et al. (2006) have shown that

the deuterium isotopic signature of alkenones changes by 3-4h per salinity

unit. The correlation between salinity and the alkenone hydrogen isotopic sig-

nature is attributed to restricted exchange with extracellular water at higher

salinity, increased production of osmolytes, or lower growth rates at higher

salinity (Sachse et al. 2012; and references therein). As for the 13C signa-

ture, alkenone δD signatures also seem to be influenced by the growth rate:

Schouten et al. (2006) found the best correlation for the fractionation between

alkenones and salinity when growth rates were divided by salinity. Chivall

et al. (2014) studied the effect of salinity and growth phase on the hydrogen

isotopic composition, and found a reduced sensitivity of the fractionation fac-

tor αalkenone−water to salinity after the exponential growth phase. Presently, the

predominant growth phase of haptophytes is unknown and this also applies to
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the geological past, which adds the factor growth phase as uncertainty to this

paleosalinity proxy. Furthermore, the alkenone distribution influences their

hydrogen signature: a differential hydrogen isotopic fractionation occurs be-

tween differently unsaturated alkenones (van der Meer et al. 2013). The best

explanation seem to lie within the biosynthesis of these alkenones: the C37:3

alkenone is formed by desaturation of the C37:2 alkenone, which will lead to a

D-depletion of the C37:3 alkenone (Chikaraishi et al. 2004; van der Meer et al.

2013). Subsequently, it was suggested to conduct a combined measurement

of C37:2 and C37:3 alkenones for sea surface salinity reconstructions. In con-

trast to UK′
37 a shift in alkenone producing species does not seem to hamper its

use as paleosalinity proxy (Warden et al. 2016). Irradiance also influences the

hydrogen isotopic composition of alkenones, the fractionation decreases with

increasing irradiance (van der Meer et al. 2015). However, this is not consid-

ered to be problematic for the use of alkenone δD as surface salinity proxy,

since haptophytes tend to bloom at high irrandiance levels close to the surface,

where irradiance is relatively high and constant (van der Meer et al. 2015).

Obviously, the application of alkenone δD as salinity proxy is relatively novel,

and caution should be exercised when interpreting these records, with a special

focus on alkenone distributions (van der Meer et al. 2013), and growth phases

(Chivall et al. 2014).
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Isoprenoid glycerol dialkyl glycerol tetraethers

An alternative proxy to reconstructing SSTs is the Tetraether index of Tetra-

ethers consisting of 86 carbons (TEX86) proxy which is based on the relative

abundance of isoprenoidal Glycerol Dialkyl Glycerol Tetraethers (iGDGTs) in

marine sediments (Schouten et al. 2002; Fig. 1.3). Unlike UK′
37, the biomark-

ers used for TEX86 are produced by a large range of Archaea, not just Thau-

marchaeota which are assumed to have the largest influence on TEX86. This

vast array of GDGT producers makes environmental effects on this tempera-

ture proxy much more difficult to constrain (Schouten et al. 2013; and refer-

ences therein). The relative distribution of isoprenoidal GDGTs with differing

amounts (0–4) of cyclopentyl moieties is thought to reflect ambient growth

temperature (De Rosa and Gambacorta 1988; Uda et al. 2001; Schouten et al.

2002; Zhu et al. 2016). The additional GDGT Crenarchaeol and its regio-

isomer contains an additional cyclohexyl moiety (Schouten et al. 2002). GDGTs

are membrane constituents of marine Thaumarchaeota which are ubiquitous

in the world’s oceans. Thaumarchaeota represent a substantial fraction of the

picoplankton, and are involved in ammonium oxidation and therefore proba-

bly play a major role in ocean nutrient cycling (Tierney 2014; and references

therein). Since Archaea are such versatile organisms, they successfully in-

habit every part of the ocean, from surface water to extreme environments.

It was found that Euryachaeota dominate in surface waters, while the marine

Thaumarchaeota, relevant for the TEX86 proxy, reside in the mesopelagic zone
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below the photic zone (Massana et al. 1997). Furthermore, Thaumarchaeota

can be divided into ‘shallow water’ and ‘deep water’ Thaumarchaeota, based

on the differences in ammonia monooxygenase (amoA) and geranylgeranyl-

glyceryl phosphate (GGGP) synthase, possibly affecting GDGT distributions,

and therefore the TEX86 outcome (Villanueva et al. 2015). While this observa-

tion agrees with the nitrifying trait of marine Thaumarchaeota, it clashes with

the idea that their relative GDGT distribution correlates best with tempera-

tures of the 0–100 m (Tierney 2014). Early into the TEX86 proxy development

this phenomenon was explained by rapid export of surface GDGTs to the sea

floor, which in contrast to their deeper produced counterparts are incorporated

into faecal pallets and therefore sink faster (Wakham et al. 2003). An alter-

native explanation for the correlation between GDGT distribution and SST is

provided by Tierney (2014): temperatures at 100 m are closely correlated to

SST, thus TEX86 records SST changes over time merely due to this close re-

lation. Reconstructions of SSTs using TEX86 show that it records changes

in SSTs, but there are also studies where TEX86 seems to record subsurface

temperatures, especially in upwelling regions (Tierney 2014; and references

therein). To date, it is not possible to resolve the effect of surface dwelling

Euryarcheota on the sedimentary GDGT record. Since marine Thaumarcheota

are most active when no other phytoplankton blooms are active (Wuchter et al.

2005; 2006), their productivity peak should result in a seasonal SST record.

However, most sediment trap studies and paleoclimate reconstructions find

good agreement with annual SSTs (Yamamoto et al. 2012; Turich et al. 2013;
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Chen et al. 2014). Recently, some studies have shown that marine Thaumar-

chaeota react sensitive to the redox state of the water column (Qin et al. 2015;

Zhu et al. 2016). These ecological characteristics of marine Thaumarcheota

would obviously have an impact on TEX86 and its calibration to sea surface

temperatures.

Since their discovery as potential SST proxy, various calibrations of GDGTs

against SSTs have been proposed (Tab. 1.2). Furthermore, Tierney and Tin-

gley (2014) provided a Bayesian regression model for TEX86, to assess the

spatial relationship between GDGTs and SSTs. However, rather than a new

calibration, this Bayesian model is a re-assessment of existing calibrations.

Calibrations used for this study include the calibration by Kim et al. (2008),

who established a linear TEX86 calibration (Eqs 1.12, 1.13) based on a global

data set of core top samples.

TEX86 =
GDGT-2 + GDGT-3 + cren′

GDGT-1 + GDGT-2 + GDGT-3 + cren′
(1.12)

SST(±1.7 ◦C) = −10.78 + 56.2 × TEX86 (1.13)

Furthermore, Kim et al. (2010) developed an exponential TEX86 proxy as

expression for oceans with an annual sea surface temperature of≤15 ◦C, TEXL
86,

and the respective calibration equation 1.15:

TEXL
86 =

GDGT-2
GDGT-1 + GDGT-2 + GDGT-3

(1.14)
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Table 1.2.: Overview of different global TEX86 calibrations, compiled by Tier-
ney (2014)

Study Equation Error(◦C)

Schouten et al. (2002) TEX86=0.0158T+0.28 N/A
Kim et al. (2008) T=-10+56.2×TEX86 1.7
Liu et al. (2009) T=50.475-16.332×(1/TEX86) 3.7
Kim et al. (2010) T=49.9+67.5×TEXL

86 4
Kim et al. (2010) T=38.6+68.4×TEXH

86 2.5

SST-L(±4.0 ◦C) = 67.5 × log TEXL
86 + 46.9 (1.15)

Kim et al. (2010) also established a TEX86 expression, for oceans with an

annual sea surface temperature of ≥15 ◦C, TEXH
86, and the respective calibra-

tion equation 1.17:

TEXH
86 =

GDGT-2 + GDGT-3 + cren′

GDGT-1 + GDGT-2 + GDGT-3 + cren′
(1.16)

SST-H(±2.5 ◦C) = 68.4 × log TEXH
86 + 38.6 (1.17)

These calibrations are established by correlating the relative GDGT distribu-

tion with overlying SSTs. This approach captures the full range of the living

conditions of Thaumarchaeota and the associated uncertainty, which makes

the respective calibration applicable, even on geological time scales (Tier-

ney 2014). Examining the spatial distribution of the residual error shows that
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TEXH/L
86 derived SSTs tend to underestimate tropical SSTs, while polar SSTs

are usually overestimated. Tierney (2014) attributes this latitudinal bias to the

biogeochemical variability affecting GDGT production. This bias of TEX86 is

possibly not meaningful during geological times when the continental config-

uration was different from modern times. On the other hand, the calibration

of modern-day SSTs to GDGT distributions might not be applicable to the

past (Tierney 2014). Based on these uncertainties, it is not a straightforward

decision which of the proposed calibrations (Tab. 1.2) are suitable for paleocli-

matic reconstructions. These uncertainties are presently difficult to constrain.

The newly proposed sensitivity to the redox state of the water column (Qin

et al. 2015; Zhu et al. 2016), as well as genetic control on depth-related GDGT

production (Villanueva et al. 2015) show that a better understanding of the

ecology of marine Thaumarchaeota is required.

Isoprenoidal GDGTs derived from soils and delivered to the oceans via flu-

vial processes can bias TEX86 (Weijers et al. 2006b; Schouten et al. 2013),

and the contribution is expressed as branched versus isoprenoid tetraether in-

dex (BIT, Eq. 1.2) (Hopmans et al. 2004). The cut-off point for TEX86 SSTs

not biased by soil derived GDGTs lies at a BIT value of 0.3. However, Tierney

(2014) points out that BIT is a non-linear proxy for soil input and sensitive to

absolute changes of Crenarchaeol and branched GDGTs, thus the cut-off point

for BIT will depend on the soil type and varies from basin to basin. Thus, even

with a BIT larger than 0.3 TEX86-SSTs can still be reasonable (Schouten et al.

2013).
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Figure 1.3.: Isoprenoidal GDGTs used for calculation of TEX86
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Thermal maturity of the sediment affects the GDGT abundance, and thus

biases TEX86 towards colder temperatures (Schouten et al. 2004). The im-

pact of thermal maturity on GDGTs can be measured. Thermal maturity of

a sediment can be established by studying the stereochemical characteristics

of hopanoids, for example the racemic mixture or the 17β,21β configuration

of hopanes (Seifert and Moldowan 1980). Schouten et al. (2004) established

that GDGTs start to disappear at 17α,21β(H)-hopane distribution of ≤0.5 (Eq.

1.18).
ββ

αβ + ββ + βα
(1.18)

Methanotrophic/metanogenic archea in the sediment can add in-situ pro-

duced GDGTs to the sedimentary record, biasing the TEX86 reconstructions

(Lipp and Hinrichs 2009; Zhang et al. 2011). To determine the influence of

methanogenic/methanotrophic archeal membrane lipids on the TEX86 ratio,

the GDGT-0/Crenarchaeol ratio (Inglis et al. 2015; Eq. 1.19) and the Methane

Index (MI) (Zhang et al. 2011; Eq. 1.20) can be used.

%GDGT-0 =
GDGT-0

GDGT-0 × Crenarchaeol
× 100 (1.19)

MI =
GDGT-1 + GDGT-2 + GDGT-3

GDGT-1 + GDGT-2 + GDGT-3 + Crenarchaeol + Cren′
(1.20)

Furthermore, Zhang et al. (2016) also proposed the Ring Index (RI) to as-
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sess the influence of non-thermal factors on the TEX86-SST record. The au-

thors argue that its more sensitive than the application of BIT or MI alone (Eq.

1.21). The RI is then used to calculate the difference from the modern TEX86-

RI relationship in order to assess non-thermal factors influencing TEX86 (Eq.

1.22). RIsample is the RI calculated with Eq. 1.21, and RITEX is calculated with

Equation 1.23. The cut-off point for RI lies at 0.3 (Zhang et al. 2016).

RI = 0 × [GDGT-0] + 1 × [GDGT-1] + 2 × [GDGT-2] + 3 × [GDGT-3]

+4 × [Cren] + 4 × [Cren
′

]

(1.21)

∆RI = RITEX − RIsample (1.22)

RITEX = −0.77 × TEX86 + 3.22 × TEX86
2 + 1.59 (1.23)

All these ratios help to constrain the fidelity of the produced TEX86 record,

but cannot account for the most important control on the TEX86 record, which

is the shift within the vast community of GDGT producers with changing en-

vironmental conditions.
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Figure 1.4.: Structure of a C35 17β,21β-hopane (17β(H),21β(H)-
pentakishopane), including numbering and ring labeling scheme

Hopanoids

Phytoplankton are the predominant primary producer in the marine realm (Ar-

rigo 2005). Amongst these plankton are: large eukaryotic algae, such as

diatoms, dinoflagellates and coccolithophores. But bacteria also contribute

significantly to the primary productivity in the oceans (Ourisson et al. 1979;

Ourisson and Albrecht 1992). Lipid biomarkers of certain algae and bacteria

can be used to track changes in the source of the organic matter deposited at

the sea floor. This method is suitable to track changes of the dominant pro-

ducer, for example a shift from diatoms to coccolithophores. Isoprenoids are

essential components of the cell membrane in eukaryotes and some prokary-

otes, e.g. as lipid membrane constituents. They are synthesized from the C5

building block Isopentyl diphosphate (IPP) (Bianchi and Canuel 2011). Iso-

prenoids are synthesized via the Bloch-Lynen (mevalonate (MVA)) or methyl-

erythritol-pathway (MEP) pathway (Peters et al. 2005). The MVA pathway is

used by animals, fungi and archaea (Bianchi and Canuel 2011). In this path-

way, IPP is synthesized from three molecules of acetyl-Coenzyme A (CoA)
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(Bianchi and Canuel 2011). The MEP is used by eubacteria, some algae and

land plants (Bianchi and Canuel 2011), and synthesizes IPP by the formation

of 1-deoxyxylulose 5-phosphate (DOXP) which is rearranged and reduced to

2-C-methylerythritol 4-phosphate (Bianchi and Canuel 2011). In both path-

ways, IPP is condensed and synthesized to squalene, the most important pre-

cursor for steroids (produced by plants and animals) and hopanoids (produced

by eubacteria) (Summons et al. 2006).

Hopanoids are widely distributed among bacteria and cyanobacteria (Ouris-

son et al. 1979; Summons et al. 1999; 2006), and belong to the class of triter-

penoids. They are usually comprised of four 6-carbon and one 5- or 6-carbon

ring (Fig. 1.4). They are possible phylogenetic precursors of the steroids

(Ourisson et al. 1979). The hopanoid synthesis differs from steroid synthe-

sis at an early stage. Instead of forming epoxysqualene as an intermediate,

the squalene-hopene cyclase enzyme catalyzes the conversion from squalene

to hopene in a single step (Reinert et al. 2004; Siedenburg and Jendrossek

2011). Like steroids, hopanoids can also be identified by using gas chromatog-

raphy (GC) and gas chromatography-mass spectrometry (GC-MS) techniques.

Although oxygen is not required for the hopane synthesis, the vast majority

of hopane producers are aerobic bacteria (Ensminger et al. 1972; Ourisson

et al. 1979; Ourisson and Albrecht 1992; Summons et al. 2006; and references

therein). The diagenetic steps from the functionalized hopanoid to the aliphatic

remains of the precursor include defunctionalization, and loss of carbon atoms

at the side chain (Ourisson and Albrecht 1992). Lastly, stereochemical char-
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acteristics of the hopanoids are modified, e.g. by changing the racemic mix-

ture of the C22 (Seifert and Moldowan 1980), or the 17β,21β configuration

(Seifert and Moldowan 1980). These stereochemical changes facilitate the use

of R/(R+S) or ββ ratios as thermal maturity indicators (Seifert and Moldowan

1980). Hopanes with 30 and less carbon atoms are thought to be derived from

diplopterol (Ourisson et al. 1979). Diplopterol is produced by a variety of ma-

rine as well as terrestrial organisms (Ourisson et al. 1979; Venkatesan 1988;

Prahl et al. 1992). The extended hopane series with more than 30 carbon

atoms is thought to be derived from the Bacteriohopanepolyol (BHP) pre-

cursor (Ourisson et al. 1979), and can sometimes be indicative of cyanobac-

teria (Ourisson and Albrecht 1992; Yamamoto and Watanabe 1995). Since

hopanes are synthesized by eubacteria, they serve as excellent biomarkers for

the presence of bacteria, and subsequently the depositional environment, i.e.

the 28,30-Dinorhopane and its precursor 28,30-Dinorneohop-13(18)-ene (Sin-

ninghe Damsté et al. 2014). Hopanoids can also serve as plant markers, e.g.

oleanane as marker for angiosperms. They thus provide useful tools for pale-

oenvironmental reconstructions.
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2. Methods

2.1. Bulk sediment parameters

All bulk sedimentary parameters were measured at the Max-Planck-Institute

for Biogeochemistry, Jena (Germany). To obtain total nitrogen data for site

U1425, the total carbon/total nitrogen (TC/TN) ratio was measured. The pro-

tocol for these measurements was modified after Verado, D. J., Froelich, P.N.

and McIntyre (1990). 10 mg of a sample were weighted into tin-cups. Addi-

tionally, 3×10 mg of a soil sample with known TC/TN ratios and 5 blanks were

measured with the samples. TC/TN ratios were determined using a Carlo Erba

NA-1500 analyzer. TOC measurements required 30 mg of sample weighted

into silver-cups. 3 drops of Milli-Q water were added to each sample to avoid

a strong reaction with the H2SO3 treatment. Removing inorganic carbon in

form of carbonates, 100 µl of freshly opened 6% H2SO3 were added to each

sample before they were dried at 60 ◦C for 12 hours. After this step, five times

of 120 µl 6% H2SO3 were added to each sample, before they were dried at

60 ◦C over the weekend. All samples were then re-packed into tin cups prior
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to TOC measurements using a Carlo Erba NA-1500 analyzer. Dependent on

the TOC content of each sample, 1.5–15 mg of sediment were weighted into

tin cups and treated with a total of 120 µl of 6% H2SO3 prior to analysis for

δ13Corg. The samples were stored at 60 ◦C for a few days prior to analysis on

a Delta C prototype IRMS (Finnigan MAT), coupled with an EA 1100. The

13C content of the analyzed bulk sediment was determined by measuring a lab

internal standard (Alj-3, caffeine) which is calibrated against Vienna Pee Dee

Belemnite (VPDB), along with the samples. Samples were run in duplicates

to determine the 1σ error.

2.2. Biomarker extraction and separation

Biomarker extraction and separation was performed at the University of Birm-

ingham, School of Geography, Earth and Environmental Sciences, following

an adapted protocol from Kawamura et al. (2003). Glassware and tools used

in this process, such as Pasteur pipettes, test tubes, round-bottom flasks, alu-

minum foil and spatulas were furnaced for 8 h at 450 ◦C in order to remove

organic contaminants.

2.2.1. Extraction and sulfur removal

Ground, freeze dried sediments (3–10 g, depending on availability) were ex-

tracted by ultrasonication. The samples were filled into a 30 ml test tube, and
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mixed with 20 ml Dichloromethane (DCM):Methanol (MeOH) (DCM:MeOH,

3:1, v/v). The samples were stirred, before they were ultrasonicated for 20

minutes, and then heated at 40 ◦C for 1 hour. To obtain the supernatant, the

samples were centrifuged at 3300 rounds per minute (rpm) for 3 minutes, be-

fore the supernatant was decanted into 100 ml tubes. In the subsequent steps,

only 10 ml of DCM:MeOH (3:1, v/v) were added to the sample, and the sam-

ples were not heated after ultrasonication. This procedure was repeated at least

three times or until the supernatant was colorless. The resulting total lipid ex-

tract (TLE) was concentrated using a Buechi Sycore connected to a Buechi

Vacuum Pump V-700, set to 40 ◦C, 250 rpm and a pressure of 850 mbar for

DCM and 200 mbar for Methanol. The concentrated TLE was transferred into

7 ml vials with a DCM:MeOH 9:1 (v/v) mixture and dried down to approxi-

mately 0.5 ml using N2. To remove sulfur from the samples, activated copper

chips were added to the TLE. In order to activate the copper chips, they were

first washed with 36% hydrochloric acid, then four times each with MeOH,

DCM and n-hexane. A few copper chips and 0.5 ml of DCM were added to

the TLE and stored for 24 hours. The TLE was then dried over Na2SO4 and

transferred into pre-weighted GC vials, using a DCM:MeOH 9:1 (v/v) mix-

ture. The TLE was dried under N2, weighed and stored in a fridge until further

analysis.
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2.2.2. Silica gel column chromatography

The TLE was separated into four fractions using silica gel (Si-gel) chromatog-

raphy. The silica gel was furnaced at 450 ◦C for eight hours in order to ac-

tivate it prior to every separation. 1 g (circa 4 cm) of Si-gel were filled in to

a pasteur pipette plugged with glass wool at the tapered end. The column

was conditioned with 4 ml of n-hexane. At the beginning of each fraction, the

TLE was redissolved in 4–5 drops of the respective solvent and given on the

column. The aliphatic/acyclic fraction were obtained in the first fraction, by

eluting with 4 ml of n-hexane. Aromatic compounds were eluted in the second

fraction, with 2 ml of hexane:DCM (2:1, v/v), the keto-fraction, containing n-

alcohols, sterols and alkenones was eluted with 4 ml of DCM, and the polar

fraction, containing GDGTs and fatty acids was eluted with 5 ml MeOH. All

samples were transferred into GC vials by using the respective solvent of the

fraction and then dried under N2.

2.2.3. Alkenone separation

Prior to isotopic analysis, alkenones require separation into a C37:2 and C37:3

fraction. For this purpose, the protocol published by D’Andrea et al. (2007)

was modified. The alkenone separation was achieved by using silver nitrate

(Ag-NO3+) impregnated silica gel columns. A pipette with 0.7 g of Ag-NO3+

impregnated silica was prepared, and wrapped in aluminum foil to avoid pho-

toreduction of the Ag-NO3+. The column was conditioned with DCM before
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200 µl of sample, redissolved in DCM were given onto the column. Subse-

quently, the column was washed with 3 ml DCM:ethyl-acetate (9:1, v/v) to

elute the C37:2-alkenone, and with 4.5 ml DCM:ethyl-acetate (7:3, v/v) to elute

the C37:3-alkenone. The rest of the compounds were eluted with 5 ml of ethyl

acetate. Every fraction was transferred into GC vials with the respective sol-

vent for each fraction and then dried under N2.

2.2.4. Clean-up of GDGTs

For the analysis of GDGTs, the dried polar fraction (MeOH) was dissolved in

500 µl of hexane:iso-propanol (99:1, v/v) and filtered through a 0.4 µm, 4 mm-

diameter polytetrafluorethylene (PFTE) filter prior to analysis using high-pressure

liquid chromatography/mass spectrometry (HPLC-MS) (Hopmans et al. 2000;

section 2.3.3).

2.3. Identification and quantification of

biomarkers

2.3.1. Gaschromatography and mass-spectrometry

Prior to analysis using GC and GC-MS, each fraction was redissolved in 100 µl

n-hexane and ultrasonicated, before 50 µl were taken out and filled into a

GC vial insert. A known amount (1–2 µg µl−1) of Behenic Acid Methy Es-
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ter (BAME, Sigma Aldrich, Figure 2.3) was added as an internal standard to

the aliphatic fraction. 1.5 µg µl−1 of C18-Ketone (Sigma Aldrich, Figure 2.4)

was added to the keto-fraction prior to analysis on the GC or GC-MS. Good

column working conditions on the GC and GC-MS were ensured by running

an external standard prior to every sequence and after every 10 samples (Figure

2.2). 10% of samples were remeasured to determine the 1σ error.

GC analysis was performed on an Agilent 7890B series gas chromatograph,

equipped with a 7639ALS Autosampler, a BP5-MS column (SGE Analytical

Science, 60 m length × 0.32 mm i.d. × 0.25 µm film thickness) and a Flame

Ionization Detector (FID). Hydrogen was used as a carrier gas. Compound

separation was achieved by using the following temperature program and in

constant flow mode: injection of 1 µl at 70 ◦C, subsequent heating to 120 ◦C

at 30 ◦C min−1 and then to 320 ◦C at 3 ◦C min−1 where the temperature was

held for 20 min. GC-Mass spectrometry was performed on an Agilent 7890B

series gas chromatograph coupled to an Agilent 5977A MSD with the same

autosampler, capillary column and temperature program as for the GC. Helium

was used as a carrier gas.

Hopane analysis was performed by running the GC-MS in selective ion

mode (SIM)-mode, using m/z 191, a characteristic fragment ion of hopanes

(Ourisson et al. 1979). To quantify the hopanes, a 17β,21β-hopane standard

(Sigma Aldrich) at concentrations of 1 mg ml−1, 0.5 mg ml−1, 0.3 mg ml−1 and

0.2 mg ml−1 were injected before every 10 samples (Fig. 2.1). Fernene and

Oleanene were both tentatively quantified by expressing the peak area of the
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Figure 2.1.: Calibration curve of 17β,21β-hopane (Sigma Aldrich) in order to
quantify hopanoids in U1425 samples, and fragmentation pattern
of the standard compound.

respective mass fragment relative to m/z 191. The identification of pentacyclic

triterpenoids is based on elution order, and mass spectra described in the lit-

erature and comparison to retention times (Moldowan et al. 1984; Ageta et al.

1987; Douka et al. 2001; Nytoft and Larsen 2001; Peters et al. 2005; Sinninghe

Damsté et al. 2014; Appendix A).

2.3.2. GC-irMS

The hydrogen and carbon isotopic signatures of n-alkanes and alkenones were

analyzed using an Agilent 7890A-GC interfaced with a GC5 Isoprime furnace

and an Isoprime 100 ration Mass Spectrometer. The furnace tube of the GC5

Isoprime was held at 850 ◦C for δ13C, and was filled with CuO. For δD the fur-

nace tube was filled with Chrome and was held at 1050 ◦C. A BP5-MS column

(SGE Analytical Science; 60 m length × 0.32 mm i.d. × 0.25 µm film thick-
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ness) was used. The same GC temperature program was used as for GC and

GC-MS analyses. All samples were analyzed against commercially available

n-alkane standards (A. Schimmelmann Standard B2 and B4, Indiana Univer-

sity, Eq. 2.1), following the ‘principle of identical treatment’ (Werner and

Brand 2001). These standards were analyzed in duplicates at the start of each

measuring sequence, and at the end. The comparison of ‘is’ (from the B2 or

B4 certificate) versus ‘actual’ (measured) values show no long- or short term

systematic offset. The long-term monitoring of the B2/B4 standard revealed

no indication of scale contraction, or concentration-effects. The isotopic com-

position of the n-alkanes as well as alkenones for both isotopic signatures,

δ13C and δD, was calculated by adding the difference between the true and

measured B2 or B4 standard from the measured sample (Eq. 2.2). The differ-

ence between the true and measured standards was recalculated for every 10

samples. All samples were measured in duplicates.

∆standard = δ13Ctrue−std − δ
13Cmeasured−std (2.1)

δ
13Csample = δ13Cmeasured + ∆standard (2.2)

2.3.3. HPLC-MS

GDGT analyses were performed at the Faculty of Earth Environmental Sci-

ences, Hokkaido University, Sapporo, Japan. The filtered polar fraction was

analyzed using HPLC-MS, with an Agilent 1260 Infinity coupled to a 6130
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Quadrupole LC/MS, equipped with Chemstation Software. The MS was run

in full scan mode. Injection volumes varied between 10–20 µl, and separa-

tion was achieved using a Prevail Cyano column (2.1 mm×150 mm, 3 µm film

thickness) at 30 ◦C. The flow rate was 0.2 ml min−1, isocratic with 99% hexane

and 1% 2-propanol for the first 5 minutes, followed by am linear gradient to

1.8% 2-propanol. The column was cleaned after each run, by back flushing

hexane:2-propanol (90:10, v/v) at 0.2 ml min−1 for 10 minutes (Schouten et al.

2007). A working standard was run after every 20 samples. 20 samples (10%)

were remeasured to determine the 1σ error.
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3. Location and geological

history of core site U1425

3.1. Core location and modern day setting

The Japan Sea, located between continental Eurasia and Japan, has a surface

of 1×106 km2and an average depth of 1350 m (Tada 2004). It consists of the

Japan Basin (3700 m deep), Ulleung Basin (2500 m deep) and the Yamato

Basin (2900 m deep). This study is based on core samples taken from ODP

Site 797 (Leg 127/128, depth: 2862 m) located in the Yamato Basin, and from

IODP Expedition 346, Site U1425 (depth: 1909 m) located on the slope of

the Yamato Rise. The Yamato Rise is a submerged continental remnant (Xu

et al. 2016), only 100 km to the north of Site 797. The Japan Sea is con-

nected to the Pacific via the Tsugaru Strait (130 m depth), to the East China

Sea (ECS) via the Tsushima Strait (130 m depth) and to the Okhotsk Sea via

the Soya Strait (55 m depth) and the Mamiya Strait (20 m depth). The only
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current flowing through the Japan Sea is the Tsushima Warm Current (TWC,

Fig. 3.1), which forms due to mixing of Kuroshio Current waters with the

East China Sea Coastal Water (ECSCW) at a rate of approximately 7:3 (Tada

2004). The TWC is split in three branches as it flows into the Japan Sea. The

most stable branch flows at depths of less than 200 m along the west coast

of Honshu Island. The second branch flows along the outer shelf of Honshu

Island, and the third branch flows along the Korean shelf. Both these latter

branches are unstable and strongly seasonal, with transport fluxes increased

in summer and close to zero in winter (Tada 2004; and references therein).

The branches merge again at the Tsugaru Strait, and a major part of the TWC

flows through the Tsugaru Strait into the Pacific, while a small amount con-

tinues to flow through the Soya Strait (Tada 2004). Furthermore, the Liman

Current (LC)/North Korean Cold Current (NKCC) flows southwards along the

coast of Russia, China and North Korea (Fig. 3.1), and across the Japan Sea.

Where the NKCC merges with the TWC, the subpolar front is formed and exits

via the Soya strait. Both sampling sites are located within the subpolar front,

whilst U1425 is also under the influence of the first branch of the TWC during

summer (Fig. 3.1).

Today, the Japan Sea is very well ventilated at all depths, which is due to

extensive open-ocean convection and brine rejection due to sea ice formation

(Talley et al. 2003; Tada 2004; Talley et al. 2006). The formation of the Japan

Sea Proper Water (JSPW) is a result of these processes, and it makes the Japan

Sea unique in generating its own deep-water mass (Tada 2004). The JSPW is
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Figure 3.1.: Japan Sea and its major oceanographic currents, the Tsushima
Warm Current (TWC-1; red) and its second and third branches,
the Tsushima Warm Current-2 and -3 (TWC-2, -3), Liman Cur-
rent (LC; blue) which becomes the North Korean Cold Current
(NKCC), the subpolar front (SPF, black), and the Oyashio Cur-
rent (OC, dark blue arrow). Also indicated is IODP 346 sam-
pling site U1425 (134.44◦E, 39.49◦N) and ODP 127/128 site 797
(134.54◦E, 38.616◦N). Gateways are labelled as Tsushima Strait
(Ta-S), Tsugaru Strait (Tu-S), and Soya Strait (So-S). The grey
line outlines the Japan Basin (JB), Yamato Basin (YB) and Ulle-
ung Basin (UB).
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present at depths below 300 m, and is characterized by a constant salinity of

34.06h and temperatures of 0.6 ◦C. As the formation of this deep water body

is heavily dependent on sea ice formation and the average residence time for

intermediate and bottom waters in the Japan Sea is 50-100 years, oxygen con-

tents in this deep water are depleted within a few decades (Tada 2004; Talley

et al. 2006; and references therein). In the context of climate change, dissolved

oxygen contents of these bottom-waters could be completely depleted within

the next 200 years (Talley et al. 2006).

3.2. Paleoceanographic history of the Japan

Sea

The Japan Sea is widely acknowledged as having evolved during back-arc

spreading (Otofuji et al. 1985; Iijima and Tada 1990; Ingle 1992). However,

Jolivet et al. (1994) argue, that the evolution of the Japan Sea is a combination

of back-arc spreading and the deformation of Asia due to the collision with

India, classifying the Japan Sea as a pull-apart basin. The early Oligocene

marks the timing of incipient opening of the Japan Sea, which was triggered

by crustal thinning and rifting in the northern part of the Japan Sea (Xu et al.

2016). During this early rift stage, non-marine volcanic/sedimentary deposits

are deposited in the Japan Basin (Xu et al. 2016). Seafloor spreading started

in the late Oligocene, and the south of the Japan Sea experienced expansion

58



during which the Yamato Basin and Ulleung Basin were formed (Tamaki et al.

1992; Xu et al. 2016). These basins reached lower bathyal depths rapidly

(Iijima and Tada 1990). Otofuji and Matsuda (1983) and Otofuji et al. (1985)

conclude that the clockwise and anti-clockwise rotation of SW- and NE-Japan

stopped at 12 Ma ago, marking the time of back-arc closure which continues

until present. Presently, the Japan Sea is in the stage of tectonic destruction

(Xu et al. 2016). At 10 Ma, the southern part of the Japan Sea was already

lifted above sea level, while the northern part remained below the sea surface.

This can be regarded as a paleo-bay stage of the Japan Sea (Fig. 3.2). The

Sakhalin Island, today separating the Japan and Okhotsk Sea, was not devel-

oped at 10 Ma. The southern Sakhalin Island, including northern Hokkaido

displays two distinct marine cycles: from the late Oligocene to early Miocene,

and from the mid-Miocene to Pliocene (Xu et al. 2016). Consequently, during

these times when the southern Sakhalin Island was submerged, the Okhotsk

Sea and Japan Sea were connected with each other, which should be consid-

ered when interpreting climate signals derived from sediments in the Japan

Sea. The marine cycles are interrupted by an abrupt phase of rapid uplift and

subaerial exposure during the early mid Miocene, possibly caused by strike-

slip motion (Xu et al. 2016). Rapid subsidence followed this phase at around

15 Ma, and the section reached 2000 m depth at 13 Ma (Xu et al. 2016). Since

the beginning of the Pliocene, the southern Sakhalin Island experiences uplift

again, causing the depositional environment to transform from bathyal sea to

shallow shelf deposits. Non-marine deposits appear during the Pleistocene,
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indicating the uplift of the Sakhalin and Hokkaido Islands (Xu et al. 2016;

Fig. 3.2). During this time, the proto-Tsugaru Strait also experienced shoal-

ing (Tada 1994). The fact that non-marine deposits appear relatively late in the

stratigraphy implies that only from circa 3.6 Ma on, the Japan Sea and Okhotsk

Sea were separated from each other (Xu et al. 2016). In the south of the Japan

Sea, the Tsushima land bridge blocked the inflow of the TWC from the mid

-Miocene through most of the Pliocene (Iijima and Tada 1990; Tada 1994; Fig.

3.2). During the late Pliocene, although the land bridge still existed, it is likely

that a shallow waterway opened temporarily through the Tsushima Strait. The

land bridge re-opened in the Pleistocene, but due to the shallow sill depth the

TWC can only enter the Japan Sea during sea level high stands (Tada 1994).

The shallow sill depth and the influx of the TWC had an impact on the ventila-

tion of the Japan Sea in the past. During glacial stages, the relative proportion

of the ECSCW increases, because the river mouths of the Yellow River and the

Yangtze River move closer to the Tsushima Strait during sea level low stands

(Tada 2004). In interglacials, already 40-70% of freshwater contained in the

ECS are discharged into the Japan Sea, during glacial stages this proportion

increases (Tada 2004). The result is the formation of a thick fresh water cap

on top of the water column (Tada 2004; Oba 1991). This density stratification

prevents the sinking of overlying water masses during the glacial stages, and

the Japan Sea becomes quickly starved in oxygen at intermediate and bottom

water depths (Tada 2004; Talley et al. 2003).
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Figure 3.2.: Evolution of the paleogeography of the Japan Sea and surrounding
islands, spanning a) 18-15 Ma, b) 12-7 Ma, c) 7-3 Ma, and d) 3-1.7
Ma. Grey shaded areas indicate paleoshorelines of land mass, red
arrows indicate paleo-warm currents, blue arrows indicate paleo-
cold currents. Star indicates sampling area. Tsushima Strait (Ta-
S), Tsugaru Strait (Tu-S). Grey outline indicates the Japan Basin
(JB), Yamato Basin (YB), and Ulleung Basin (UB). Star marks the
sampling sites. Maps modified after Kano et al. (1991).
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Figure 3.3.: Age model of spliced cores U1425 and 797. Black circles indicate
the ages for Site U1425, while black squares indicate the ages for
Site 797. Diatom datum levels of Site 797 were standardized to
the paleomagnetic reference time scale of Berggren et al. (1985)
(Koizumi 1990).

3.3. Age model of core U1425

Age models for both cores are based on the shipboard biostratigraphy (Tamaki

et al. 1992; Tada et al. 2015). The biostratigraphy from Site 797 was updated

for this study in order to combine the data from the cores at both sites and

convert all ages to the Neogene timescale of GTS2012 (Gradstein and Ogg

2012). Microfossils occurring in U1425 were looked for in Site 797. Where

diatom fossils were used as tracers, the first/last occurrences (FO/LO) from

Koizumi (1990) were then updated with FO/LO as found by Expedition 346.

Additionally, FO/LO of nannofossils in Site 797 were adjusted for the orbitally
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tuned FO/LO from Backman et al. (2012) and the age model for Site 797 was

subsequently recalculated. The re-evaluation of the age model for Site 797

allows the splicing of the data derived from Site 797 and Site 1425 (Fig. 3.3).
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4. Evolution of sea surface

temperatures in the Japan Sea

since the mid-Miocene - a

coupled organic temperature

proxy approach using UK′
37 and

TEX86

Abstract

The Japan Sea is regarded as a climate change hot spot, warming more rapidly

than other seas and oceans and is projected to warm another 3–6 ◦C by 2100.

This study presents the first Japan Sea derived sea surface temperature (SST)
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records, spanning the last 18 million years (Ma), from the mid-Miocene to the

Pleistocene using the unsaturated alkenone (UK′
37) and the tetraether (TEX86)

indices. Both records show a distinctive cooling trend over the last 18 Ma.

The good agreement between the data presented here, and proxy records from

the northern Pacific and the δ18O global stack of benthic foraminifera indi-

cates that the Japan Sea cooled in response to the global descent into to-

day’s ice house climate. Throughout the Pliocene/Pleistocene the TEX86 and

UK′
37 records show increasing temperature fluctuations at higher frequencies

than in the late Miocene. This change may be attributed to the progressive

dominance of 100 kyr Milankovich cycles that is also seen in the advent of

glacial/interglacial cycles. The sensitivity of the Japan Sea to eustatic sea level

change associated with glacial/interglacial cycles led to a restricted influx of

Tsushima Current warm water to the Japan Sea, and a concomitant expansion

of cold waters from the northern Japan Sea, leading to these stark temperature

fluctuations. This study provides important SST estimates for the Miocene and

Pliocene, the multi-proxy approach employed here aids the validation of the

observed SST trends. The observed climate deterioration, in agreement with

other SST records from the mid latitudes, was likely driven by globally operat-

ing climate mechanisms, perhaps decreasing atmospheric CO2 concentrations.
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4.1. Introduction

Global near surface ocean temperatures have risen by 0.13 ◦C per decade (Rhein

et al. 2013). The rise in sea surface temperatures (SST) has been attributed

to increased anthropogenic greenhouse gas emissions (IPCC 1990; Stocker

2013). In the Japan Sea, bordered by Japan, Korea and Eurasia an even

stronger warming trend has been observed, with winter SSTs increasing by

1.6–2.4 ◦C over the last century (Yamano et al. 2011). As a result, the Japan

Sea is regarded as a climate change hot spot, warming more rapidly than any

other seas or oceans (Hartman et al. 2013), with a further 3–6 ◦C warming

projected until 2100 (Kolstad and Bracegirdle 2008). With predicted temper-

atures 2–3 ◦C warmer than pre-industrial levels, many studies have focused

on the Pliocene as an analogue for projected climate change over the com-

ing 200 years (Robinson et al. 2008). However, Pliocene alkenone-derived

pCO2 estimates range from 300 to 400 ppm (Seki et al. 2010), and therefore

coincide with current CO2 levels between 1975 and 2016 (Stocker 2013). By

2100, atmospheric CO2 concentrations are predicted to reach 900–1000 ppm

under the ‘business-as-usual’ RCP8.5 scenario (Rhein et al. 2013). The most

recent geological analogue of similarly high CO2 concentrations was the Mid-

Miocene period, with reconstructed atmospheric CO2 levels between 400–850

ppm (Kürschner et al. 2008; Beerling and Royer 2011; Zhang et al. 2013).

Thus this study presents the first long-term SST record from the Japan Sea

spanning the last 18 million years, from the mid-Miocene to the Pleistocene.
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The SST records in this study are derived from two widely used and well

established temperature proxies, the alkenone unsaturation index (UK′
37) and

the tetraether index of tetraethers consisting of 86 carbons (TEX86) (Brassell

et al. 1986; Schouten et al. 2002). A key requirement for organic geochem-

ical temperature proxies is that they can be related to specific source organ-

isms. Ideally the precursor organisms should be ubiquitous and the proxy

calibrations should cover a wide temperature range. Brassell et al. (1986)

and Prahl and Wakeham (1987) proposed an unsaturation index (UK′
37), derived

from photosynthetic haptophyte algae, as an organic SST proxy. The relative

distribution of C37:2 and C37:3-alkenones produced by these haptophytes varies

with the ambient temperature, wherein the relative amount of the more unsat-

urated alkenone increases with decreasing temperature. The exact function of

alkenones within the cell is unknown to this day (Epstein et al. 1998; Eltgroth

et al. 2005). The depth at which haptophyte organisms produce alkenones is

limited to the photic zone habitat, which in the North Pacific and the Japan

Sea typically ranges between the sea surface and 100 m water depth (Lee and

Schneider 2005; Lee et al. 2011). However, alkenone-derived SSTs corre-

spond best to the first 10 m of the water column (Müller et al. 1998; Ohkushi

et al. 2003). Generally, alkenones reflect mean annual SST except in regions

with a shortened season for phytoplankton growth (Sikes et al. 2005; Conte

et al. 2006; Yamamoto et al. 2007; Versteegh et al. 2007).

An alternative proxy to reconstructing SSTs is the TEX86 proxy which is

based on the relative abundance of isoprenoidal glycerol dialkyl glycerol te-
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traethers (GDGTs) (Schouten et al. 2002). GDGTs are membrane constituents

of Archaea (Schouten et al. 2013; and references therein), but the main iso-

prenoidal GDGT source for the TEX86 proxy are assumed to be marine Thau-

marchaeota which are ubiquitous in the world’s oceans (Karner et al. 2001).

The relative distribution of GDGTs with differing amounts (0–4) of cyclopentyl

moieties is thought to reflect ambient growth temperature (De Rosa and Gam-

bacorta 1988; Uda et al. 2001; Schouten et al. 2002; Zhu et al. 2016). The

additional GDGT Crenarchaeol and its regio-isomer contains an additional cy-

clohexyl moiety (Schouten et al. 2002), and are also sensitive to temperature

changes. Although GDGTs are produced throughout the entire water column,

and TEX86 being sometimes affected by other environmental parameters than

temperature (Elling et al. 2015; Qin et al. 2015; Hurley et al. 2016), it has been

shown that TEX86 generally reflects SSTs (Wuchter et al. 2005; Yamamoto

et al. 2012; Turich et al. 2013; Chen et al. 2014). UK′
37 and TEX86 indices are

ideal tools for temperature reconstruction in the Japan Sea, as it lacks a well

preserved microfossil record that could otherwise be used for SST reconstruc-

tions (Tamaki et al. 1992). Both organic temperature proxies span a wide range

of temperatures, and because of their spatial and temporal occurrence in sed-

iments in the Japan Sea, facilitate the reconstruction of the SST trend in the

context of global climate change.

Generating paired SST data sets using these two methodologies provides in-

dependent paleothermometer estimates, while allowing an assessment of pos-

sible ecological or preservation biases on reconstructed SSTs that would not
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be possible with single-proxy studies. This approach aims at disentangling

the biological and ecological influences on the proxies from the climate sig-

nal itself. This study also considers the most likely driving mechanism for the

observed SST variations within the Japan Sea during the last 18 Ma. An im-

proved understanding of driving mechanisms for SST changes in the past may

in turn help to generate more accurate projections of the Japan Sea response to

ongoing anthropogenic greenhouse gas emissions.

4.2. Methods

The description of the sampling site, the age model, and the biomarker extrac-

tion procedure and analysis, can be found in Chapter 3 and 2 respectively.

4.3. Results

C37:2- and C37:3-alkenones were only detected at Site U1425, in sediments less

than 8 million years old (Figure 4.1). The C37:4-alkenone was detected in a few

samples, and the content (relative to the other alkenones) never exceeds 0.5%.

Summed C37:2- and C37:3-alkenone concentrations vary between 0.1–25 µg dry

sediment (DS). The reconstructed UK′
37-SSTs (Eq. 1.9, 1.10) vary between 8–

25 ◦C throughout the whole record. Late Miocene UK′
37-SSTs drop from 23 ◦C

to 16 ◦C. Pliocene and Pleistocene UK′
37-SSTs vary between 12–20 ◦C, and 9–

18 ◦C, respectively. The UK′
37-SST record displays a distinctive trend towards
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Figure 4.1.: Japan Sea SST records compared to (a) Tectonic and climate events during the
studied time interval (after Zachos et al. (2008): Himalaya-Tibet Plateau up-
lift/expansion (HTP), East Asian Monsoon (EAM) intensification, Antarctic Ice
sheet expansion (AIS), Northern Hemisphere Ice sheet expansion (NHIS)), (b)
δ18O benthic foraminifera stack (Zachos et al. 2008), (c) TEX86-SST with 1σ er-
ror (d) UK′

37-SST with 1σ error, (e) ∆SST, grey bar indicates combined calibration
error of 2.0 ◦C, (f) atm. CO2 reconstructions after Pagani et al. (1999a; green) and
Pagani et al. (2010; turquoise), Seki et al. (2010; dark blue), Beerling and Royer
(2011; purple), Foster et al. (2012; black), Zhang et al. (2013; grey), Martínez-
Botí et al. (2015; red), Hönisch et al. (2009; dark green), Bereiter et al. (2015;
yellow). Grey shades refer to mid-Miocene Climate Optimum (MMCO), late
Miocene cooling (LMC), mid-Pliocene Warm Period (m-PWP).
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colder temperatures from the late Miocene to present. Comparing the TEX86-

SST to UK′
37 shows elevated UK′

37-SSTs by 5 ◦C during the late Miocene (6–8 Ma)

and mid-to late Pliocene (2.5–4 Ma) (Figure 4.1).

GDGTs were detected in all samples, at Sites U1425 and 797. It is acknowl-

edged that the choice of a TEX86 calibration is very controversial, and subject

to a lot of uncertainty (Tierney 2014; and references therein). Therefore, the

TEX86 calibration of Kim et al. (2008) is used to discuss SST changes in the

Japan Sea. However, as shown in Fig. 4.2, there is virtually no difference

between TEX86 (Kim et al. 2008; Eq. 1.12, 1.13), TEXH
86 (Kim et al. 2010;

Eq. 1.16, 1.17), and TEXBayspar
86 (Tierney and Tingley 2014). For the period

between 10–18 Ma, the different calibrations are off-set by circa 2 ◦C but have

similar overall trends (Figure 4.2). At 6 Ma, TEXL
86-SSTs (Eq. 1.14, 1.15)

display a sharp temperature drop of 10 ◦C, which is not observed in the other

TEX86-SSTs records (Figure 4.2). The temperature difference between the

TEX86 records and TEXL
86-SSTs is observed for another 2 Ma, before temper-

atures are briefly similar at 3.5–4 Ma. Subsequently, the trends of the TEX86-

and TEXL
86-SSTs are similar, but the temperature difference increases once

again.

Overall, the reconstructed TEX86-SSTs ranged from 10–25 ◦C. Mid-Miocene

SSTs range between 20–25 ◦C, while late Miocene temperatures range be-

tween 14–22 ◦C. Pliocene temperatures range from 13–18 ◦C and Pleistocene

temperatures fluctuate between 9–17 ◦C. The TEX86-SST record displays a

general trend towards colder temperatures from mid-Miocene to Present. The
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Figure 4.2.: Comparison of TEXH
86-SST (red),TEXL

86-SST (blue) (both Kim
et al. (2010)), TEX86 (Kim et al. 2008; black), and Bayspar (Tier-
ney and Tingley 2014; green) calibrations applied to the GDGT
distributions in core U1425 and 797.

GDGTs in these samples may be influenced by soil derived isoprenoidal GDGTs,

in-situ sedimentary produced GDGTs, and/or variations in growth phase and

degree of oxygenation of the water column (Weijers et al. 2006a; Lipp and

Hinrichs 2009; Elling et al. 2015; Zhu et al. 2016). The BIT value (Eq. 1.2)

for U1425 and 797 ranges between 0 and 0.5 (Fig. 4.3a). The percentage of

GDGT-0 (%GDGT-0, Eq. 1.19) increases over the studied interval, from 24%

to an average of 50%. Peak %GDGT-0 of 70% and more occur during the

mid-Miocene (Fig. 4.3c). The methane index (MI, Eq. 1.20) varies between

0.1 and 0.2. Peak MI values of 0.6 in the mid-Miocene occur at the same time

as peak %GDGT-0 and BIT values (Fig. 4.3b). The ring index (Zhang et al.

2016; Eq. 1.21–1.23) varies between 0.1 and 1.6, and most ∆RI>0.3 fall into
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the mid- and late Miocene (Fig. 4.3d). Subsequently, data points with a high

BIT, MI and/or ∆RI were removed from the data set prior to interpretation.

The TEX86-SST record is derived from two spliced sediment cores, from Sites

U1425 and 797. There is no visible offset between 7–10 Ma (n=4 (797), n=25

(U1425)) where the samples of both sites overlap. Therefore it is hypothe-

sized that the splicing of the two sediment cores does not introduce artifacts

that might lead to a misinterpretation of the results.

4.4. Discussion

4.4.1. Fidelity of the TEX86- and UK′
37 temperature signal

Modern SSTs (1961-2004) at the drill Sites 797 and U1425 show large intra-

annual variability. The SST at Site U1425 is 7 ◦C in February (coldest month)

and 24 ◦C in August (warmest month), with a mean annual SST of 16 ◦C. SSTs

at Site 797 are 9 ◦C (February), 24 ◦C (August), and a mean annual SST of

17 ◦C (Japan Oceanographic Data Centre, JODC). SSTs in the Japan Sea are

thought to have been similar to today throughout the last 5000 years (Lee et al.

2003). The youngest sample at Site U1425 in this study is 3100 years old,

and considered a ‘surface/modern sample’. The UK′
37-SST of the modern sam-

ple (15 ◦C±0.4) is in good agreement with modern mean annual temperatures.

The TEX86-SST of the modern sample (16.3 ◦C±0.7) is also in good agree-

ment with the mean annual temperature. Therefore, the youngest parts of the
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TEX86- and UK′
37-SST records reflect mean annual SSTs in the Japan Sea. De-

spite the broad agreement between the TEX86- and UK′
37-SST records, it should

be kept in mind that both proxies are derived from different organisms. As a

consequence, it can be expected that each proxy reflects SSTs during a cer-

tain growing season (Müller et al. 1998; Herfort et al. 2006), although this is

usually a post-hoc assumption to explain the mismatch between SSTs and ex-

pected mean annual SSTs. Secondly, the depth habitat for Euryachaeota and

haptophytes differ. UK′
37-derived SST reconstructions usually reflect best the

temperature of the first 10 m of the water column (Müller et al. 1998; Ohk-

ouchi et al. 1999), while TEX86 derived SSTs can correspond to temperatures

of depths at around 40–150 m (Mollenhauer et al. 2015; Chen et al. 2016),

which is not acknowledged in the calibration (Ho and Laepple 2015) and there-

fore often causes erroneous SST estimates. These are important factors that

should be kept in mind during the interpretation of these SST records or when

comparing them to each other.

There are several factors that can affect the robustness of any TEX86 record

and understanding their role in creating potential biases in any SST recon-

struction is essential (Schouten et al. 2013). For example, a TEX86 record can

be influenced by non-thermal effects such as seasonality (Herfort et al. 2006),

water depth (Wei et al. 2011; Taylor et al. 2013; Hernandez-Sanchez et al.

2014; Villanueva et al. 2014), in-situ GDGT production in sediments (Lipp

and Hinrichs 2009; Zhang et al. 2011), sediment diagenesis (Schouten et al.

2004), and catchment-derived isoprenoid GDGTs from Thaumarchaeota liv-
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ing in soils (Weijers et al. 2006b; Tierney 2014). Thaumarcheota production

is highest in winter when no other phytoplankton are blooming, and conse-

quently a bias towards winter SSTs can occur in some basins (Herfort et al.

2006). TEX86-SSTs of this study, compared to observed SSTs, show good

agreement at the site suggesting that for the modern times, a seasonal bias can

be excluded. A sediment trap study from the North Pacific, relatively proxi-

mal from the Tsugaru Strait (Yamamoto et al. 2012), found the flux-weighted

TEX86 to remain constant with depth and corresponding roughly with mean

annual sea surface temperature, supporting the idea that surface water Thau-

marcheota derived GDGTs are preferably delivered to the sea floor (Yamamoto

et al. 2012). As a precautionary measure, seasonal biases for past periods can-

not be excluded.

The BIT index for the last 18 Ma shows generally low values, close to 0.1,

and in rare cases up to 0.2. This is below the the suggested threshold of 0.3

(Weijers et al. 2006b), and indicates no significant influence of soil-derived

isoprenoidal GDGTs on the TEX86 record. The exception is the mid-Miocene,

where BIT reaches peak values of 0.6. The MI varies around 0.2 for the studied

interval, and shows no clear trend over time. During the mid-Miocene, the MI

reaches peak values of around 0.5, which is above the 0.4 threshold suggested

by Zhang et al. (2011). Interestingly, a high MI occurs at the same time as peak

BIT values. The increasing trend in %GDGT-0 over the last 18 Ma is charac-

terized by a sudden spike in %GDGT-0 to up to 90% GDGT-0. This sudden

increase also occurs at the same time as increased BIT and MI values. Zhang
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et al. (2016) recently introduced the ring index (∆RI) to determine whether

factors other than temperature influence the TEX86 proxy. The authors sug-

gest the index is more sensitive than the application of other commonly used

ratios, such as the GDGT-0/Crenarchaeol (%) ratio, methane index (MI) or

BIT alone (Zhang et al. 2016). In this study, more than 86% of samples show

an ∆RI≤0.3. Samples with a ∆RI greater than 0.3 include the BIT, MI and

%GDGT-0 excursions discussed above. Subsequently, these excursions were

removed from the data set. Interestingly, not all samples with an ∆RI>0.3 in

this study are associated with a high MI, %GDGT-0 or high BIT. To avoid a

biased TEX86-SST record, all samples with a ∆RI>0.3 were removed from the

record, and most of these samples fell within the mid-Miocene (Fig. 4.3d).

The temperature offset between the TEX86- and TEXL
86-SST records from

6 Ma onwards is associated with a decrease of the GDGT-2/GDGT-3 ratio (Fig.

4.4). The GDGT-2/GDGT-3 ratio is a focus of ongoing debate as this ratio

changes significantly if water depth is either shallower, or deeper than 1000 m

at a sediment sample site (Wei et al. 2011; Taylor et al. 2013; Villanueva et al.

2014; Kim et al. 2015). This depth related variation in the GDGT-2/GDGT-

3 ratio is thought to be gene-related (Villanueva et al. 2014), thus is used to

assess the contribution of deep-water dwelling Archea (Schouten et al. 2012;

Taylor et al. 2013). The GDGT-2/GDGT-3 ratio change can cause the TEXH
86-

index to overestimate (past) SSTs when samples are recovered from depths

shallower than 1000 m (Kim et al. 2015). Thus, care must be taken to correctly

interpret the TEXH
86-SST signal, so as not to confuse a summer-related warm
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bias with a depth-related warm bias. In this study, samples are derived from

at least 1900 m below the sea surface. Furthermore, the Yamato Basin formed

in the late Oligocene by extension of the south Japan Sea (Xu et al. 2016),

and rapidly subsided to lower bathyal depths (Iijima and Tada 1990), so that

a depth related warm bias can be excluded. The observed GDGT-2/GDGT-3

shift occurs at a time where the proto-Tsugaru Strait shoaled and sealed the

Japan Sea off from the open Pacific, followed by a productivity breakdown

for approximately 0.5 Ma in the Japan Sea (K. Horikawa, pers. comm.). Pri-

mary productivity seems to act as a primary modulator of GDGT distributions

in sediment trap studies (Yamamoto et al. 2012), with increased contribution

of deep water GDGTs when primary productivity is low (Yamamoto et al.

2012; Taylor et al. 2013). An increase in the GDGT-2/GDGT-3 ratio is there-

fore associated with a shift in export dynamics, and changes in this ratio are

a principal control factor on TEXL
86, since the GDGT-3 was removed from the

numerator (see Eq. 1.14), which is why this proxy reacts sensitive to changes

in GDGT-2/GDGT-3 and not the other TEX86 indices (Kim et al. 2010; Taylor

et al. 2013). For the Japan Sea, the observation of GDGT-2/GDGT-3 patterns

in relation to primary productivity is in stark contrast to the findings of the

aforementioned studies. The productivity breakdown did not increase but de-

crease the GDGT-2/GDGT-3 ratio, and subsequently TEXL
86 decreases too. It

should therefore be considered that the notion of a productivity induced con-

tribution in deep water GDGTs reflected in GDGT-2/GDGT-3 ratios is over-

simplified. The GDGT-2/GDGT-3 ratio changes can also reflect a shift in the
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Figure 4.4.: GDGT-2/GDGT-3 ratio for the studied interval, associated with
export productivity, and affecting the TEX86 records at depths
<1000 m.

Thaumarchaeota community, due to changes in nutrient availability or redox

state of the water column, which are also related to primary and export produc-

tivity, as recent studies have shown (Qin et al. 2015; Zhu et al. 2016). For the

Japan Sea it is argued that a change in redox conditions, caused by the uplift

of northern Honshu, altered the Thaumarchaeota community to such an extent

that it confounds the TEXL
86 based SST reconstructions. The effect of a change

in the redox state on the other TEX86 indices cannot be observed (Fig. 4.2).

To test for a potential cold bias of TEX86 induced by thermal maturation,

the total amount of C31-hopane isomers was calculated. On average, the

ββ/(αβ+ββ+βα) ratio of the C31(H)-hopane in all samples is 0.8, exceeding the

threshold of ≤0.5, indicating minimal impact of thermal maturation (Schouten

et al. 2004). The evaluation of potential biases shows that the TEX86-SST

record is not influenced by sedimentary diagenetic processes or water depth.
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A bias towards a production season, such as summer or winter, cannot be ruled

out with certainty. Nonetheless, it is concluded that the TEX86-proxy reflects

genuine temperature changes in the Japan Sea over the last 18 million years.

Factors that can influence the UK′
37-SST record include changes in the domi-

nant alkenone producers (Volkman et al. 1995), seasonality (Sikes et al. 1997),

salinity (Fujine et al. 2006), preferential degradation of the C37:3-alkenone

(Hoefs et al. 1998b), and nutrient dynamics (Eltgroth et al. 2005; Epstein

et al. 1998). The UK′
37-SST values are 5 ◦C higher during the late Miocene

(6–8 Ma) and mid-to late Pliocene (2.5–4 Ma) (Figure 4.1) compared to the

TEX86-SSTs. High (18–19 ◦C) UK′
37-SST have previously been reported during

marine isotope stage 2 (MIS2), during the last glacial maximum, in various

locations in the Japan Sea (Ishiwatari et al. 2001; Fujine et al. 2006). The

high reconstructed UK′
37-SST are attributed to a temperature/summer bias of the

dominant alkenone-producers Emiliania huxleyi and Gephryocapsa oceanica,

driven by intensified water column stratification during cold phases (Ishiwatari

et al. 2001). Intensified stratification can also be caused by low salinity, ev-

idenced by high concentrations of C34:2-alkenoate and C36:2-alkenone (Fujine

et al. 2006). In this study, neither the C34:2-alkenoate nor the C36:2-alkenone

were found, suggesting that low salinity is not the cause for the deviation of the

UK′
37-SST record from the TEX86-SSTs. Nutrient dynamics can also influence

the alkenone producers. Experiments show an increased UK′
37-SST under nutri-

ent stress (Epstein et al. 1998; Eltgroth et al. 2005). Nutrient concentrations in

Japan Sea surface waters are currently low (2 µmol kg−1 NO2, 0.06 µmol kg−1
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NO3, (Talley et al. 2004)) but still higher than the threshold used in Epstein

et al. (1998). While low nutrient levels cannot be excluded to have caused

some of the UK′
37-SST deviation from the TEX86-SST, nutrient constraints do

not seem to be a likely driver. This is evidenced by the good agreement be-

tween the youngest UK′
37-SST estimate and observed mean annual SSTs. Last

but not least, it is possible that the 5 ◦C off set stems from the different produc-

tion depths of the source organism, where alkenone producing haptophytes

reside higher in the water column than Euryarcheota (Müller et al. 1998; Mol-

lenhauer et al. 2015).

4.4.2. Long-term Sea Surface Temperature variability

throughout the Neogene

The stacked global marine δ18O benthic foraminifera record offers insight into

glacial ice volume, and intermediate to bottom-water temperature variability

(Zachos et al. 2001; Lisiecki and Raymo 2005; Zachos et al. 2008)(Figure 4.1).

The long term trend towards 18O enriched benthic foraminifera tests signifies

the continual global cooling and build-up of glacial sea ice in the southern,

and later in the northern hemisphere (Zachos et al. 2008). The TEX86- and

UK′
37-SST records reflect this long term decline towards the current ‘ice house’

climate (Figure 4.1). Overall, TEX86-SSTs decrease by over 10 ◦C from the

mid-Miocene Climate Optimum (MMCO) to the late Pleistocene. A similar

temperature decline is recorded by the UK′
37 proxy from 8 Ma onwards. There-
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fore, it is suggested that the long term Japan Sea SST decline is driven by the

same drivers that control the global cooling trend.

The comparison between Japan Sea SST and North Pacific SST records is

limited to the period from 13 Ma onwards, as there are no other available or-

ganic geochemical SST records spanning the interval 18 Ma to Present. Com-

paring the SST reconstructions of this study with SST reconstructions from

the Pacific (LaRiviere et al. 2012; Seki et al. 2012; O’Brien et al. 2014; Zhang

et al. 2014; Herbert et al. 2016) highlights that a temperature gradient of ap-

proximately 8 ◦C persisted across the low to mid latitudes until the end of the

mid Miocene (Figure 4.5). Throughout the last 13 Ma, Japan Sea and Pacific

Ocean SSTs exhibit the similar cooling trends. The mid-latitude SSTs de-

crease by 10 ◦C, to near modern values during the late Miocene cooling (LMC)

(7–5 Ma) defined by Herbert et al. (2016). The same LMC trend is observed

in the Japan Sea, from circa 22 ◦C to 13–14 ◦C, which is in the range of the

magnitude of cooling observed by Herbert et al. (2016). By the end of the

LMC, the temperature difference between low and mid-latitudes is as large as

15 ◦C. Temperatures increase again after the LMC, in the mid-latitude Pacific

as well as in the Japan Sea. Another cooling episode in the open Pacific and

Japan Sea is observed at the onset of the Northern Hemisphere glaciation, at

around 2.5 Ma (Figure 4.5). The cooling in the open Pacific ranges around

9 ◦C relative to modern values. In the Japan Sea, a similar decrease relative to

modern values is observed. The overall temperature gradient between the low

and mid-latitudes ranges now around 13 ◦C.
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Figure 4.5.: Comparison of SST records from the equatorial and mid-
latitudinal Pacific (LaRiviere et al. 2012; Seki et al. 2012; O’Brien
et al. 2014; Zhang et al. 2014; Herbert et al. 2016). Grey shades
indicate timing of mid-Miocene Climate Optimum (MMCO), late
Miocene cooling (LMC), mid-Pliocene Warm Period (m-PWP)
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Varying atmospheric CO2 concentrations are considered to be among the

most important drivers of Cenozoic climate change (Beerling and Royer 2011;

PALAEOSENS 2012; and references therein). However, there are still large

uncertainties regarding the reconstruction of atmospheric CO2 beyond the Plio-

cene (Beerling and Royer 2011). This is highlighted by the variable paleo-CO2

estimates from 18–5 Ma (Fig. 4.1). Several studies highlight the sensitivity of

the Japan Sea to variable CO2 levels (Krapp and Jungclaus 2011; Yamano et al.

2011; Herold et al. 2012; Rhein et al. 2013), which suggests greenhouse gas

forcing to be a driver for the observed long-term SST decline in the Japan Sea.

Recently, Bolton and Stoll (2013) attributed the onset of strong vital effects in

both the δ18O and carbon isotopes of large coccoliths as a response to limita-

tions on carbon uptake with lower surface ocean dissolved inorganic carbon

as atmospheric CO2 declines. Interestingly, this divergence starts to become

very pronounced in the late Miocene, close to the expansion of C4 plants, and

around the same time as the LMC (Herbert et al. 2016). Bolton and Stoll

(2013) suggest that terrestrial and marine photosynthesizers show adaptation

at a common pCO2 threshold of circa 500 ppm, and that a decline below such

a level caused the synchronous response of both photosynthesizers to this de-

cline. These findings would be the only and indirect evidence of a late Miocene

pCO2 decline from above 500 ppm to less than 500 ppm that is currently avail-

able. These results would point towards a decline in atmospheric CO2 concen-

tration instead of the increase reconstructed by Pagani et al. (1999b). In the

early Pliocene, warm SSTs match increased atmospheric CO2 levels, which
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is considered to reflect the high sensitivity of global climate to CO2 forcing

(Pagani et al. 2010). The Japan Sea SST cooling during the Plio/Pleistocene

shown in this study coincides with a further drop of atmospheric CO2, indi-

cating that SSTs were mainly driven by CO2 forcing throughout the last 5 Ma

Pagani et al. (2010) In combination with the findings of Bolton et al. (2016)

and Herbert et al. (2016), CO2 may have acted as a driver for the last 7 Ma at

least, by increasing the radiative forcing and the associated feed back mecha-

nisms (Lacis et al. 2010; PALAEOSENS 2012; Rohling et al. 2012; Caballero

and Huber 2013). Other climate drivers operating on shorter time scales af-

fecting the TEX86- and UK′
37-SST records are discussed below.

4.4.3. Short term SST variability

Over shorter time-scales (<1 Ma) Japan Sea SSTs trends deviate from the

global δ18O stack inferred global temperature decline, and from SST recon-

structions from other sites during the late Miocene and Pliocene (LaRiviere

et al. 2012; Seki et al. 2012; O’Brien et al. 2014; Zhang et al. 2014; Herbert

et al. 2016). These deviations can be explained by the dominance of local

climate drivers on Japan Sea SSTs, such as changes in the Asian continental

climate and tectonic changes affecting ocean current through flow.
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Influence of Asian monsoon on SST reconstructions

The East Asian monsoon system can exert control on SSTs in the Japan Sea

via the winter and summer monsoon. During winter, sea surface temperatures

cool drastically due to increased wind stress from the winter monsoon. This

should lead to a cooling signal in SSTs. During the summer monsoon, en-

hanced fresh water input via precipitation and increased discharge from the

Yellow and Yangtze Rivers, leads to the formation of a fresh water lens on the

Japan Sea, and the water column becomes stratified. This would be particu-

larly problematic for the application of UK′
37 (Warden et al. 2016), for which

the application is limited in less saline waters. Attributing SST changes to

a stronger winter or summer monsoon is not very straight forward; since the

winter monsoon is shown to intensify during times of low pCO2 and glacials

(Tada et al. 2016; and references therein), which already would be indicated

by comparatively colder SSTs. On the other hand, stronger summer monsoons

occur during times of higher pCO2 and interglacials (Hori and Ueda 2006;

Tada et al. 2016), which would be indicated by generally warmer SSTs (Lacis

et al. 2010; Caballero and Huber 2013). To pick up a seasonal signal (winter

or summer), the here applied SST proxies would have to respond to a certain

season, but such a bias was already excluded in the previous discussion. De-

tailed reconstruction of the Asian continental climate are best inferred from

loess deposits (Balsam et al. 2004) and Miocene red clays (Guo et al. 2002).

The dominant control on the alternating deposition of loess and paleo-soils is
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thought to be the strength of the Asian Monsoon. Xu et al. (2015) analyzed red

clays from the East Chinese Loess Plateau (CLP) and identified strong winter

monsoons at 5, 5.3, 8.0, 9.6 and 10.5 Ma, as well as a rapid enhancement of the

winter monsoon during the late Pliocene. They also found a strong summer

monsoon prevailing between 5.6 and 7.5 Ma. The enhanced monsoon episode

at 8 Ma is recognized in other paleoclimate records (Rea et al. 1998; Jia et al.

2012). The TEX86-SST record exhibits a temperature minimum at 8 Ma which

may reflect enhanced winter monsoons via surface cooling by strong winds.

However, there is no evidence in the form of enhanced surface cooling indi-

cating monsoon variations in the SST records during the other events described

by Xu et al. (2015). In contrast to TEX86-, UK′
37-SSTs show elevated tempera-

tures between 5.6 and 7.5 Ma (Fig. 4.1). One assumption is that an enhanced

summer monsoon led to excessive fresh water input into the Japan Sea and the

subsequent stratification of the water column caused high UK′
37-SSTs. However,

multiple studies point out that an intensified summer monsoon persisted until

approximately 4 Ma (Bai et al. 2009; Zhuang et al. 2014; Peng et al. 2016), and

so should have elevated UK′
37-SSTs. The lack of response of the Japan Sea SSTs

to a change in the Asian monsoon system could also be attributed to the rela-

tively broad resolution of the SST records, and only a higher SST resolution

could indicate such an influence.
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Influence of gateway changes on SST reconstructions

As mentioned beforehand, it is important to consider tectonic changes as drivers

for short term SST changes. Prior to 10.5 Ma, the Japan Sea was considered to

be a paleo-bay, before back-arc closure occurred. The northern Honshu Island

was still submerged, and the Japan Sea was able to exchange waters with the

open Pacific (Kano et al. 1991; Fig. 3.2). The Tsushima Strait connected Japan

to the proto-East China Sea, and the Tsugaru Strait in the North was also open

(Tada 1994). This allowed warm waters to flow into the Japan Sea from the

southern and eastern channel, and exit to the North (Tada 1994). During the

transition from the middle to the late Miocene (10–6.5 Ma), the Japan Sea was

tectonically quiescent (Iijima and Tada 1990), and the northern part of Hon-

shu only began to uplift at around 6 Ma, and was mostly completed at 4 Ma

(Kano et al. 1991). Only at around this time, colder waters from the Okhotsk

Sea could flow into the Japan Sea and influence the SST record. During the

LMC, the Japan Sea was still in exchange with the open Pacific, and thus the

LMC detected in the Japan Sea is not caused by cold Okhotsk Sea waters, but

is a sign of genuine cooling. The brief warmer period shown in the UK′
37-SST

record between 4.1–4.8 Ma is associated with a time of high sea level, where

warmer waters entered the Japan Sea briefly (Miller et al. 2005). Thus a com-

plex interplay of sea level, and tectonic change modulated Japan Sea surface

temperatures, and is reflected in the UK′
37-SST record.

The TEX86-SST record shows a similar temperature decline from 10.5 Ma,
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but only until 6.7 Ma. Subsequently, the TEX86-SST record diverges from

the UK′
37-SST record between 4.2 Ma until 6.7 Ma, and exhibits comparatively

warmer temperatures than UK′
37. The reason for the UK′

37-, TEX86-SST discrep-

ancy could be that the TEX86-SST signal may have been confounded by ar-

chaeal community shifts. Zhu et al. (2016) have shown that a changing redox

state of the water can have an influence on archaeal populations as reflected

in RI changes. Tada (1994) showed that the Japan Sea redox state shifted

from anoxic to oxic at circa 6 Ma (based on Org-C/Tot-S, Tot-S/Fe2O3, and

Fe2O3/Al2O3) where a decrease in fractional abundances of GDGT-1 and -2 is

observed (Fig. 4.6). This leads to a warm bias in the TEX86-SST signal. The

permanent oxic state prevailed until 2.5 Ma after which it started to fluctuate

again between oxic and at least anoxic (Tada 1994). The fractional abundances

of GDGT-1 and -2 recover from 4.5 Ma onwards suggesting that the TEX86-

SST signal could suffer from a warm bias between 4.5 and 6 Ma.

The TWC re-entered the Japan Sea after 3.5 Ma, via the reopening of the

Tsushima Strait (Tada 1994). The re-opening of the Tsushima Strait is re-

flected by a steep 6 ◦C UK′
37-SST increase. The Tsushima Strait was fully re-

opened from around 2.5 Ma, with an average sill depth of 130 m (Tada 1994).

This allowed the TWC to enter the Japan Sea and to leave it via the Tsugaru

Strait, but only during interglacial times (Oba 1991; Tada 1994; Kitamura and

Kimoto 2006). During glacial periods, eustatic sea levels were too low to al-

low TWC incursion via the Tsugaru Strait (Miller et al. 2005), and fresh water

input via the Yellow and Yangtze rivers dominated (Oba 1991). The forma-
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Figure 4.6.: Fractional abundances of GDGT-0,-1,-2,-3, and crenarchaeol. In-
dicated are also major tectonic and environmental events.
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tion of a fresh water lens lead to a strong stratification of the water column,

the subsequent heating of this fresh water lens in summer might have forced a

haptophyte bloom in summer, with subsequently warmer UK′
37-SSTs during this

time (Ishiwatari et al. 2001). This suggests that UK′
37-SSTs were more sensitive

to changes in surface currents, forced by tectonic changes in the late Miocene

to Pliocene, compared to TEX86-SSTs. Nevertheless, the longer term cooling

trend is consistent with the TEX86-SST record and the global deep-water δ18O

composite (Zachos et al. 2008) and other SST records from the Pacific (LaR-

iviere et al. 2012; Seki et al. 2012; O’Brien et al. 2014; Zhang et al. 2014;

Herbert et al. 2016).

4.4.4. Plio-Pleistocene variability

The reconstructed TEX86- and UK′
37-SSTs show increasing variability through-

out the last 2.5 Ma. This increased variability is mirrored by the global deep-

water δ18O composite (Figure 4.7), and is attributed to the increased influ-

ence of the 100,000 year eccentricity Milankovich cycles during the Plio-

cene/Pleistocene, and the concomitant intensification of glacial/interglacial cy-

cles (Hays et al. 1976). Unfortunately, the temporal resolution of the records

presented here is not sufficiently high to display the 41- to 100 kyr transition

for the Japan Sea. Subsequently, only a hypothesis for this variability can be

formulated: The average temperature fluctuation in the Japan Sea throughout

the Plio/Pleistocene ranges around 5–6 ◦C relative to the annual mean SST and
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most likely represents regional temperature changes amplified by eustatic sea

level change within the Japan Sea, as suggested by Tada (1994); Tada et al.

(1999). Crucially, the shallow Tsushima Strait (130 m) is the only way for the

TWC to enter the Japan Sea. During glacial cycles a drop in eustatic sea level

due to global ice sheet growth restricted the TWC from entering the Japan Sea

(Iijima and Tada 1990; Tada 1994). Subsequently, the subpolar front extended

further southwards into the Japan Sea (Iijima and Tada 1990). Without the

countervailing TWC, the extended polar front led to enhanced SSTs cooling

in the Japan Sea. In contrast, during interglacials the TWC can enter the Japan

Sea, and the consequent heating of the Japan Sea surface waters due to the

inflow of these warm waters is also recognized in SST proxies. The oscillation

between warm and cold surface waters indicated by the organic SST proxies

would also reconcile with micropaleontological studies by Koizumi (1992a;b),

who found diatom indicating warm and cold water surface conditions in the

Japan Sea over the last 0.8 Ma at least. The sensitivity of the Japan Sea to

eustatic sea level change (Tada 1994; Tada et al. 1999) then leads to larger am-

plitude glacial- interglacial cycles, as reflected in the UK′
37-, and TEX86-records.

93



Figure 4.7.: Variation of SST over the last 2 million years. The red squares
represent TEX86, and blue circles represent UK′

37

4.4.5. Changes in Japan Sea SST in comparison to

model data

Miocene

There are few fully coupled atmosphere-ocean general circulation model (GCM)

simulations of the MMCO climate state. For example, You et al. (2009) sug-

gest a net global surface warming of circa 3 ◦C, reaching 18 ◦C with atmo-

spheric CO2 levels of 460–580 ppm, using the Community Atmosphere Model

CAM3.1 and Land Model CLM3.0. Krapp and Jungclaus (2011) and Herold

et al. (2012) show that models are currently unable to reproduce the MMCO

warmth recorded by paleoclimate data. They compare their model data to
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vegetation-based air temperature, and UK′
37-, planktonic foraminifera δ18O-,

and bivalve Mg/Ca ratio derived -SSTs. Krapp and Jungclaus (2011) used

an atmosphere-ocean-biosphere GCM to reconstruct the meridional tempera-

ture gradient and subsequently compared the model results to continental and

marine temperature reconstructions. Herold et al. (2012) used the Community

Climate System Model 3 (CCSM3) to model ocean circulation during the Mid-

Miocene and compared the results to reconstructed sea surface temperatures.

You et al. (2009); Herold et al. (2012) and Krapp and Jungclaus (2011) model

temperature differences (MMCO–today) between 3–6 ◦C, while the TEX86-

SST difference reconstructed in this study is approximately 10 ◦C. The authors

(Krapp and Jungclaus 2011; Herold et al. 2012) attribute the model/proxy data

offset to a lack of understanding of the boundary conditions used in the mod-

els. For example, it is possible that greenhouse gas forcing was larger than

assumed. While the models cannot reconstruct the absolute temperature cor-

rectly, they do find high anomalous air temperatures over the Japan Sea (Krapp

and Jungclaus 2011), and high northwest Pacific SSTs (Herold et al. 2012), at

CO2 concentrations below 400 ppm. These findings are consistent with current

observations that the Japan Sea is a SST hot-spot.

Pliocene

Dowsett et al. (2013) modeled mid-Pliocene Warm Period (m-PWP, 3.3–3.1 Ma)

SST anomalies, and all of their PlioMIP models spanned a range of 1–5 ◦C
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mean surface warming for the Japan Sea, while proxy data showed little to no

warming (2 ◦C). The results of this study compare better to the climate model

of Dowsett et al. (2013) with a m-PWP anomaly of 4–5 ◦C.

4.5. Conclusions

In this study a robust multi-proxy SST record is presented, providing valuable

insight into the Neogene SST history of the Japan Sea. Overall, the findings

show that the Japan Sea is a suitable location to study global climate change

for the last 18 million years. Exhibiting a trend to colder SST towards the

Pleistocene, these temperature changes in the Japan Sea are in line with in-

dicators for global climate change, such as δ18O of benthic foraminifera and

reconstructed CO2 levels. Therefore, it is suggested that continually falling

CO2 levels throughout the Neogene are the main driver for the long term de-

cline of Japan Sea SSTs, as documented by the TEX86 and UK′
37 records. Su-

perimposed shorter-term changes in UK′
37 and TEX86 are likely due to tectonic

changes in the Japan Sea, involving the opening and closure of gateways and

thereby causing changes in the dominating water masses. Changes in the East

Asian monsoon climate do not show a meaningful control on the SST-records.

Throughout the Pleistocene/Pliocene, the TEX86 and UK′
37 records exhibit larger

temperature changes at higher frequencies than in the earlier part of the record.

These amplitude and frequency changes are hypotesized to be caused by the

Milankovich cycles. Resampling the record at a higher resolution is required
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to test this hypothesis. It is postulated that the Japan Sea SSTs are controlled

by the changing orbital configuration by restricted access of the TWC into

the Japan Sea and subsequently expanding of cold waters from the North of

the Sea. Due to the sensitivity of the record to changes in climate, the work

presented here can be used for climate modeling to improve the predicted im-

pact of global warming especially for the region around the Japan Sea. It is

a densely populated region, the increased available heat via increased SSTs is

a concern of public health (Patz et al. 2005), increased summer monsoon pre-

cipitation could increase thread of landslides (Petley 2010), posing economic

strain on the affected regions. Warm SSTs also have their effect on the habitat

of fish, threatening the food security of Japan (Uye 2008; Yamano et al. 2011).

However, the role of CO2 forcing on SSTs during mid- and late Miocene can-

not be resolved, as the respective proxies are either lacking sensitivity or other

greenhouse gasses than CO2, in example CH4 or N2O (Rohling et al. 2012)

played the major role in climate change during this time.
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5. Compound specific isotope

analysis of n-alkanes indicate

contributions of different

source areas to the Japan Sea

Abstract

The Japan Sea lies downwind of the westerly jet, and thus serves as an ideal

study area for the characterization of dust and n-alkanes derived from central

Asia. n-Alkanes can be used to reconstruct climate and vegetation changes

in central Asia in relation to the Himalaya-Tibetan-Plateau (HTP) uplift, by

measuring their stable isotopic signatures, δD and δ13C. Reconstructing the

evolution of the East Asian monsoon system and its subsequent changes in

relation with enhanced uplift of the HTP at approximately 8 million years is
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one of the big challenges in paleoclimate sciences, and one of the scientific

objectives of IODP Expedition 346. Here, a continuous record of n-alkanes,

deposited in the Japan Sea over the last 8 million years, is presented. By mea-

suring δD and δ13C of n-alkanes, changes in n-alkane source regions, and sub-

sequently precipitation regimes and atmospheric circulation strength, are elu-

cidated. Up until the mid-Pliocene, a single source signal of n-alkanes allows

an interpretation of the record in terms of climate change of the source area.

C4 plants expanded from 7.4–3 Ma, and the summer monsoon was stronger

than present, with a peak activity from 3–5 Ma. Associated with an enhanced

HTP uplift is the glacial-interglacial variation of n-alkane sources. During

glacials, n-alkanes are predominantly delivered by the strong winter monsoon,

as indicated by δ13C and δD signature of n-alkanes. During interglacials, n-

alkanes from the continental Asian margin are delivered to the Japan Sea by

the westerly jet. While this source alternation does not allow a reconstruction

of climate and vegetation change in the source areas, the identification of the

source area still allows a reconstruction of the glacial-interglacial variation of

atmospheric circulation systems, affecting the area around the Japan Sea.

5.1. Introduction

Higher land plants synthesize epicuticular waxes that form the protective layer

of leaves and stems (Eglinton and Hamilton 1967), preventing water loss due

to evaporation (Jetter, R., Kunst, L. and Samuels 2006). Long-chain n-alkanes
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(nC27- nC35), alcohols and fatty acids (Bianchi and Bianchi 1990; Rommer-

skirchen et al. 2006) are main constituents of this wax layer. n-Alkanes of these

plants are of odd-over-even predominance (OEP) with one or two preferably

produced n-alkanes (Eglinton and Hamilton 1967). These n-alkanes are read-

ily extractable from the sedimentary record, as the lack of functional groups

makes them resistant to degradation. Average chain length (ACL) distribu-

tions of n-alkanes serve as proxies for aridity or growing temperature (Rom-

merskirchen et al. 2003; Schefuß et al. 2003; Castañeda et al. 2009; Bush and

McInerney 2013). n-Alkanes carry a wealth of information about plant com-

munity structure, as C3 and C4 produce different n-alkanes of different chain

length (Rommerskirchen et al. 2006). Furthermore, these plants fractionate

CO2 differently (Farquhar et al. 1989), with consequences for their individual

carbon isotopic signature (Chikaraishi and Naraoka 2003; Chikaraishi et al.

2004). A more detailed discussion about the stable isotopic signature of n-

alkanes can be found in Chapter 1.3.1.

Leaf wax components of higher plants found in marine environments are

thought to be transported predominantly by winds and dust storms, where the

suspended dust particles scrapes the wax off the leaf surface (Simoneit 1977;

Schefuß et al. 2003) and considerable amounts of organic matter (Lepple and

Brine 1976) and plant wax (Simoneit 1977; Bendle et al. 2006; 2007) are trans-

ported in the fine fraction to remote ocean settings. Leaf wax components in

Japan Sea sediments are of continental Asian origin (Dersch-Hansmann 1994;

Ishiwatari et al. 1999; Yamada and Ishiwatari 1999; Kawamura et al. 2003; Ya-
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mamoto et al. 2011), and their variation in their molecular, and isotopic com-

position, and deposition therefore serves as an indicator of continental Asian

climate change, East Asian monsoon variability, and aridity. The main cause

for the desertification of central Asia is the Himalaya-Tibetan-Plateau (HTP)

uplift, which shields central Asia from inflowing moisture, leading to increas-

ing aridity of the Asian interior. The precise controls on the East Asian summer

monsoon are still debated, but in general it is accepted that during the summer,

the temperature difference between the HTP and the Indo-Pacific causes the In-

ner Tropical Convergence Zone (ITCZ) to shift northwards (Wang et al. 2005).

The shift of the ITCZ also pulls the moisture bearing south-east trade winds

from the southern hemisphere across the equator, where they are deflected by

the Coriolis force and start to flow as south-westerlies (Sampe and Xie 2010;

Fig. 5.1). Recently it was shown that the position of the westerly jet (WJ) axis

has a large influence on the East Asian summer monsoon (EASM) rain band

(Schiemann et al. 2009; Sampe and Xie 2010; Nagashima et al. 2011). The

westerly jets (polar jet, subtropical jet) form in response to the globally occur-

ring pressure belts, such as Hadley cell, Ferrel cell and Polar cell, and belong

to the strongest winds of the atmospheric circulation system. The HTP is un-

der the influence of the subtropical jet, which forms at the border of the Ferrel

cell and Hadley cell (at approximately 30◦N, Fig. 5.1). In spring, the westerly

jet occurs south of the HTP (Schiemann et al. 2009). During summer, the WJ

moves northward of the HTP and the rain belt associated with it moves accord-

ingly. The rain belt is continuously fed with moisture by the south-westerlies
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Figure 5.1.: Simple model circulation of the atmosphere and circulation cells. ITCZ=Inner
Tropical Convergence Zone (ITCZ), H=subtropcial high pressure zone, L=low
pressure zone of the mid-latitudes. H+L also indicate approximate position of the
jet streams.

flowing along the South China Sea (Sampe and Xie 2010; Fig. 5.2). The rain

belt then disappears, once the WJ is north of the HTP (Sampe and Xie 2010).

In winter the situation reverses, and the Siberian High brings strong winds and

dust storms blowing from the continents to the ocean (Wang et al. 2005; Fig.

5.2a). The uplift of the HTP is thought to play a major role in the evolution of

the East Asian monsoon system (An et al. 2001; Liu and Yin 2002; Lunt et al.

2010), although clear evidence of this is still lacking (Tada et al. 2016). The

most recent uplift of parts of the HTP at 3.6 Ma is thought to have caused the

WJ to flow in two discrete modes, therefore causing variations in the EASM

intensity especially during Dansgaard-Oeschger cycles (DOCs) (Tada 2004).

However, the paleo-position of the WJ over East Asia and the Japan Sea is

poorly constrained, and reconstructions are limited to the last glacial period

(Han et al. 2008; Nagashima et al. 2011).

Changes in the intensity of the East Asian monsoon are not only driven by
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(a) Mean surface winds in (m/s) across E-Asia during the winter (DJF)

(b) Mean surface winds (m/s) for the same area in summer (JJA)

Figure 5.2.: Seasonal surface winds for the Japan Sea area. Map generated via
NOAA/ESRL Physical Science Division, esrl.noaa.gov/psd
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changes in tectonic boundary conditions such as enhanced HTP uplift, but also

by orbital variations in the climate system (Hovan et al. 1989). This poten-

tial for a significant impact of the global climate state on the functioning and

strength of the Asian monsoon is important to constrain in order to estimate

the impact of future climate change on the monsoon. The isotopic signature

of n-alkanes deposited in the Japan Sea can reflect how their source region is

affected in terms of vegetation and precipitation, driven by the interplay of the

uplift of the HTP and changes in monsoon strength.

As a prerequisite for a successful environmental reconstruction using n-

alkane stable isotope analysis, the source area must be constrained in order

to further constrain the impact of environmental factors on the isotope records.

When interpreting the δ13C content of n-alkanes, the relative contribution of

angiosperms must be constrained, since angiosperms produce 13C enriched n-

alkanes compared to gymnosperms (Chikaraishi et al. 2004). Usually, δ13C

measurements carried out using nC29, -C31 or -C33. The latter two are pref-

erentially produced by C4 plants, while C29 is typical for C3 plants (Rom-

merskirchen et al. 2006). Thus first it must be established that environmental

effects have the same control on δ13C derived from the respective n-alkanes.

Furthermore, the transport mechanism for the n-alkanes must be the same,

so that measurements do not yield a biased source signal. All these poten-

tial effects on carbon isotopic signatures of n-alkanes from Site U1425 are

discussed in Section 5.4.2. Binary mixing models are usually applied to re-

construct past C3/C4 plant contribution, but these mixing models are based on
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modern-day end members. This exerts a critical point for the interpretation, be-

cause isotopic fractionation of plants changes with changing pCO2 (Schubert

and Jahren 2012; 2015), and the varying isotopic signature of CO2, δ13CCO2.

Thus, end members were likely not the same from the late Miocene to Present

(Kürschner et al. 2008; Seki et al. 2010; Tipple et al. 2010). Potential bias-

ing effects on the C3/C4 mixing model presented in this study are discussed in

Section 5.4.2. The application of n-alkane δD analysis also has its pitfalls, as

the δD value of the moisture source (marine or continental) influences the n-

alkane δD value (Mügler et al. 2010). Then, altitude, continental and amount

effect also can bias the δD value of n-alkanes (Sachse et al. 2012). To date, the

effect of aridity and evapotranspiration on the δD value of n-alkanes remains

controversial (Feakins and Sessions 2010; Thomas et al. 2016). Whether any

of these influencing factors are applying to the δD record presented here, is

discussed in Section 5.4.3.

Most studies on the Asian monsoon system are based on lake cores and soil

samples (Mügler et al. 2010; Xia et al. 2014; Zhuang et al. 2014; Peng et al.

2016). The main assumption in these studies is that the investigated n-alkanes

stem from the immediate area surrounding the sampling locality, and therefore

that the isotopic signature of these n-alkanes mainly records environmental

change, and not a change in source (locality and subsequently plant) signal.

However, the Tibetan Plateau represents an area of a complex interplay be-

tween four different important atmospheric circulation features: the Indian and

Asian monsoon, the westerlies, and the Siberian High (Araguás-Araguás et al.
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1998; Fig. 5.3). Associated with these circulation features is a different iso-

topic signature of the moisture they deliver. It is also known that n-alkanes can

be transported via low level winds over long distances (Simoneit 1977; Sche-

fuß et al. 2003; Bendle et al. 2006; 2007; Yamamoto et al. 2011). Some studies

have been carried out regarding the transport of terrestrial OM in aerosols to

the open Pacific (Zafiriou et al. 1985; Kawamura 1995; Kawamura et al. 2003).

n-Alkane distributions in aerosols are reflected in surface sediments, suggest-

ing that North Pacific deep-sea sediments are significantly influenced by terres-

trial higher land plant waxes (Kawamura 1995). With respect to the deposition

mechanism, wet deposition of particles seems to be dominating over dry de-

position (Zafiriou et al. 1985). Aerosol fluxes decrease from the west Pacific

to the central Pacific (Kawamura 1995), what is then transferred into the ocean

is then degraded settles down at the sea floor. During settling, low molecular

weight compounds undergo decomposition and remineralization (Kawamura

1995), while high molecular weight compounds are almost constant with depth

(Kawamura 1995). These refractory n-alkanes are then preserved in the sed-

iments over geological time scales. With respect to aerosol fluxes across the

Pacific, Kawamura et al. (2003) recognized a seasonal pattern: n-alkane fluxes

to open Pacific were high in winter and spring, presumably this reflects the

very strong westerlies where air masses were generated over Siberia and Asia.

During the summer air masses were generated over the central Pacific and

the Far East. These intraseasonal changes of the n-alkane source are also re-

flected in the ACL (Kawamura et al. 2003). When reconstructing past changes
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in the Asian monsoon system on the Tibetan Plateau, it is therefore unrea-

sonable to assume that a change in the deuterium isotopic signature only re-

flects a weak or strong summer monsoon, and that carbon isotopic signature

changes indicate vegetation changes at the site. Instead it is possible that deu-

terium isotopes in n-alkanes record alternating moisture sources instead of a

weakening/strengthening summer monsoon. It is also possible that n-alkanes

transported from remote sites to the sampling locality influence the observed

isotopic record, which may bias reconstructions of local vegetation changes.

Here, a continuous 8 million year n-alkane record from the Japan Sea is

presented. By measuring the δD signature of n-alkanes, changes in summer

monsoon dynamics and therefore precipitation will be elucidated. Further-

more, the results will be evaluated in the context of changing moisture sources

or changing source region. Carbon isotope analysis (δ13C) of n-alkanes is ap-

plied to reconstruct the vegetation change from C3 to C4 plants in the context

of continental climate change of the Asian interior. As for the deuterium iso-

topic record, changes in the δ13C signature will be interpreted in the context

of a changing source region. Additionally, the amount of n-alkanes will give

insight into expansion and contraction of deserts located across the westerly

jet path.
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5.2. Methods

The methods for standard analyses, such as the quantification of n-alkanes,

and compound specific isotope measurements can be found in Chapter 2.

5.3. Results

5.3.1. Carbon isotopic values of n-alkanes

δ13C values of nC29-alkanes and nC31-alkanes range between −29.1 h and

−32.5 h and −29.3 h and −33.4 h respectively and correlate well with each

other (R2=0.89, Fig. 5.4a). In the late Miocene a steep decline towards 13C de-

pleted nC29-alkanes from 7.9–7.2 Ma is observed (Fig. 5.5). Carbon isotopic

signatures range between −29.7 h and −31.8 h. After this excursion, nC29-

alkanes become increasingly more enriched from 7.2–3.2 Ma, when the δ13C

signatures reach −29.1 h. Subsequently nC29-alkanes become more 13C de-

pleted. This trend continues into the Pleistocene. Briefly after the onset of the

Pliocene, n-alkanes become increasingly enriched, from −31.7 h to −29.4 h

at 1.4 Ma. Since then, they have been more depleted, with values ranging be-

tween −31 h and −32 h.
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Figure 5.4.: Crossplot of (a) δ13C and (b) of δD of nC29 and nC31 to exclude
a plant community based bias introduced to the isotopic record,
by differently fractionating δ13CCO2 and δD of meteoric waters
during lipid synthesis.
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5.3.2. Hydrogen isotopic values of n-alkanes

δD values of nC29-alkanes and nC31-alkanes range between −154.9 h and

−242.7 h, and−168.4 h and−252.6 h respectively. They correlate very well

with each other (R2=0.92, Fig. 5.4b). In the late Miocene (6.7 Ma, Fig. 5.5),

a 20 h shift towards a deuterium enrichment is observed. For the rest of the

late Miocene, the isotopic signature remains relatively stable around −210 h

and continues to remain so until 4.8 Ma, after which n-alkanes become slightly

more depleted in deuterium. In the mid-Pliocene, at 3.4 Ma, δD values of nC29-

alkanes become increasingly enriched, peaking at 2.1 Ma with a δD value of

−187.1 h. During the Pleistocene from 2–0.1 Ma, the n-alkane isotopic signa-

tures fluctuate extremely, being the most depleted with −242.7 h and a rapid

recovery within 0.7 Ma to −178.1 h. 140 kyr later, n-alkanes are depleted in

deuterium again, with an isotopic signature of −237.9 h.

5.3.3. n-alkane concentration and ACL

n-alkane concentrations range from 0.2–8 µg/g ±0.2 µg/g dry weight sedi-

ment. Concentrations were low prior to 8 Ma (Fig. 5.11), but show an increase

at 8 Ma. After a brief interval of increased n-alkane concentrations, they de-

cline during the Pliocene, and only start to increase at approximately 4 Ma.

Large changes in amplitude of deposited n-alkanes are observed for the Pleis-

tocene, where concentrations frequently vary. Average Chain Length (ACL,

Eq. 1.1) ranges from 30.7 to 28.8. ACL shows a long-term decline for almost
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5 million years (Fig. 5.11), from the late Miocene to the end of the Pliocene.

After a brief excursion to 28.8 at 2.6 Ma, ACL rises quickly to approximately

29, and remains practically stable throughout the Pleistocene, with minor ex-

cursions towards shorter ACL at 0.2, 0.4, 0.6, 1.2 and 1.5 Ma.

5.4. Discussion

5.4.1. Source of sedimentary n-alkanes

There are two ways that detrital matter is delivered to the oceans: via flu-

vial or eolian transport (Simoneit 1977; Hedges et al. 1997). The ECSCW

water transports river outflow water from the Yangtze and Yellow Rivers into

the southern part of the Japan Sea by mixing with the Tsushima Warm Cur-

rent (TWC) (Ichikawa and Beardsley 2002). A sediment trap study at 1 km

depth indicates ‘old Asian’ terrigenous OM delivery to the Yamato Basin by

the TWC (Otosaka et al. 2004). Since this delivery was observed right after

the spring bloom, it is also possible that this fluxed was caused by decom-

posing opal particles (Otosaka et al. 2004). Furthermore, the Yamato Basin

also receives a small OM influx from the island arc during autumn and winter

(Otosaka et al. 2004). However, lateral transport of particulate organic carbon

in the Yamato Basin remains largely unconstrained (Otosaka et al. 2008). It is

questionable to which extent these observations are applicable to Site U1425,

which is located on a terrace behind Yamato Rise, which peaks at 500 m be-
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low the sea surface. The influx of island arc derived organic matter to Site

U1425 could be blocked or limited by the Yamato Rise. Given the findings

of Otosaka et al. (2004; 2008) n-alkane transport via the TWC is possible,

but only during times when the sea level was high enough to allow the TWC

to enter the Japan Sea (Chapter 4). Thus, n-alkane deposition by the TWC

is limited to interglacials during the Plio-Pleistocene (Iijima and Tada 1990;

Tada 1994). Prior to 2 Ma, a land bridge existed in the south of the Japan

Sea, effectively restricting inflow of any river or TWC, and therefore influx

of long-chain n-alkanes (Iijima and Tada 1990; Kano et al. 1991; Tada 1994;

Fig. 3.2). Two Japanese rivers have their outflow in to the northern Japan Sea,

which also enables n-alkane deposition from the islands to the sea. However,

given the direction of the TWC flow (Fig. 3.1), the influence of Japan de-

rived n-alkanes at the studied site should be rather low. Furthermore, northern

Honshu was only uplifted after approximately 6 Ma, thus these rivers had no

influence on the n-alkane record presented here. The Amur River discharges

into the Okhotsk Sea, which was connected to the Japan Sea up until 3.6 Ma

(Xu et al. 2016; Chapter 3). Today, the Amur River discharges its sediment

load outside the Mamiya Strait (Stax 1993), thus terrestrial organic carbon de-

rived from this area does not influence the Japan Sea from 3.6 Ma to Present.

n-Alkane accumulation rates remain low, and steady for the period from 4.5–

5 Ma (Fig. 5.11), which is a time where the Amur River discharged at a higher

rate into the Japan Sea (Matsuzaki et al., in prep). 68% of terrigenious fluxes

in the Yamato Basin were delivered by the Kosa (Chinese loess), the Japanese
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Figure 5.6.: Sketch of westerly jet and its proposed flowing paths in variation
with Dansgaard-Oschger-Cycles. Indicated too is the direction of
the East Asian winter monsoon, and desert regions of central Asia.
Figure taken from IODP proposal 605-Full2.

term for detrital matter delivered by the winter monsoon (Otosaka et al. 2004;

Kawamura et al. 2010). Therefore it is concluded that n-alkanes at Site U1425

are predominantly delivered by eolian transport pathways.

Substantial amounts of dusts from East and central Asia, especially from

the Taklimakan and Gobi Desert, reach the Japan Sea, due to the weakening of

the Siberian High in Spring and the resulting shift in air masses (Nagashima

et al. 2011). Although the WJ is still south of the HTP during spring, it is

meridional dispersed to such a degree that it frequently occurs in the North of

the HTP (Schiemann et al. 2009). This extension is the requirement for Gobi-

and Taklimakan Desert dust to be air lifted and deposited down wind of the

WJ, in the Japan Sea and the North Pacific (Rea et al. 1998; Nagashima et al.

2007b). Therefore, the Japan Sea receives varying contributions of dust from
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both deserts, which is dependent on the dominant wind as well as the aridity

of the source area (Nagashima et al. 2007a). Dust provenance changes are

recorded in the Japan Sea between interstadial and stadial periods (Nagashima

et al. 2011), with even Siberian derived dust appearing in some intervals (Na-

gashima et al. 2007b). The Asian winter monsoon, driven by the intensity

of the Siberian High, delivers substantial amounts of dust from Siberia to the

Japan Sea (Nagashima et al. 2007b; 2011), and, with the dust, potentially n-

alkanes. Indeed, Yamamoto et al. (2011) showed that n-alkanes in fresh Sap-

poro snow stem from Siberia. n-Alkanes detected at Site U1425 can thus stem

from two different regions: central Asia, delivered by the westerly jet, and

from Siberia, delivered by the winter monsoon. This source change must be

kept in mind during the interpretation of n-alkane derived climate records from

this region.

5.4.2. Changes in δ13C of terrestrial higher plants

The carbon isotopic signature of n-alkanes from higher plants is dependent on

the isotopic signature of atmospheric CO2, and affected by isotopic fractiona-

tion during the biosynthesis involved. Furthermore, C4 plants have been shown

to preferably produce longer-chain n-alkanes, such as nC31 and nC33 (Rom-

merskirchen et al. 2006), while C3 plants preferably produce nC29 (Vogts et al.

2009). Also, the 13C/12C ratio has been shown to differ within the homologous

series (Collister et al. 1994). Thus, the interpretation of the isotopic record
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based on just one n-alkane, i.e. nC29, can create a bias towards the particular

environmental sensitivity of C3 plants. A cross plot of δ13CC31 and δ13CC29

yields an R2 of 0.89, indicating that the source areas, source plants, and trans-

port mechanisms are the same for both n-alkanes. The following discussion

focuses on changes in δ13CC29 alone.

The carbon isotopic signature of CO2 varied over the last 8 Ma (Tipple et al.

2010), potentially biasing the record towards more depleted or enriched n-

alkanes. Since CO2 is the substrate for photosynthesis, its stable isotopic sig-

nature is propagated down to the lipid synthesis, therefore causing lipids to be

more enriched/depleted in variance with δ13CCO2. This creates a problem for

C3/C4 plant mixing models, as a bias towards more 13C enriched or depleted n-

alkanes will over- or underestimate C4 plant abundance, respectively. δ13CCO2

was reconstructed by Tipple et al. (2010), allowing the subtraction of the iso-

topic signature of CO2 (δ13CCO2) from the n-alkane carbon isotope records.

This enables a discussion of δ13CC29 that is not affected by variations in atmo-

spheric δ13CCO2 (εC29−CO2, Eq. 5.1, Fig 5.7). To fit the data of Tipple et al.

(2010) to the data presented here, the δ13CCO2 record was linearly interpolated

to derive age points corresponding to the record presented here.

εC29−CO2 =
δ13C29 − δ

13CCO2

δ13CCO2 + 1
× 1000 (5.1)

The δ13C isotopic signature of n-alkanes depends on the biosynthesis of

the source plant, with C4 plants having a more positive δ13C signature due to
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Figure 5.7.: (a) δ13C29 record corrected for the isotopic composition of CO2

(εC29−CO2), with analytical error (1σ). Black line indicates the 3-
point running average, the dashed line represents %C4 when the
end members of the mixing models are also corrected for δ13CCO2.
(b) δ13C29 record not corrected for δ13CCO2, with analytical er-
ror (1σ). The black line represents the 3-point-running-average of
δ13C29. The dashed line represents %C4 when the end members
are not corrected for δ13CCO2.
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their pre-concentration of CO2. This preconcentration give C4 plants an ad-

vantage in low CO2, hot and arid environments (Sage 2004). This results in

the observed isotopic difference between C3 and C4 derived n-alkanes with

δ13C values of -33.1h±2.3 and -21.7h±2.4 for C3 and C4 plants respectively

(Chikaraishi and Naraoka 2003; Chikaraishi et al. 2004; Rommerskirchen et al.

2006; Vogts et al. 2009). Within C3 plants, angiosperms display a higher iso-

topic fractionation than gymnosperms (Chikaraishi and Naraoka 2003). Since

the underlying driver for 13C variability in records of leaf wax n-alkanes is the

relative contribution of C3 and C4 plants, changes in plant community compo-

sition can be tracked with simple two end member mixing models (Schefuß

et al. 2003; Bendle et al. 2006; 2007; Vogts et al. 2012). The isotopic com-

position of C3 and C4 plant end members are assumed to be the modern day

isotopic values: -35.1h (C3), and -20h (C4) (global average compiled by

Bendle et al. (2007)). Using modern day end members creates a major cavity,

as under increased pCO2 n-alkanes are more depleted in 13C (Schubert and

Jahren 2012). Thus, in times of higher pCO2, end members were likely more

depleted in 13C than at present (Kürschner et al. 2008; Schubert and Jahren

2012). However, given the large uncertainties in pCO2 reconstructions, fitting

modern day end members to past CO2 levels is pure guess work. Therefore,

modern day global averages are being used. The end member mixing model is

calculated as followed:
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%C4 =
δ13Csample − δ

13CC3

δ13CC4 − δ
13CC3

(5.2)

with δ13CC3=−26.9 h and δ13CC4=−11.8 h, which are the end members

corrected for the CO2 effect, using Eq. 5.1. The δ13C values reported in this

study range between −29.1 h to −32.5 h for the uncorrected C29 record and

between −22.9 h and −26.07 h for the corrected C29 n-alkane record (Fig.

5.7). Both exhibit the same trends over time. The trend can either be attributed

to C3-plant change or to a change from C3 to a C3/C4 dominated vegetation.

The majority of measured isotopic signatures are in the range for C3 plants

(−31.6 h±1.7), but are higher than the established average (−33.1 h±2.7,

(Chikaraishi and Naraoka 2003)). It is possible that δ13C for the nC29-alkane

record presented here reflects changes within the C3 plant community, i.e. in-

creasing influence of gymnosperms over angiosperms. Gymnosperms frac-

tionate carbon at a lower rate, leading to a 13C enrichment in n-alkanes. In a

C3/C4 mixing models, these δ13C enriched n-alkanes would bias the model to-

wards an increased C4 plant abundance. However, pollen analysis by Ma et al.

(2005) and Jiang and Ding (2008) showed, that if anything, gymnosperms

such as Picea and Pinus were only abundant between 3.7–5.6 Ma, which cor-

responds to the interval of enriched δ13CC29. Gymnosperms also produce

much lower quantities of n-alkanes than angiosperms (Bush and McInerney

2013), and so should have less of an impact on the record. Finally, even when

gymnosperms are absent from the pollen record, n-alkanes show a continu-
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ous enrichment in 13C for a much longer period. Subsequently, the isotopic

excursions at 2.6 Ma, 1.5–1 Ma and 0.5 Ma are not in concert with conifer

expansion. On the basis of pollen data, this gymnosperm scenario can be ex-

cluded. Subsequently, changes in the carbon isotope record are interpreted

to reflect changes in the C3/C4 plant contribution. One example of this plant

community change is the global C4 plant expansion in the late Miocene (Cer-

ling et al. 1997) and their subsequent decline in the Pliocene. The C4-plant

expansion in continental Asia is somewhat ambiguous (Ding and Yang 2000;

An et al. 2005; Passey et al. 2009; Jia et al. 2012). An et al. (2005) described

reoccurring C4 expansions on the Chinese Loess Plateau (CLP) well into the

Pleistocene, although changes in CO2 as the main driver for this expansion

can be excluded (An et al. 2005). In some studies, the C4 plant expansion is

missing, or is recorded much later in the Pleistocene (Ding and Yang 2000;

Jia et al. 2012). The late Miocene C4 plant expansion is clearly visible in the

data presented here, with n-alkanes becoming increasingly more enriched in

13C. In the majority of literature, the C4 plant expansion is constrained to circa

8–4 Ma (Cerling et al. 1997). The onset of the C4 expansion, as well as the

magnitude of expansion agrees with the reconstruction of Quade and Cerling

(1995) and Cerling et al. (1997). The end of the major expansion phase, as

reconstructed in the Japan Sea agrees with the study results of An et al. (2005)

and Suarez et al. (2011). An end member mixing model was applied to both

data sets, δ13C of C29 n-alkane, and to the record corrected for the effect of

δ13CCO2 (Fig. 5.7). There were no changes in trends but in the total abun-
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dance of C4 plants. Overall, the contribution of C4 plants to the community

mix increases from 10 to 25% ±15% at 3.1 Ma, with a decline followed by

a peak in the mid Pleistocene, a pattern that is also seen in the data of An

et al. (2005) and Passey et al. (2009), increasing the confidence in the data

presented here. After another excursion in the Pleistocene, C4 plants decline

to about 10% ±15% which corresponds to the modern day value for the north-

west CLP (Sun et al. 2015). From 0–1 Ma, the variation between C4 and C3

plant abundance is clearest in the corrected record. Unfortunately the resolu-

tion is not high enough to test whether the variation is controlled by orbital

forcing (Zhang et al. 2003). Either way, this is an observation that would have

been overlooked in the uncorrected δ13CC29 record.

The Plio-Pleistocene variation between 13C enriched and depleted n-alkanes

suggest a signal from a region with more C4 or C3 plants respectively. De-

creases in C4 plant abundance across the Plateau during glacials were found

by Zhang et al. (2003), Vidic and Montanez (2004), and An et al. (2005) as re-

sponse to lower temperatures and altered precipitation pattern. In interglacials,

the pattern was reversed (Zhang et al. 2003; Vidic and Montanez 2004). Given

the complexity of factors affecting the HTP, the westerly jet path, the posi-

tion of the Siberian High, global cooling, and Asian monsoon evolution (Na-

gashima et al. 2007b; Tada et al. 2013; 2016), it should be considered that

the source of n-alkanes delivered to the Japan Sea was not constant over time.

Especially not from 3.6 Ma to Present, when the enhanced HTP uplift (Tada

et al. 2016; and references therein) and later enhanced Himalaya uplift altered
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Figure 5.8.: a) δ13C values of n-alkanes derived from U1425, b) Changes in
moisture source (δDprecip, black line) over the last 2.5 Ma, c) Plio-
Pleistocene n-alkane fluxes to the Japan Sea at Site U1425

the flow of the westerly jet (Tada et al. 2013), and a reorganization of atmo-

spheric circulation lead to an intensified winter monsoon (Tada et al. 2016).

The observed pattern leads to the formulation of the following hypothesis:

The alternating influences of the summer monsoon during interglacials and

the winter monsoon during glacials (Hovan et al. 1989; Hao et al. 2012; Wang

and Chen 2014). An intensified winter monsoon explains the 13C depleted n-

alkanes (-31 to -32.5h) in the Plio-Pleistocene record of U1425. Such 13C

depleted n-alkanes stem most likely from Siberia and northern China (Na-

gashima et al. 2007b; Yamamoto et al. 2011). Their occurrence during glacial

maxima strengthens the formulated hypothesis. In contrast, 13C enriched n-
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Figure 5.9.: Map of global C4 plant distribution, taken from Still et al. (2003).

alkanes (-30.5 to -29.5h) occur during interglacials, which suggest that these

are n-alkanes delivered from the continental Asian margin, where C4 plants are

abundant during interglacials (Zhang et al. 2003; Vidic and Montanez 2004;

An et al. 2005; Fig. 5.9). Therefore it is concluded that since the late Pliocene,

the Japan Sea receives n-alkane contributions from two different regions: from

the continental Asian margin during interglacials, and from Siberia/N-China

during glacials. It is difficult to prove whether the enhanced HTP uplift and

subsequent alteration of the westerly jet path, or changes in global climate

are the cause for such a source shift, because their relation to the Asian mon-

soon system is not properly understood (Tada et al. 2016). In contrast, the

long-term trend towards more 13C enriched n-alkanes from 7.4 Ma to 3.1 Ma

suggest steady influx from a single source, most likely the continental Asian

margin or central Asia, as the C4 plant expansion did not reach the high latitude

environments of Siberia (Passey et al. 2009).
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The δ13CC29 record presented here shows the late Miocene C4 plant expan-

sion from 7.4–3.1 Ma (Hovan et al. 1989; Cerling et al. 1997), and a signal

from two different sources from 3.1 Ma onwards. The record also highlights

the importance of accounting for the CO2 effect in order to not overestimate

the C4 plant contribution. The alternating input from 3.1 Ma onwards is caused

by the anti-phase behavior of the East Asian monsoon system in response to

glacial-interglacial climate variability: the winter monsoon intensifies during

glacials, while the summer monsoon is stronger during interglacials (Hovan

et al. 1989; Hao et al. 2012).

5.4.3. Changes in δD of terrestrial higher plants

Just as for δ13C of n-alkanes, focusing on just one n-alkane (C29 or C31) alone

can create a bias in interpretations based on δD, as a result of differential frac-

tionation in C3 and C4 plants (Wang et al. 2013). A cross-plot of both homo-

logues shows an excellent correlation of δDC29 and δDC31 (R2=0.92), again

indicating that the mechanism controlling the hydrogen isotopic signatures of

the two n-alkanes are the same. C29 is therefore suitable to use for the inter-

pretation of hydrological changes. δD signatures of bulk organic matter as

well as plant-wax components have been used in multiple studies to infer hy-

drological cycle variability, as their isotopic signature is thought to reflect the

isotopic signature of the source water (Sachse et al. 2006; 2012; and references

therein). This approach has been established as a robust proxy methodology
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for paleohydrology and paleoprecipitation (Liu and Huang 2005; Bai et al.

2009; Aichner et al. 2010; Sachse et al. 2012; Moossen et al. 2015).

The hydrogen isotopic signature of n-alkanes (δDn−alk) across the Tibet and

Chinese Loess Plateau (CLP) has been used to understand the varying intensi-

ties of the East Asian summer monsoon (Liu and Huang 2005; Aichner et al.

2010; Mügler et al. 2010; Bai et al. 2012; Zhuang et al. 2014), with lower

D/H ratios interpreted as representing humid conditions in the sampling area.

This is taken as an indicator for summer monsoon strength, despite the obser-

vation that n-alkanes from the HTP are influenced by a multitude of factors

(Liu and Huang 2005; Bai et al. 2009), such as aridity and elevation. However,

most studies neglect the fact that central Asia is an area where three important

atmospheric circulation features meet: the westerlies, Siberian High and the

Asian monsoon circulation (Araguás-Araguás et al. 1998). With these distinct

circulation features there is also a different isotopic signature of the source wa-

ter (Fig. 5.3). Maritime air masses derived from the Asian monsoon are more

depleted in deuterium than continentally derived air masses from the wester-

lies. The assumption that δD or δ18O of climate archives reflect Asian summer

monsoon strength is therefore too simplified. Only recently, studies began to

consider the differential contribution of different moisture sources and their

effect on climate archives (Clemens et al. 2010; Thomas et al. 2016).

Based on findings in Section 5.4.2, it is clear that the influx of n-alkanes

switched from a single source to at least two sources at around 3 Ma, coincid-

ing with the enhanced HTP uplift, reorganization of atmospheric circulation
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and global cooling. The δD signature of n-alkanes (δDn−alk) could provide

more information about their source region. The signature of δDn−alk is influ-

enced by the δD signature of the source water and environmental factors, such

as evaporation and aridity, expressed as fractionation factor εwax/water (Eq. 5.3).

Several studies use the εwax/water to assess the impact of these environmental

conditions on their records, i.e. Bai et al. (2009); Aichner et al. (2010); Zhuang

et al. (2014). In this study, the fractionation factor is used to reconstruct the δD

value of the source water (δDprecip). It is a reasonable approach, since εwax/water

varies across the HTP in a pattern that is not systematically coupled with arid-

ity (Hou et al. 2008; Feakins and Sessions 2010; Garcin et al. 2012; Tipple

and Pagani 2013; Gao et al. 2014; Liu et al. 2016), suggesting that aridity only

has a minor influence on εwax/water, and is therefore applicable to the geological

past (Zhuang et al. 2014; Thomas et al. 2016). Why there is no systematically

coupling is not known to date (Zhang et al. 2017).

εwax/water =
δDn−alk + 1
δDprecip + 1

+ 1 (5.3)

To calculate δDprecip, an εwax/water of -112.4h was used (Aichner et al. 2010;

Zhuang et al. 2014). Following the approach of Zhuang et al. (2014) the

δDn−alk and εwax/water were converted to δDprecip values, by rearranging Eq.

5.3, to reconstruct moisture contributions from different source areas (Figs

5.3, 5.10, 5.8). δDprecip varies between -45 and -145h over the studied time

interval. Annual weighted δDprecip of around -45h can be found around the
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Figure 5.10.: Record of U1425 δD of C29-n-alkane (black line) when con-
verted to δDprecip (blue line), which allows assessment of pre-
cipitation changes alone. Cross-shaded areas indicate tectonic
events, the partial uplipft of the TP at 3.6 Ma, and Himalaya up-
lift at approximately 8, and 1.8 Ma. Dashed black line indicates
onset of the northern Hemisphere Glaciation.

Japan Sea, East China Sea (ECS), and South China Sea (SCS), while δDprecip

of -145h and lower are found in Siberia (Fig. 5.3). The δDprecip record (Fig.

5.10) is complicated by the shift in deuterium isotopes associated with en-

hanced Tibetan Plateau uplift, which led to an increased drying of the Asian

interior (Peng et al. 2016). At around 3 Ma, a persistent shift towards more

deuterium enriched δDprecip is observed: from -110 to approximately −70 h.

Since the enhanced HTP uplift and/or global cooling would have led to the

opposite effect, a continuous depletion of deuterium of the source water, this

observed 40 h shift is attributed to enhanced drying of continental Asia. Thus

on the basis of δDprecip, it is concluded that less rain reached the source region.

Based on the assumption, that only the amount of precipitation has changed

and not the source region itself, the record spanning 3–8 Ma can be corrected

129



for this 40 h shift. This brings the deuterium record of δDprecip up to present

day Japan Sea, ECS/SCS values as the moisture source (Fig. 5.8). This recon-

structed moisture source is consistent with the theory that the monsoon rain

belt is continuously fed with moisture by the south-westerlies flowing along

the SCS (Sampe and Xie 2010; Fig. 5.2).

Consistent with the δ13C record of n-alkanes, the record points towards a

single source signal until approximately 3 Ma ago. The interval between 7.4–

3.1 Ma therefore allows the interpretation of a summer monsoon signal. Based

on δDprecip it is reasonable to assume that marine derived moisture source has

the largest control on the leaf wax lipids’ isotopic signature (δDn−alk) at this

time. There is a brief period of a rather weakened summer monsoon indicated

by δDn−alk from 6–7 Ma, before n-alkanes become more depleted in deuterium.

A temporary drying of central Asia for this time has also been observed by

Peng et al. (2016). Furthermore, D/H ratios are at their lowest between 4.6–

5.3 Ma, and 3.3–4 Ma, suggesting a period of a very strong summer monsoon,

which is in agreement with other studies (Passey et al. 2009; Suarez et al. 2011;

Peng et al. 2016; Zhuang et al. 2014; Xu et al. 2015).

Figure 5.8 shows the variation of the moisture source (δDprecip) over the

last 1.4 Ma. It is interesting to note that times of extremely depleted δDprecip

fall into glacial stages, while enriched δDprecip fall into interglacial stages.

13C depleted n-alkanes also fall into glacial stages, and coincide with deu-

terium depleted n-alkanes. Based on the δ13C signature of n-alkanes it is al-

ready established that n-alkanes with these signatures stem from the Siberian
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area. Furthermore, deuterium signatures of n-alkanes in the Okhotsk Sea sedi-

ments show similar isotopic signatures of approximately -240h (O. Seki, un-

publ.), and similar to n-alkane δD values measured in the high Arctic (Keisling

et al. 2017), strengthening the theory that n-alkanes delivered during glacials

are delivered from Siberia via strong winter monsoon winds. In contrast, n-

alkanes in interglacials are delivered from the continental Asian margin, where

there are more C4 plants, and the isotopic signature of the moisture source

(East/South China Sea) is recorded in the leaf wax. These n-alkanes are deliv-

ered into the Japan Sea during the summer, when the westerly jet resides at its

position at 40◦N (Schiemann et al. 2009), which is approximately on the same

latitude as sampling Site U1425.

The calculation of δDprecip facilitates the opportunity to look at precipitation

changes in the source area alone, at least between 3.1–7.4 Ma. The results

suggest that a stronger-than present summer monsoon in the source region ex-

isted prior to the Pliocene. An intensified summer monsoon is identified in the

beginning and at the end of the Pliocene. At 3.1 Ma, changes in the n-alkane

δD record coincide with enhanced HTP uplift and global cooling. The δD

record presented here, shows large changes in amplitude over the last 2.6 Ma.

Based on δDprecip, changes in the moisture source can be detected for this inter-

val. From 2.6 Ma onwards, the winter monsoon intensified (Tada et al. 2016;

Hovan et al. 1989), delivering isotopically depleted n-alkanes from Siberia to

the Japan Sea during glacial intervals. During interglacial stages, n-alkanes

enriched in deuterium are delivered to the Japan Sea when the westerly jet

131



retreats to the south of the HTP. These results show that precipitation recon-

structions based on δD or δ18O are easily influenced by changes in the mois-

ture source, which is in agreement with findings of Clemens et al. (2010) and

Thomas et al. (2016). It should be considered that climate archives do not sim-

ply reflect a strengthened/weakened summer monsoon, but also variety in the

delivery pathways of moisture.

5.4.4. Changes in n-alkane fluxes and chain length

n-alkane fluxes

In a paleoclimatic context, accumulation rates of eolian dust are usually re-

garded as indicators of aridity in the source region, but can also reflect the

strength and changes in atmospheric circulation (Rea 1994; Rea et al. 1998;

Nagashima et al. 2011). n-Alkanes in the northern Pacific Ocean stem from

the Asian interior (Rea et al. 1998; Jia et al. 2012). Leaf wax derived n-alkanes

are already transported at low wind velocities (Schefuß et al. 2003), and higher

velocities facilitate the transport of detrital matter over longer distances (Rea

1994; Rea et al. 1998; Nagashima et al. 2011; Jia et al. 2012). Fluxes of n-

alkanes concentration (nC25-nC35) show a large variation over time (Fig. 5.11).

Since leaf wax components are preferably delivered to the Japan Sea during

winter and early spring (Kawamura et al. 2003; Yamamoto et al. 2011) con-

centrations of n-alkanes are additionally regarded as proxy for wind strength,

hence winter monsoon or WJ strength. A more precise differentiation based
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Figure 5.11.: (a) Changes in n-alkane concentrations at Site U1425 over time
(grey circles, black line represents 3-PRA. Error bars indicate an-
alytical error (1σ) (b) ACLC25−C35 reconstructed for Site U1425.
Thick black line represents 3-PRA.
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on organic geochemistry is impossible. n-Alkane concentrations in the Japan

Sea prior to 8 Ma are very low (Fig. 5.11), less than 0.1 µg/g dw Sed, with

a sudden rise in concentrations at 8 Ma, consistent with the onset of a strong

monsoon climate (Zhuang et al. 2014; Xu et al. 2015; Rea et al. 1998; Jia et al.

2012). The period of increased concentrations between 8 Ma and 6 Ma are as-

sociated with times of a stronger winter monsoon and a strengthened WJ (Rea

et al. 1998; Sun et al. 2008; Jia et al. 2012; Xu et al. 2015).

In the late Miocene to early Pliocene (6–4 Ma), n-alkane fluxes to the Japan

Sea decreased again, consistent with a weakened winter monsoon (Sun et al.

2008; Xu et al. 2015) as well as a weakening of the westerly circulation (Sun

et al. 2008). Another explanation for decreased n-alkane contribution is the

relatively intense summer monsoon at that time, which lead to increased dust

fixation by a dense vegetation cover. It is interesting to note that no increased

n-alkane contribution to the Japan Sea is recorded between 4.5–5 Ma, when

the Amur River discharge and possibly n-alkane deposition increased.

At the Plio-Pleistocene border, a steady increase in n-alkanes is observed,

associated with an enhancement of the winter monsoon (Rea et al. 1998; Jia

et al. 2012; Xu et al. 2015) and a progressive strengthening of the westerly

jet (Sun et al. 2008). The last 2.5 Ma of the record show large fluctuations in

n-alkane concentrations, with a timing consistent with orbital-scale cyclicity

in Northern Hemisphere glaciation (NHG). As the glacial/interglacial cycles

of the Pliocene became established and more pronounced, so did the expan-

sion and contraction of arid areas during glacials and interglacials respectively
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(Nagashima et al. 2007a; Rea 1994). The n-alkane fluxes presented here ex-

hibit strong maxima during glacials, while they abruptly decrease during inter-

glacials (Fig. 5.8). Dust accumulation is also higher during glacials, suggest-

ing that n-alkane fluxes correspond to the expansion of arid areas and increased

atmospheric dust load in the air. During interglacials, increased precipitation

or dense vegetation fixed the available dust and reduced the associated trans-

port of n-alkanes to the Japan Sea.

Average chain length

Changes in ACL are often used to infer past environmental changes affecting

the plant community structure (Rommerskirchen et al. 2006), including tem-

perature (Castañeda et al. 2009; Vogts et al. 2012) and precipitation (Moossen

et al. 2015). The ACL record presented here (Fig. 5.11), shows a long-term de-

cline to about 3.6 Ma from 30.7 to 29.2. The end of this trend is marked with an

abrupt decrease to about 27.5, before the average chain length increases again.

According to the aforementioned studies, a decreasing ACLC25−C35 is either

due to cooling of the source region, a trend towards C3 plant influence, or a

shift towards a more humid climate. In this case, a cooling of the source area is

one possibility, in respect to the enhanced uplift of the HTP which shields the

Asian interior from the inflow of warm, moist air masses. An increase in sea-

sonal precipitation from 8–3 Ma is observed on the basis of the reconstructed

δDn−alk, but the change in ACLC25−C35 indicate steadily increasing precipitation
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over the same time interval. Further, since the contribution of C4 plants to the

record increases, so should ACL, and thus plant community change cannot be

the driving mechanism for decreasing ACL. Instead, it seems most likely that

a decrease in temperatures is the main driver for the decreasing ACLC25−C35 for

this interval.

After 3 Ma, ACLC25−C35 exhibits a drastic increase to 29.1 and remained

around this value for 1.5 Ma, before showing some smaller variations between

28.4 and 29.5. While the earlier part (3.5–8 Ma) of the ACLC25−C35 record

displays a good agreement with the cooling of central Asia, the latest part

(2.5 Ma–Present) remains enigmatic. With respect to source region changes

between glacial and interglacial intervals, there is the possibility that climate

specific characteristics from the mid-latitudes and high-latitudes are cancel-

ing each other out, making the ACL difficult to interpret from 3 Ma onwards

(Kawamura et al. 2003). A comparison with ACL records from the central

CLP (Bai et al. 2009) and the NE-TP (Peng et al. 2016) shows no synchronous

changes (Fig. 5.12). There might be a similar decreasing trend prior to 5 Ma

with records from the central CLP and records from the Lamashan region of

the TP. From 5 Ma to near present, other ACL records indicate increasing ACL,

while U1425 continues to indicate decreasing ACL. A comparison with ACL

records from the Horn of Africa was equally inconclusive (Uno et al. 2016).
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Figure 5.12.: ACL comparison between records from the Japan Sea, the central
CLP (Bai et al. 2009), the NE-Tibet Plateau (Peng et al. 2016),
and the Horn of Africa (Uno et al. 2016)

5.5. Conclusions

5.5.1. Technical conclusion

This study demonstrates that the Japan Sea is an excellent recorder of changes

in the Asian monsoon climate, but the interpretation of δ13C and δD of n-

alkanes in the Japan Sea is not straight forward. Prior to enhanced HTP uplift

at 3.6 Ma, a steady isotopic signature of δDprecip and δ13C suggest a single

source signal. Based on reconstructions of δDprecip, the moisture source car-

ries an ECS/SCS-derived signal, consistent with the observation that the Asian

monsoon is continuously fed by moisture delivered by the south-westerlies

(Schiemann et al. 2009; Sampe and Xie 2010). A correction for the carbon

isotopic signature of CO2 reduces the bias in estimation of C4 plant contri-
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bution to the Japan Sea. The record presented here becomes complicated at

around 3 Ma, which marks the timing of enhanced Tibetan Plateau uplift, as

well as global cooling and Northern Hemisphere glaciation. Their effect on, or

relation with, the summer/winter monsoon system is poorly understood (Tada

et al. 2016). The reconstruction of δDprecip reflects changing sources of n-

alkanes deposited in the Japan Sea. The record points to a glacial/interglacial

variation between Siberia and SCS/ECS respectively (Fig. 5.8). Corrected n-

alkanes also show a glacial-interglacial variation between C3 vegetation and

mixed C3/C4 vegetation (Fig. 5.8), reflecting n-alkane deposition from Siberia

and the continental Asian margin respectively.

This approach highlights that the interpretation of precipitation records from

the SE-Asian region is oversimplified, as representing either a strengthened or

weakened Summer monsoon is problematic. This new record from the Japan

Sea shows contributions from multiple moisture sources, which are important

to consider when attempting to understand the triangular relationship of HTP

uplift, global cooling and Asian monsoon evolution.

5.5.2. Consequences for paleoclimate reconstructions

The Japan Sea is an excellent archive for the reconstruction of the Asian mon-

soon system. With the resolution of records presented here, this reconstruction

is clear until the point of enhanced Tibetan Plateau uplift, when the switch

from single to multiple sources occurs. Based on the changes from 3.1–7.4 Ma
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a climatic interpretation is only possible for this interval.

During the Mio-Pliocene, the summer monsoon in the source region was

likely stronger than present. An intensified summer monsoon occurred, with

interruptions, from 3–5 Ma. This increased warm-season precipitation, in com-

bination with declining CO2 (Seki et al. 2010; Zhang et al. 2013) favored the

expansion of C4 plants in central Asia. The continued expansion of C4 plants

despite a later weakening summer monsoon shows that C4 plants are also able

to thrive in intermediate conditions (Suarez et al. 2011).

For the last 2.6 Ma, increased (decreased) C4 plant contribution occurred

during interglacial (glacial) periods, complemented by deuterium enriched

(depleted) precipitation and low (high) accumulation rates of n-alkanes in the

Japan Sea. It was hypotesized that these characteristics reflect the contribution

of two source areas to the Japan Sea. In glacial periods, the Siberian High

lasted longer and retreated later (Ding et al. 1995; 1999) delivering more deu-

terium and 13C depleted n-alkanes to the Japan Sea. These signatures reflect

the δDprecip typical for Siberia, furthermore C3 vegetation is predominant in the

source area (Still et al. 2003; Fig. 5.9). Since the summer- and winter monsoon

are in anti-phase for the Plio-Pleistocene (Hao et al. 2012), summer monsoons

are stronger in interglacials, and n-alkanes from the continental Asian margin

are delivered to the Japan Sea, indicated by a δ13C signal typical for a mixed

C3/C4 plant community and δDprecip characteristic for moisture derived from

the ECS/SCS. Since the resolution of the record presented here is low, a more

detailed examination of glacial/interglacial changes is not feasible.
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n-alkane accumulations accurately reflect dust fluxes reconstructed by Sun

et al. (1998); Rea et al. (1998) and Jia et al. (2012), and hence are a good re-

flector of the drying of the central Asian continent. Dust accumulation started

at 8 Ma, marking the onset of the modern Asian monsoon system (Rea et al.

1998; Jia et al. 2012). During the phase of a stronger-than-present summer

monsoon, from 3.4–7.4 Ma, dust fluxes are low, indicating that dust suspension

was reduced, either due to increased precipitation or a more dense vegetation

cover. With the onset of the NHG, n-alkane accumulation rates increase once

more, with fluxes peaking during glacial periods. During glacials, deserts in

central Asia expanded (Nagashima et al. 2007b), with more dust suspension

and leaf-waxes transported from vegetation at the continental Asian margin

and Siberia to the Japan Sea. In contrast, during interglacials the majority of

dust remained fixed, resulting in lower n-alkanes transport to and deposition in

the Japan Sea. An interpretation in terms of summer monsoon strength and its

relation to vegetation change in central Asia is not feasible for the last 3 Ma.

The records presented here however, give good insight into the dominant circu-

lation features (westerly jet, Siberian high) at a given time. A high resolution

analysis of the last 3 Ma would be required to fully determine the atmospheric

pressure system associated with the East Asian monsoon, (summer monsoon,

winter monsoon, and westerly jet), and to reconstruct their spatial pattern and

interrelationship, on glacial/interglacial timescales.
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6. Terrestrial organic matter and

depositional environment at

the Yamato Rise

Abstract

A sediment core from the Japan Sea were investigated, applying bulk sedi-

mentary research methods and GC, as well as GC-MS analysis of biomarkers.

The total organic carbon content of the investigated sediments is generally

moderate (∼0.7%), but very high during the late Miocene (∼4-5%) and Pleis-

tocene (∼3%). Mixing models, used to assess the relative contribution of ter-

restrial organic matter to the Japan Sea gave inconclusive results. A number of

triterpenoids were detected, such as 28,30-dinorhopane, suggesting sediment

deposition under anoxic conditions during the late Miocene, and eventually

Pleistocene. The Lycopane/nC31 indicates an anoxic environment during the
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late Miocene and late Quaternary.

6.1. Introduction

The aim of this study was to reconstruct the variation in terrestrial organic mat-

ter (TOM) delivery and selected biomarkers to reconstruct the environmental

history of the Japan Sea. The fate of TOM and past environmental conditions

are thought to be closely related to the tectonic evolution of the Japan Sea

(Tada et al. 1999; Tada 2004). The contribution of TOM is thought to be de-

creasing over time, when the Japan Sea changed from a small and shallow sea

(Ingle 1992) to its present size with abyssal depths (Xu et al. 2016) and faced

semi-isolation from large rivers, such as the Yellow- and Amur Rivers (Ingle

1992; Tada 1994; Xu et al. 2016). Furthermore, the onset and changes in the

East Asian monsoon system (EAM) might have driven TOM contribution to

the sediment, by altering the continental run-off of detrital matter (Stax and

Stein 1994; Tada 1994).

total organic carbon (TOC), C/N and δ13Corg variations measured on these

samples are simple, but are only general indicators of sediment properties.

Meanwhile, GC and GC-MS analysis provides a more detailed picture, from

which it is possible to determine the provenance of organic matter. The con-

tribution of TOM is important to constrain because it represents an important

part of global carbon cycle (Eglinton and Repeta 2003) that eventually ends

up in ocean. The climate cycle has an important control on TOM delivery to
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ocean (Hedges et al. 1997; Eglinton and Repeta 2003). However, the fate of

TOM is not well constrained overall, particularly due to the difficult identifica-

tion of TOM in ocean (Hedges et al. 1997; Eglinton and Repeta 2003). Here, it

was attempted to reconstruct the TOM delivery to the Japan Sea for the last 10

Ma, by applying four different end member mixing models. These models are

based on the branched index of tetraethers (BIT), the n-alkane/alkenone ratio,

δ13Corg and the C/N ratio detected in the analyzed sediments (Moossen et al.

2013; and references therein). These mixing models will help to constrain

the influx of TOM and interpret changes in relation to the tectonic evolution

of the Japan Sea, and EAM intensity. In principle, the accurate quantifica-

tion of TOM also allows an estimation of past primary productivity (Knies

and Mann 2002), which is another oceanographic factor that would lead to

increased understanding of the of the Japan Sea, in respect to the EAM and

tectonic evolution of the Japan Sea (Tada et al. 2015).

This study focusses on the analysis of acyclic compounds, and pentacyclic

triterpenoids, which are useful indicators of algal contribution and diagene-

sis respectively. The hopanoids derived from bacteria can contribute substan-

tially to the sedimentary matter post its deposition. Although more informa-

tion can be derived from polar moieties of the hopanes, it is not feasible to

analyse them on GC-MS, thus only apolar compounds analysed for this study.

Lycopane (Ly) is an acyclic C40 isoprenoid, presumably produced by a ma-

rine photoautotrophic organism (Sinninghe Damsté et al. 2003). Lycopane is

quickly degraded under oxic conditions (Sinninghe Damsté et al. 2003). The
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ly/nC31 ratio subsequently indicates the relative abundance lycopane compared

to the very stable nC31, and can be used as an indicator for paleooxicity (Sin-

ninghe Damsté et al. 2003). 28,30-Dinorhopane (28,30-DNH) is a rather rare

C28 hopanoid, and C28 hopanoids are generally absent from the geochemical

record in most studies. It first has been identified in sediments of the Mon-

terey formation (Moldowan et al. 1984). It is contended that it is derived

from the 28,30-Dinorhop-13(18)-ene, associated with bacteria residing at the

anoxic-oxic interface in low-oxygen marine depositional environments (Sin-

ninghe Damsté et al. 2014). The variation of these markers will be compared

to the lithology of both cores, as well as redox-sensitive minerals to evaluate

the effect of changing water mass properties on the biomarker record and the

depositional environment.

6.2. Methods

The methods for standard analyses, such as determination of bulk parameters,

identification and quantification of n-alkanes, alkenones, and hopanoids can

be found in Chapter 2. Mass spectra of compounds described in this Chapter

are found in Appendix A.
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6.2.1. Lithology

Core U1425 was divided into 3 lithological units, based on the frequency of

alternating dark-light layers (Unit I), diatom content (Unit II) and terrestrial

matter as well as lithification (Unit III). The extensive description of the lithol-

ogy of U1425 can be read in Tada et al. (2015). All summary figures in this

study have the lithological subunits plotted with the data presented here. A

brief summary can be found in Section 6.4.2.

6.2.2. TOM calculations

Changes in contribution of TOM to the Japan Sea were calculated by us-

ing simple binary end member mixing models of C/N, δ13Corg, BIT, and n-

alkane/alkenone ratio, as used by Moossen et al. (2013; and references therein).

OCterr =
Xsample − Xterr

Xmar − Xterr
(6.1)

Xsample is the C/N, BIT or δ13Corg value of the sample, while Xmar and Xterr

are the marine and terrestrial end member respectively).

The application of the n-alkane/alkenone mixing model is based on the

assumption that long-chain n-alkanes are solely produced by higher plants

(Eglinton and Hamilton 1967), while alkenones are solely produced by ma-

rine haptophyte algae (Volkman et al. 1980). The ratio is calculated using

odd-chain n-alkanes and C37 alkenones, according to Eq. 6.2 (Weijers et al.
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2009):
[n − alkanes]

[n − alkanes] + 3[C37 − alkenones]
(6.2)

6.2.3. MARs

Mass accumulation rates (mass accumulation rate (MAR)) of biomarkers, such

as alkenones, and n-alkanes, and total organic carbon were calculated as fol-

lowed:

MAR[biomarker] = (biomarker[µg/g]) × DBD × LSR (6.3)

6.3. Results

6.3.1. TOC, δ13Corg, C/N

Bulk parameters of Site U1425 are shown in Figure 6.1. The TOC content of

sediments recovered from U1425 varies between 0.3 and 5.5 %. Continuously

high contents of TOC are measured during the late Miocene (10–6 Ma). This

high TOC content coincides with the deposition of clay and quartz (25–27%)

from 9.5–10.8 Ma. From 7.4–9.5 Ma high TOC contents are co-occurring with

a high diatom content (>25%) and some clay and quartz compounds (Tada

et al. 2015). During the Pliocene, high TOC contents are intermittent, during

the generally low TOC contents, and the lithological composition is mostly

diatomaceous ooze, and some clay. An increased fluctuation of TOC contents

is found in the Pleistocene, where the lithological composition is comprised of
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terrigenious and biogenic grains, and clay minerals (Tada et al. 2015).

The δ13Corg signature of sediments recovered from U1425 varies between

-21.4 h and -25.4 h. During the late Miocene (10–5.8 Ma), δ13Corg averaged

around -23.1 h, these enriched 13C sediments are interrupted by a sudden

decline to more depleted δ13Corg at 6.3–5.1 Ma. From 5.8 Ma to Present, aver-

age δ13Corg varies around -22.7 h, and the amplitude of shifts between more

depleted/enriched values increases.

The TOC/N ratio (dimensionless) of the sediments studied here ranged be-

tween 4.3 and 20.3. A trend to lower TOC/N ratios is observed during the

late Miocene (10.8–6 Ma), where TOC/N rapidly decreases from 12 to ap-

proximately 6. Small amplitude changes accompany this decreasing trend.

Within a further decreasing trend from 6–2.5 Ma, larger amplitude changes in

the TOC/N ratio occur and the ratio varies between 12 and 7. With the onset

of the Quaternary (2.5 Ma), drastic increases in the TOC/N ratio are observed,

reaching peak values of around 20 at 0.9 Ma.

6.3.2. TOM mixing models

For the mixing models presented here, end members were carefully consid-

ered. For the mixing model using the branched index of tetraethers (BIT) based

on branched glycerol dialkyl glycerol tetraethers (brGDGTs) (Hopmans et al.

2004; Fig. 6.2a), 0 was the ultimate marine end member, although branched

GDGTs are also produced in the water column (Peterse et al. 2009; Fietz et al.
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2012), and therefore the true end member is likely higher than 0. 0.91 was

chosen for the terrestrial end member, because crenarchaeol is produced in

soils as well as in the water column (Weijers et al. 2006b). The end mem-

ber mixing model based on BIT indicates the lowest TOM contribution to the

Yamato Rise of all four mixing models, with estimated contribution between 1

and 22%. This is similar to the results of other studies that consider a range of

methodologies for estimating the contributions of terrestrial-derived organic

carbon to marine systems (i.e. Moossen et al. 2013).

The marine end member in the n-alkane/alkenone mixing model is equal to

0, while the terrestrial end member is set to 1. TOM input seems to follow

MARs of n-alkanes (Fig. 6.2b) and its contribution varies between 10 and

40%. High TOM input is recognized during the late Miocene (8–6 Ma), and

during the Pleistocene, which is in agreement with the lithological findings of

Tada et al. (2015).

The δ13Corg based mixing model works with end members of −20 h (ma-

rine) and −33 h (terrestrial) (Fig. 6.2c). The δ13Corg record, compared to

compound-specific carbon isotope records, is very unspecific since the sedi-

mentary record receives input from a variety of sources, such as eukaryotes,

cyanobacteria, and methanotrophs, and higher land plants (Meyers 1997; Pe-

ters et al. 2005; Bianchi and Canuel 2011). The results of this mixing model

only show small variations, the contribution of TOM seems to be varying

around 30% for the studied interval. No clear trend emerges from this mix-

ing model.
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The TOC/N based mixing model was set up with a marine end member

of 3 and a terrestrial end member of 20 (Fig. 6.2d). Small changes in the

C/N ratio can cause large variations in TOM estimations (Meyers 1997; Lamb

et al. 2006), which might explain the highest %TOM estimates of all mixing

models. TOM influx seems to decrease from 60% in the late Miocene to 20%

in the late Pliocene, before 100% TOM are detected in the Pleistocene.

In summary, all end member mixing models require thoughtful selection of

end members. A consideration of potential offsets between actual terrestrial

and marine compositions, and these assumed end member compositions, as

well as an awareness of the inter-dependence of summary parameters based on

the ratios of two end members is necessary. In the latter case, changes in the

flux of only one end member constituent, in this case the accumulation rate of

either marine or terrestrial biomarkers, i.e. the n-alkane to alkenone ratio, will

generate a change in the summary ratio. This is problematic if, for example,

a decline in the accumulation rate of alkenones, is wrongly interpreted as an

increase in the accumulation of terrestrial-derived organic carbon.

6.3.3. Hopanes

Hopanes in sediments of the Japan Sea are dominated by C29–C31 17β,21β-

hopanes, followed by C29-C31 17α,21β-hopanes. Within the moretane series,

the C29 moretane is the most prominent compound. Smaller abundances of β-

trisnorhopane, 17α,21β-, and 17β,21β-bishomohopane were measured too, but

150



(a) BIT based OCterr mixing
model

(b) n-alkane/alkenone mixing
model

(c) δ13Corg mixing model (d) TOC/N mixing model

(e) Average of all four mixing models

Figure 6.2.: Terrestrial OC contribution (%) based on a) BIT, b) n-
alkane/alkenone ratio c) δ13Corg, d) TOC/N ratio. e) represents
the total variation of all four mixing models (gray area) and the
average (solid black line). The end member mixing model bases
on Eq. 6.1, end members for each model are described in Section
6.3.2. Black arrows in Figs 6.2a and 6.2d refer to events caused
by the East Asian monsoon system.

151



Figure 6.3.: Ly/nC31, 28,30-DNH and 28,30-Dinorneohop-13(18)-ene were
used as markers for depositional environment changes in the Japan
Sea. Given are also the lithological subunits of core U1425 as de-
fined by Tada et al. (2015). Grey shaded areas indicate highly re-
ducing environments, as reconstructed by Masuzawa et al. (1992);
Tada (1994) and Kimura et al. (2004).

not were not continuously present throughout the record. 28,30-Dinorhopane

(Moldowan et al. 1984; 28,30-DNH) was found in high concentrations of 2–

38 ng g−1 ±0.7 dw Sed. The presence of 28,30-DNH is limited to 8.3–10.3 Ma

(Fig. 6.3). Sometimes, 28,30-Dinorneohop-13(18)-ene co-occurs with 28,30-

DNH.

152



Fi
gu

re
6.

4.
:T

yp
ic

al
di

st
ri

bu
tio

n
of

ho
pa

ne
s

an
d

(r
ea

rr
an

ge
d)

ho
pe

ne
s

in
se

di
m

en
ts

of
U

14
25

an
d

79
7

153



Table 6.1.: Identities of hopanes and rearranged hopenes in the aliphatic frac-
tion (10.08 Ma old), labeled in Fig. 6.4

Peak Identification

1 C27 ∆13(18) hopene [22,29,30-trisnorneohop-13(18)-ene]
2 C27 17β hopane [trinor-17β(H)-hopane]
3 C29 ∆13(18) hopene [30-norneohop-13(18)-ene]
4 C29 ∆17(21) hopene [30-norhop-17(21)-ene]
5 C30 ∆17(21) hopene [hop-17(21)-ene]
6 C29 moretane [30-nor-17β(H)-21α(H)-hopane]
7 C30 17α,21β hopane [17α(H),21β(H)-hopane]
8 C30 ∆13(18) hopene [neohop-13(18)-ene]
9 C29 17β,21β hopane [30-norhop-17β(H),21β(H)-ane]
10 Fern-7-ene
11 C31 17α,21β hopane [17α(H),21β(H)-homohopane]
12 C30 17β,21β hopane [17β(H),21β(H)-hopane]
13 C31 17β,21β hopane [17β(H),21β(H)-homohopane]
14 C32 17β,21β hopane [17β(H),21β(H)-bishomohopane]
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6.3.4. Aliphatic markers

Lycopane is derived from a marine photoautotrophic organism, but the ex-

act source is unknown. Lycopane is well preserved under anoxic conditions

(Sinninghe Damsté et al. 2003) and sporadically occurs throughout the record.

Since it is well preserved under anoxic conditions, it serves as a good proxy

for paleoxicity of the water column (Sinninghe Damsté et al. 2003). Ly/nC31

ratios are high during the late Miocene, rapidly decline at around 6 Ma, and

only start to flucutate between high and low ratios during the Pleistocene (Fig.

6.3).

6.4. Discussion

6.4.1. TOM mixing model efficacy

It should be noted that the TOM mixing models based on ratios are just approx-

imations, and should be treated with caution. In example, a relative change in

contribution from one carbon pool decreases, and thus the relative contribution

of the other carbon pool must increase, even though its contribution remained

constant. Furthermore, models based on biomarkers as representatives of an

entire carbon pool are prone to changes in the production and deposition of

these biomarkers. Particularly in marine environments, caution should be ex-

ercised with respect to the redox state of the water column. Terrestrial carbon

is more refractory than marine organic matter (Eglinton and Repeta 2003), and
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under oxic conditions will skew the mixing models to increased TOM contri-

bution, since it is simply preserved better.

Since the BIT is an estimation for the amount of soil organic matter that

is being delivered to the ocean (Hopmans et al. 2004; Weijers et al. 2006a) it

most likely underestimates the contribution of all terrestrial organic matter to

the Japan Sea. Furthermore, estimations are skewed by the fact that GDGTs

only represent the deep, anoxic part of the soil (Weijers et al. 2006a), thus

even underestimate the soil OM delivery to the Japan Sea. Additionally, this

TOM mixing model is biased by the in-situ production of brGDGTs (Peterse

et al. 2009; Fietz et al. 2012), which influences the end member choice and

subsequently model outcome.

The n-alkane/alkenone proxy for TOM input is complicated by the fact that

terrestrial material is more refractory than marine organic matter (Hedges et al.

1999; Sinninghe Damsté et al. 2002; Eglinton and Repeta 2003), and therefore

a potential bias to an increased TOM contribution is possible. Furthermore,

this model reflects two different delivery pathways, which is eolian for the

n-alkanes and in-situ surface production for the alkenones. The eolian depo-

sition of TOM is particularly important for marginal seas downwind of major

atmospheric circulation features, which is the case for the Japan Sea (Otosaka

et al. 2004; 2008). Exclusively fluvial derived TOM in the Japan Sea is left

out of this model. This study found lowest concentrations of alkenones during

cold periods, which creates a bias of this TOM mixing model towards more

influx of terrestrial organic carbon (Fig. 6.5). Furthermore, the intermittent
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Figure 6.5.: MAR for alkenones and n-alkanes in the Japan Sea since the late
Miocene, calculated according to Eq. 6.3. Note different scale on
both y-axes.

oxic conditions during the early Pliocene and Pleistocene preferentially de-

grade alkenones over n-alkanes (Hoefs et al. 2002; Sinninghe Damsté et al.

2002), skewing the record even further towards increased TOM contribution

to the Yamato Rise. These preservation issues create a serious bias for this

mixing model.

Since the isotopic siganture for terrestrial and marine organisms is so di-

verse, TOM estimates based on δ13Corg can be heavily biased. Input of C4

leaf waxes, with a signature of −21.7 h (Farquhar et al. 1989; Chikaraishi

and Naraoka 2003), result in biasing the mixing model towards a more ma-

rine signal. Soils in Japan also tend to have a positive δ13Corg signature rel-
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ative to the assumed terrestrial end member (Hiradate et al. 2004). In the

reverse direction, the activity of methanotrophs in the sediment column gen-

erates strongly 13C depleted organic matter (Whiticar 1999; Thiel et al. 2003),

and would falsely bias this δ13Corg mixing model towards an increased contri-

bution of TOM. Changes based on this mixing model should thus be carefully

constrained, where possible, by the analysis of additional biomarkers that can

help to resolve the major sources of organic carbon or identify the presence of

methanotrophy.

Nitrogen is very labile and is rapidly degraded (Lamb et al. 2006), which can

bias the TOC/N ratio towards higher TOM input. It is clear that small changes

in organic carbon or nitrogen abundance can cause large shifts in the TOC/N

ratio (Meyers 1997), and that end member choice can have large influences on

the outcome of the mixing model. Sedimentary particle size can also affect the

C/N ratio of bulk organic matter (Meyers 1997), with fine sediments having a

low C/N ratio, as they contain the clay fraction, which can absorb ammonium

lowering the C/N ratio. This could be a problem for the Yamato Rise, as the

lithology is dominated by clay, silty clay, and siliceous claystone (Tada et al.

2015). The terrestrial end member for this mixing model is hard to chose.

A low TOC content (<0.3%) can also influence the nitrogen quantification

(Meyers 1997), but this is unlikely a problem at the Yamato Rise, where TOC

content is typically >0.7%. TOC/N of organic matter within paleosols from

the Chinese Loess Plateau (CLP) varies around 9.5±1.3, the interbedded loess

has a ratio of 5.6±1 (Vidic and Montanez 2004). C/N ratios of organic matter

158



in the Yangtze River vary between 9 (surface) and 14 (near bottom) (Zhang

et al. 2007). The Yangtze River and paleosols as well as loess from the CLP

are sources of terrestrial organic carbon that ends up in the Japan Sea (Oba

1991; Dersch-Hansmann 1994; Nagashima et al. 2007a). Their TOC/N ratios

are very close to the marine end member, defined by Meyers (1997) and Lamb

et al. (2006), and they are close to the ratios measured in this study. With these

potential end member values it is difficult to explain where the TOC/N ratio of

20 (1.0 Ma) at the Yamato Rise comes from. Furthermore, overall estimates

of TOM input come with a large uncertainty, since the terrestrial end member

cannot be constrained.

The combination of all four mixing models suggest an increased contribu-

tion of TOM during the late Miocene, from 9–7 Ma, averaging approximately

30%, before it slightly declines to 15–25% from 7–5 Ma. This is in agree-

ment with the lithological description of U1425 (Tada et al. 2015). A brief

peak in OCterr fluxes is found from 4–5 Ma (Fig. 6.2e, Section 5.4.3), coin-

ciding with a strong summer monsoon and presumed increased Amur River

discharge. This suggest that more TOM was washed into the Japan Sea by an

intensified summer monsoon. Highest variations of terrestrial organic carbon

fluxes can be found in the Pleistocene, with 30-50% contribution from con-

tinentally derived organic matter. Increased abundance of terrigenious matter

is also found by Tada et al. (2015). These fluctuations could mirror the alter-

nating influence of the Tsushima Warm Current and East China Sea Coastal

Water (ECSCW) inflow after 2.5 Ma. The ECSCW brings terrestrially de-
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rived organic carbon to the Japan Sea by mixing with waters from the Yellow

River and Yangtze River (Oba 1991; Tada et al. 1999). The differing delivery

pathways of biomarkers, as different influencing factors, such as contributing

organisms, surface water changes, and end member choice make it difficult to

reconstruct the TOM contribution in a dynamic environment such as the Japan

Sea. This has consequences for the determination of paleoproductivity (Stax

1993). Given these highly problematic factors, TOM contribution cannot be

accurately determined with the methods applied here, and reconstructions are

consequently deemed unsuccessful. It is therefore not attempted to reconstruct

paleo primary productivity.

6.4.2. Paleodepositional environment

Changes in surface water properties in relation to tectonic changes of the Japan

Sea were detected (Oba 1991; Tada 1994; Tada et al. 1999; Itaki 2016). This

includes changes in nutrient supply due to N-Honshu uplift, which restricts

Pacific oxygen minimum zone (OMZ) inflow (Tada 1994). Additional change

in bottom water oxygenation occur when the OMZ was restricted either due

to sea level change or uplift (Tada 1994; Kimura et al. 2004). The Japan Sea

entered its compressional stage at circa 10 Ma (Kano et al. 1991; Xu et al.

2016). It was open to the north, while the southern channel was closed, and an

eastern channel was intermittently open. The eastern channel offered a way in

for the OMZ, which silled in during sea level high stands (Tada 1994). Sub-
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sequently, bottom waters fluctuated between euxinic and suboxic (Tada 1994).

This fluctuation is reflected in alternating parallel laminations of the siliceous

claystone, and a high pyrite content (5-25%) (Tada et al. 2015). Mo/Al ratios,

total sulfur (TS), and δ34S of pyrites indicate highly reducing bottom waters

from 9–10.6 Ma (Masuzawa et al. 1992; Kimura et al. 2004). The next major

change is the onset of the N-Honshu uplift, starting at circa 8 Ma (K. Horikawa,

pers. comm.) and ended at circa 6 Ma (Tada 1994). At 6 Ma the eastern chan-

nel was completely closed, so was the southern channel. Thus, the Japan Sea

was only open to the north. Apart from intermittent burrows no sedimentary

features are recognizable during this time (Tada et al. 2015). Very subtle color

changes from dark gray to dark brown on meter scale are described, and the

lithology is mostly comprised of diatoms (>75%) (Tada et al. 2015). The last

fine laminations of the late Miocene are found in organic rich layers at around

7.7 Ma (Tada et al. 2015). These laminations fall into the interval when bot-

tom waters were highly reducing (Kimura et al. 2004). The pyrite content

was decreasing towards 6 Ma. Total sulfur and δ34S values suggest a variation

between less oxic and less euxinic conditions (Masuzawa et al. 1992). The

Japan Sea was tectonically quiescent until the Pliocene, when Hokkaido was

uplifted and separated the Japan Sea from the Okhotsk Sea (Xu et al. 2016).

The lithology indicates a decreasing flux of TOM to the Japan Sea, and heavily

bioturbated diatomaceous ooze (70-95%), with very few clay intervals (Tada

et al. 2015). Mo/Al ratios, and TS decrease to close to 0, indicating steadily

oxic conditions during the very late Miocene to mid Pliocene (Masuzawa et al.
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1992; Kimura et al. 2004).

After 3.5 Ma, surface water flows were altered by eustatic sea level change

rather than uplift and compression (Tada 1994; 2004; Kitamura and Kimoto

2006). Sea surface salinity (SSS), reconstructed using δ18O and diatom stratig-

raphy, drastically decreased during sea level low stands, because relatively

more fresh water was delivered to the Japan Sea through the Tsushima Strait

(Oba 1991; Tada et al. 1999). The resulting density stratification promoted

the development of euxinic bottom waters and the deposition of dark, organic

carbon-rich layers (Stax 1993; Tada et al. 1999). With this mechanism, it is

expected that deep-water ventilation is related to sea surface salinity changes,

and the subsequent restriction of down welling of these water masses in winter

(Zou et al. 2012; Tada et al. 2013). The lithology of the Quaternary com-

prises distinctive sedimentary features. The most obvious is the alternating-

ing of decimeter-scale color-banded bedding. Dark, organic-rich layers are

inter-bedded in lighter-colored, organic poor layers (Tada et al. 2015). The

relative frequency is higher in the 0.8 Ma-Present interval than in the older

part >0.8 Ma (Tada et al. 2015). The darker layers are also characterized by a

higher TS content (>2%), and low δ34S of pyrite, indicating euxinic conditions

(Masuzawa et al. 1992; Tada et al. 2015). The light, organic-poor layers during

the Quaternary are heavily bioturbated, and have a low TS content (<0.3%),

suggesting oxic bottom water conditions (Masuzawa et al. 1992; Tada et al.

2015).

28,30-DNH and its precursor were detected in concentrations from 1–40 ng g−1
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dw Sed, from 8.3–10.7 Ma (Fig. 6.3), thus falls into a time where inorganic

proxies suggest highly reducing bottom waters (Masuzawa et al. 1992; Kimura

et al. 2004). Thus, 28,30-DNH and 28,30-Dinorhop-13(18)-ene seem indeed

to be sensitive to anoxic bottom water conditions. The trend in reducing bot-

tom waters indicated by these two biomarkers even roughly mirrors bottom

water state indicated by Mo/Al ratios of Kimura et al. (2004). However, 28,30-

DNH is absent from the record during the anoxic conditions after 8 Ma, when

the last organic-rich layers with fine laminations were deposited (Kimura et al.

2004; Tada et al. 2015), or conditions were not viable for the 28,30-DNH pro-

ducers. This could be due to differences in the age model used over the three

different studies (Masuzawa et al. 1992; Kimura et al. 2004; and this study).

In the Quaternary, where bottom water conditions were thought to fluctuate

between oxic and euxinic, 28,30-DNH could only be detected once, and in

a comparatively small amount: 0.1 ng g−1 dw Sed at circa 0.41 Ma. This ei-

ther implies that the bottom water redox state was not reducing as currently

assumed, or that the living conditions for the 28,30-DNH producers were fa-

vorable enough.

The application of the Ly/nC31 proxy is an alternative approach to assess

the paleoxcitiy of the water column (Sinninghe Damsté et al. 2003). Lycopane

was not detected prior to circa 9 Ma (Fig. 6.3), from which on the Ly/nC31

ratio decreases rapidly until 6 Ma. Ly/nC31 ratios are generally low from the

late Miocene throughout the Pliocene, with exceptions at 4.3 Ma and 3 Ma.

The lithology indicates homogeneous diatomaceous ooze in both cases, thus
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is little helpful here (Tada et al. 2015). No redox-sensitive mineral record

of U1425 is available yet that could give insight into the redox state at this

time. It is intriguing that both peaks occur during a salinity minimum in the

Japan Sea, eventually caused by a strong summer monsoon (Tada et al. 2016;

Ch. 7). It is hypothesized that a density stratification, as a result of a fresh

water cap formation, might have lowered available oxygen at greater depths,

causing the Ly/nC31 excursions. This hypothesis shoould be tested, as soon as

appropriate redox records become available. The Ly/nC31 ratio increases again

in Quaternary, but unfortunately the resolution is too low to test a relation with

eustatic sea level change and subsequent changes in bottom water oxygenation.

Both peaks lie close to a glacial as indiacted by (Lisiecki and Raymo 2005),

thus the increased Ly/nC31 ratio would be plausible given the at least anoxic

state of the bottom water (Tada et al. 1999).

6.5. Conclusions

This study has shown that the mixing models presented here, are complicated

by the fact that the terrestrial matter influx cannot be reliably constrained, due

to variability and poor constraints on terrestrial end members, such as for the

C/N mixing model. δ13Corg records all organic matter input, which is com-

plicated when particular constituents of marine organic matter have carbon

isotopic signatures that overlap with the terrestrial end-member (for example

cyanobacteria), and vice versa. While the eolian transport is the most impor-
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tant pathway for terrestrial organic matter delivery to the Yamato Rise, the

monsoon intensity as well as the tectonic setting play major roles in deliver-

ing TOM, and nutrients to the Japan Sea. Ly/nC31 and 28,30-DNH indicated

a bottom water oxygen deficiency for the late Miocene. But increased ratios

of Ly/nC31 beyond 8 Ma show that Ly/nC31 might be sensitive even to sub-

oxic conditions, for example during the intensified summer monsoon, while

28,30-DNH only indicates strongly stratified/anoxic bottom waters. Overall,

28,30-DNH and Ly/nC31 do help to constrain the paleoxicity of the water col-

umn at the Yamato Rise over the last 10 Ma.
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7. Using alkenone stable

isotopes as CO2 proxy in the

Japan Sea

Abstract

The roles of atmospheric greenhouse gases, such as CO2 and CH4, in the

Earth’s energy budget are relatively well understood in the modern system.

In contrast, detailed coupling of CO2 and long-term climate changes over

the geological record is poorly constrained. One reason for this are the con-

trasting results of different CO2 reconstruction methods, such as those based

on soil carbonates, alkenone paleobarometry or leaf stomata size. Available

CO2 proxies lack the accuracy and precision to investigate a link between

global climate change and atmospheric CO2 concentrations. This study ap-

plied alkenone paleobarometry, using the δ13C signature of alkenones to re-
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construct pCO2 changes since the late Miocene. The late Miocene is of partic-

ular interest, since proxies point to substantial warmth, but low pCO2 levels.

Since alkenone-based paleobarometry requires assumptions about a number

of associated environmental and physiological parameters, such as algal car-

bon fixation mechanisms and growth rates, the pCO2 reconstructions gener-

ated are explored subject to a range of feasible assumptions. The δD signature

of alkenones was used to correct the pCO2 record for changes in sea surface

salinity, which affects the solubility of CO2 in sea water. Independent of the

choice of boundary parameters, all records show a drastic pCO2 decline in the

late Miocene (8–6 Ma), from >500 to around 380–320 µatm. Pliocene trends

in pCO2 are in agreement with other studies. Pleistocene pCO2 estimates are

most likely overestimated, due to the lack of available estimates of δ13CCO2.

The late Miocene decline from >500 to around 300 µatm falls into the required

range for the C4 plant expansion, which occurs shortly after the detected pCO2

decline. This decline also falls into the time range when large coccoliths start

to react to a CO2 limitation. This is the first record that shows the late Miocene

pCO2 decline in the required range for these large scale marine and terrestrial

changes.

7.1. Introduction

Greenhouse gases (GHGs) are an important component of the atmosphere, as

they absorb thermal radiation emitted by the Earth’s surface, and thereby raise
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the global mean temperature (Lacis et al. 2010). The effect of GHGs on the

surface temperature is easily demonstrated by Lacis et al. (2010), who removed

long living GHGs (CO2, CH4, O3, N2O, CFCs) from the AR5 climate model.

The results show that the mean surface temperature would drop to −21 ◦C

within just 50 years, thus demonstrating that the radiative forcing of GHGs and

aerosols are essential to sustain a viable climate. The radiative effect of GHGs,

such as CO2, on the Earths’ heat budget is known since 1896 (Arrhenius 1896).

Of all GHGs mixed in the atmosphere today, CO2 exerts the strongest radia-

tive forcing, with 1.82 W m−2±0.19 relative to 1750 (Myhre et al. 2013). The

influence of increased CO2 emissions on today’s global warming is well under-

stood (Myhre et al. 2013), but its effect is difficult to constrain for past climate

changes. Ice cores from Antarctica and Greenland show CO2 fluctuations over

glacial-interglacial cycles for the last 800,000 years, but the driving processes

for this variation are not fully understood (Lacis et al. 2010; Masson-Delmotte

et al. 2013). CO2 was not the trigger or pacemaker for these cycles, but pre-

sumably played an important feedback role (Masson-Delmotte et al. 2013).

CO2 is considered to be an important driver of long-term climate change (Lacis

et al. 2010; Beerling and Royer 2011). A long-term cooling trend over the last

65 Ma has been reconstructed by using the stable isotopic composition (δ18O)

of benthic foraminifera (Zachos et al. 2001; 2008). This cooling trend broadly

follows a decline in CO2 (Beerling and Royer 2011). A closer examination of

the relation between long-term climate change and long-term concentrations

of CO2 is currently not feasible, because currently available records lack ac-
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curacy and precision of ancient pCO2 estimates (Beerling and Royer 2011).

Within these constrains lie two major scientific research goals: the more accu-

rate reconstruction of ancient pCO2 levels and subsequently constraining the

global climate response to changing pCO2 levels.

Two examples of current problems with reconstructions of pCO2 are (1) the

inter-proxy mismatch and the (2) problem of the apparent mismatch between

apparent low pCO2 conditions and substantially enhanced surface tempera-

tures. Regarding the inter-proxy mismatch, the most prominent example is the

reconstruction of mid- to late Miocene CO2 concentrations using soil carbon-

ates, boron isotopes, leaf stomata data and alkenone paleobarometry. While

the first few proxies indicate increased pCO2, and a subsequent decline for

the mid-Miocene Climate Optimum (MMCO) (17–15 Ma), the alkenone pCO2

proxy displays a flat line (Fig. 4.1) (Pagani et al. 1999a; Kürschner et al. 2008;

Beerling and Royer 2011; Foster et al. 2012). The respective problem of the

apparent mismatch between pCO2 and surface temperature are also found in

the mid- and late Miocene. LaRiviere et al. (2012) suggested the mid- to late

Miocene oceanic warmth to be decoupled from pCO2 concentrations, and ar-

gued that warm conditions were feasible due to deep global thermocline, and

a subsequent reduction in low latitude climate gradients. This idea is rebuked

by authors of other studies (e.g. Bolton and Stoll 2013; Herbert et al. 2016),

because it does not explain the large environmental reorganization on land re-

constructed at the same time. The late Miocene is known for sustained warmth

(Seki et al. 2012; LaRiviere et al. 2012; Zhang et al. 2014; Herbert et al. 2016),
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expansion of C4 plants (Cerling et al. 1997), lack of Northern Hemisphere ice

sheets, but low atmospheric pCO2 (Pagani et al. 1999a).

The SST records from the Northern and Southern Hemisphere, compiled

by Herbert et al. (2016), show a drop in temperatures in the late Miocene

(7.6–5.5 Ma) and occurred at the same time in both hemispheres, strength-

ening the authors’ argument that global changes in the marine and terrestrial

environment were a direct consequence of a decline in late Miocene pCO2 lev-

els. Based on findings of other studies (Ehleringer et al. 1997; Diester-Haass

et al. 2006; Bolton and Stoll 2013) they suggested that during the late Miocene

atmospheric carbon dioxide concentrations descended to a critical pCO2 level

from 500 to below 350 ppm, which favored C4 over C3 plants (Ehleringer et al.

1997; Herbert et al. 2016), although proxy records suggesting such a drop are

sparse. Recently, Bolton and Stoll (2013) attributed the onset of strong vital

effects in both the δ18O and carbon isotopes of coccoliths produced by large

cells as a response to limitations on carbon uptake with lower surface ocean

dissolved inorganic carbon as atmospheric CO2 declines. Interestingly, this

divergence starts to become very pronounced in the late Miocene, close to the

expansion of C4 plants. Bolton and Stoll (2013) suggest that terrestrial and ma-

rine photosynthesizers show adaptation at a common pCO2 threshold of circa

500 ppm, and that a decline below such a level caused the synchronous re-

sponse of both photosynthesizers to this decline. These findings indirectly in-

fer that late Miocene pCO2 declines from above 500 ppm to less than 500 ppm.

Thus new records, which provide direct evidence of a mid- to late Miocene
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pCO2 decline are required.

7.1.1. Alkenone paleobarometry

Direct CO2 measurements only span back to the 1950s (Keeling et al. 1989).

CO2 reconstructions for the last 800 000 years are based on direct measure-

ments of ice-core gas bubbles (Lüthi et al. 2008). Beyond this time, methods

for pCO2 reconstructions include boron isotopes (Foster et al. 2012), fossil

leaf stomata (Kürschner et al. 2008), soil carbonates (Cerling 1992), and car-

bon isotopes of alkenones (Jasper and Hayes 1990; Pagani et al. 1999a). A

compilation of these records shows that for the same interval, reconstructed

pCO2 can vary extremely, sometimes by the factor of 2 (Fig. 4.1, (Pagani et al.

1999b; Zhang et al. 2013)). A strong relationship exists between 13C of al-

gal matter and [CO2] (Rau et al. 1992; Raven et al. 1993; Goericke and Fry

1994), thus the carbon isotopic signature of organic matter was used to recon-

struct pCO2 for the last glacial-interglacial cycle (Jasper and Hayes 1990), the

Quaternary (Hayes 1993), or Phanerozoic (Popp et al. 1989). As discussed

in Chapter 6, δ13Corg is the isotopic signal of a variety of source organisms,

including terrestrial matter (Pagani et al. 1999a), and thus mixes a broad range

of isotopic compositions, biasing the pCO2 reconstruction. A biomarker based

pCO2 reconstruction, for example by utilizing alkenones, narrows down biases

in pCO2 estimations, because alkenones are highly source specific and reflect

a single source signal, in contrast to δ13Corg. Furthermore, once the effect of
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cell size and cell geometry on alkenone δ13C values can be constrained, their

effect on the alkenone based pCO2 reconstruction can be constrained. How-

ever, this requires a micropaleontological investigation of nannofossils present

in the respective sample, and is an aspect that is not accounted for in all studies

applying the alkenone paleobarometry. Ambient CO2aq in sea water relatively

low (10–30 µmol), which is below the half saturation constant for Rubisco in

haptophytes (30–60 µmol) (Pagani 2014). Unless algae can take up carbon ac-

tively, CO2 limitation is widespread in the global ocean (Pagani 2014). Most

algae can take up carbon actively, by the release of a carbonic anhydrase, lead-

ing to the dehydration of HCO−3 to CO2aq, direct uptake of HCO−3 or a mix of

both. A direct uptake of HCO−3 would have a large impact on εp, since HCO−3

is 10 h heavier than CO2aq (Pagani 2014). CCMs are weakly expressed in

Emiliania huxleyi and Gephyrocapsa Oceanica, the species that originated un-

der low CO2 concentrations during the Quaternary. Whether CCM was active

in ancient alkenone producers is simply unknown (Pagani 2014). Although the

presence of CCMs in haptophytes has been implied in chemostat experiments

and field data, it is assumed that Emiliania huxleyi is dependent on a diffu-

sive supply of carbon to the cell (Bidigare et al. 1997; Pagani 2014). A CCM

in coccolithophores could explain the relative invariance of alkenone based

pCO2 reconstructions during the early Miocene (Pagani et al. 1999b; Zhang

et al. 2013). But the current working assumption is that a diffusive supply is

the main mechanism for carbon supply in coccoliths, thus they should have

a δ13C signature closest to CO2(aq). Furthermore, alkenones are less affected
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by the diagenetic alteration of the isotopic signal than δ13Corg (Pagani et al.

1999a). The relationship of isotopic fractionation between a source organism

and CO2(aq) is described by Eq. 7.4. It is based on the assumption that CO2 is

transported to the cell mainly by passive diffusion, thus the diffusion model is

similar to the C3 plant fractionation model by Farquhar et al. (1989; Fig. 1.1a).

Despite the close relationship between εp and CO2(aq) (Bidigare et al. 1997), εp

(Eq. 7.4) can be affected by cell size and geometry (Popp et al. 1998; Laws

et al. 2002) and irradiance (Rost et al. 2002). Data from experiments and mod-

ern samples of particulate organic carbon (POC) have shown that haptophyte

growth rates, and the associated physiological b-factor, can be related to the

phosphate concentrations [PO3−
4 ] of the growth medium (Bidigare et al. 1997).

Developing this relationship, Bidigare et al. (1997); Popp et al. (1998); Laws

et al. (2002) and Pagani (2014) introduced a global calibration for the b-factor

with respect to surface ocean [PO3−
4 ]. Although useful for alkenone-based es-

timates of pCO2, this relationship ignores the potential for regional, or other

environmental variations, that cause a divergence from this empirical b-factor

vs [PO3−
4 ] relationship. Further, even with this relationship, there are currently

no proxy methods available for the estimation of past surface ocean [PO3−
4 ].

This is particularly problematic for times in the Japan Sea, where [PO3−
4 ] val-

ues were likely higher, i.e. at circa 8 Ma (Masuzawa et al. 1992; Tada 1994).

Increased [PO3−
4 ] values will affect εp, and therefore pCO2 estimates. As a re-

sult, alkenone-based pCO2 reconstructions are often based on the assumption

that [PO3−
4 ] of the mixed layer (top 50–100 m) in ancient oceans were equal to
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modern values, which is almost certainly not the case (Seki et al. 2010; Pagani

et al. 2011; Zhang et al. 2013). Other studies have used biogeochemical mod-

els to estimate past phosphate concentrations, but these models themselves

are also highly unconstrained (Pagani et al. 2011). Uncertainties regarding

the factor of enzymatic fractionation, εf (Eq. 7.4) stem from the enzymes be-

ing involved in carbon fixation during carbon uptake. Studies suggest that

the principal enzyme involved in carbon fixation in coccoliths is ‘Rubisco ID’

(Badger and Bek 2008). Maximum isotopic fractionation appears to occur at

high CO2(aq), very low growth rates or high temperatures (Pagani et al. 1999a).

Goericke and Fry (1994) found εf to vary between 25–28 h, and Wong and

Sackett (1978) determined an εf of 27 h for haptophytes. Most studies use an

εf of 25–27 h. Problems arise when the difference between εf and εp is small,

which makes uncertainties in [PO3−
4 ] and sea surface temperatures (SSTs) esti-

mations increasingly significant for pCO2 reconstructions (Pagani 2014). The

selection of [PO3−
4 ] and εf thus need careful consideration to limit the associ-

ated uncertainties for alkenone paleobarometry.

This study used the opportunity to analyze sedimentary alkenone δD and

δ13C from the same core from a single locality. This is the first study using

alkenone paleobarometry that also accounts for changes in sea surface salinity

by using the deuterium isotopic signature of alkenones, instead of assuming a

constant salinity of 35–36 (Pagani et al. 1999a; Seki et al. 2010). The Japan

Sea most likely experienced stark changes in sea surface salinity, due to open-

ing and closure of the Tsushima Strait (Oba 1991; Tada 1994), as well as
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intensified summer monsoon (Chapter 5) and increased discharge of the Amur

River into the Japan Sea (Chapter 6). Here, δ13C and δD of the C37:2 alkenone

are used to reconstruct changes in pCO2 since the late Miocene. δD is con-

verted to sea surface salinity (SSS), and changes in salinity are then used to

select appropriate solubility coefficients of CO2 in saline solutions, based on

Weiss (1974). Since salinity affects CO2 solubility, this approach should im-

prove the reconstruction of atmospheric pCO2. Within the temperature range

indicated by UK′37 4, effect of salinity on the solubility of CO2 is expected to

be small (Weiss 1974), especially when the effect is compared to the [PO3−
4 ]

range presented here. No other study so far compared salinity corrected and

uncorrected pCO2 reconstructions with each other. The Japan Sea is an excel-

lent recorder of global climate change, thus this study is based on the theory

that signals of changes in pCO2 are also preserved in the sedimentary record

of the Japan Sea, i.e. via the δ13C signature of alkenones. The selected time

span (0.3–8 Ma) is particularly interesting, as it should include the hypothe-

sized decline in pCO2 in the late Miocene, that caused large changes in the

marine and terrestrial environment, as suggested by Ehleringer et al. (1997);

Diester-Haass et al. (2006); Bolton and Stoll (2013) and Herbert et al. (2016).
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7.2. Methods

7.2.1. Alkenone barometry

After the compound specific isotopes were calibrated to the VPDB and VS-

MOW standard (see Chapter 2), the photosynthetic isotopic fractionation be-

tween δ13CCO2 and δ13C37:2 can be calculated, and is described as:

εp =

(
δ13CCO2(aq) + 1000
δ13C37:2 + 1000

− 1
)
× 1000 (7.1)

Due to the lack of well preserved carbonate microfossils in the Japan Sea,

δ13CCO2 from dissolved inorganic carbon (DIC) cannot be determined. There-

fore, CO2(aq) is assumed to be of the same isotopic composition as CO2(g)

(Deuser and Degens 1967; Deuser et al. 1968). Tipple et al. (2010) recon-

structed benthic foraminifera δ13C and δ18O records from a global data set to

reconstruct the carbon isotopic signature of CO2 (δ13CCO2) and subsequently,

δ13CCO2 data is taken from Tipple et al. (2010). A comparison with bulk car-

bonate δ13C from IODP site U1338 Reghellin et al. (2015) shows the same

trends, but yields higher pCO2 estimates 7.5. The isotopic fractionation be-

tween CO2(aq) and CO2(g) was calculated according to Pagani et al. (1999a):

εCO2(aq)−CO2(g) =

(
δ13CCO2(aq)

δ13CCO2(g)
− 1

)
× 1000 (7.2)
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εCO2(aq)−CO2(g) =
−373
T (◦K)

+ 0.19 (7.3)

εp from Eq. 7.1 is also related to [CO2(aq)]:

εp = εf −
b

[CO2(aq)]
(7.4)

where εf represents the isotopic fractionation within the cell, and varies be-

tween 25–27 h (Goericke and Fry 1994; Laws et al. 2002). While εf has to

be estimated, b is globally calibrated, and needs to be calculated for every εf

(Pagani et al. 1999a; Pagani 2014). b is the sum of all biological factors af-

fecting the carbon isotopic fractionation within the cell. Studies using batch

cultures have shown that b is particularly sensitive to [PO3−
4 ] concentrations

(Bidigare et al. 1997). b was calculated according to Pagani et al. (1999a), and

[PO3−
4 ] concentrations were taken from the data archives of the Japan Oceanog-

raphy Data Center (JODC). Since the Japan Sea is characterized by eddies

and seasonal currents, a site specific determination of [PO3−
4 ] is not feasible.

Therefore, the lowest and highest [PO3−
4 ] close to Site U1425 were chosen.

For this purpose, [PO3−
4 ] of the first 20 m of the water column were averaged,

yielding [PO3−
4 ] of 0.14 µmol l−1. For the error calculation, an upper limit of

[PO3−
4 ]=0.26 µmol l−1, and a lower limit of [PO3−

4 ]=0.05 µmol l−1 were used.

Equations 7.5, 7.6, 7.7 calculate b and its associated error for εf=25h.

b = 118.5 × [PO3−
4 ] + 84.07 (7.5)
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bmax = 4.17 × [PO3−
4 ]2 + (113.79 × [PO3−

4 ]) + 88.63 (7.6)

bmin = −4.14 × [PO3−
4 ]2 + (120.14 × [PO3−

4 ]) + 74.21 (7.7)

Equations 7.8, 7.9, 7.10 calculate b and its associated error for εf=27h.

b = 128.96 × [PO3−
4 ] + 101.37 (7.8)

bmax = 4.35 × [PO3−
4 ]2 + (125.65 × [PO3−

4 ]) + 108.89 (7.9)

bmin = −4.35 × [PO3−
4 ]2 + (132.27 × [PO3−

4 ]) + 93.85 (7.10)

Since all neccesary variables are now known, Eq. 7.4 can be rearranged to:

[CO2(aq)] =
b

εf − εp
(7.11)

[CO2(aq)] from Eq. 7.11 can then be converted to [CO2(atm)] by using Eq.

7.12:

[CO2(aq)] = pCO2 × KH (7.12)

KH is the solubility coefficient of CO2, dependent on salinity as well as tem-
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perature. KH for each sample was determined using data from Weiss (1974).

7.2.2. Paleo-sea surface salinity

The relationship between δDalkenones of E. huxleyi and salinity in batch cultures

studies by Schouten et al. (2006) can be described as:

δDalkenones = 4.8 × S − 347 (7.13)

where S is the salinity of the culture water. The knowledge of SSS, converted

to practical salinity units (psu) is used to select the appropriate KH from Weiss

(1974)

7.3. Results

7.3.1. Deuterium isotopes of the C37:2 alkenone

The alkenone δD signature varies considerably over the last 10 Ma (Fig. 7.1),

between −165 h to −240 h. The late Miocene shows small variations in

amplitude in alkenone δD, between −180 h to −208 h (5.8–10 Ma), before

δD of C37:2 decreases markedly to −240 h at 5.2 Ma. C37:2 alkenones be-

come increasingly enriched in deuterium after this excursion. The D/H ratio

varies again between −190 h to −216 h (3–5 Ma), before they steeply in-

crease. δD of C37:2 alkenones then ranges between −180 h to −190 h in the
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late Pliocene, before D/H ratios increase again to −170 h to −180 h in the

early Pleistocene.

7.3.2. Carbon isotopes of the C37:2 alkenone

The 13C content of the C37:2 alkenone remains stable from 3–10 Ma, varying

between −23 h to −25 h (Fig. 7.1). Considerable variation occurs in the mid-

Pleistocene, when 13C/12C ratios in alkenones start to vary between −29 h to

−21 h within a very short time.

7.3.3. pCO2 reconstruction

When an εf of 25 h is used, pCO2 reconstructions show a larger range than

reconstructions using an εf of 27 h (Figs 7.2a, 7.2b). Overall, for the εf=25h

scenario, reconstructed pCO2 ranges between 500 and 400 µatm during the late

Miocene (8 Ma) and shows a decreasing trend towards 318–412 µatm at 6 Ma

(Fig. 7.2a). pCO2 rises to approximately 400 and 600 µatm from 5–4 Ma.

Around 4 Ma, reconstructed pCO2 shows large variations between 320 and

500 µatm, but the overall trend in pCO2 is decreasing (Fig. 7.2a). For εf=27h,

the overall reconstructed pCO2 ranges between 557 and 200 µatm (Fig. 7.2b),

with the highest pCO2 of 557 µatm limited to the late Miocene. The trends

for pCO2 reconstructions using εf=27h are identical but off-set compared to

εf=25h: considerable variation in pCO2 is recognized from 4 Ma onwards,

where pCO2 generally trends to lower values, but still reaches values above
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(a) ε f =25h

(b) ε f =27h

Figure 7.2.: Different pCO2 reconstruction scenarios uncorrected (orange) and
corrected for salinity (blue). White circles indicated data points
corrected for glacial δ13CCO2.
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400 µatm in the late Pleistocene (Fig. 7.2b).

7.4. Discussion

7.4.1. Sea surface salinity reconstruction

Recently, δD of C37-alkenones as proxy for SSS was introduced (Schouten

et al. 2006; van der Meer et al. 2008; Kasper et al. 2014). Incubation exper-

iments by Schouten et al. (2006) showed a good correlation of alkenone δD

and the salinity of the growth medium (Eq. 7.13, R2=0.86), which was applied

to the data set presented here. A better estimation of paleosalinity is achieved

when calculating the fractionation factor α between δDwater and δDalkenones, and

accounting for growth rates. However, δDwater is unavailable for the Japan Sea,

and the estimation of growth rates is based on δ13Calkenones, which would cre-

ate a circular argument in this study, since δ13Calkenones is already used for the

pCO2 reconstructions. Thus, using Eq. 7.13 by Schouten et al. (2006) was the

most favorable option to reconstruct paleo-SSS. Overall, the Japan Sea shows a

trend towards increased SSS from the late Miocene to the Pleistocene: from 33

psu in the late Miocene, to approximately 35 psu during the Pleistocene (Fig.

7.3). The present day SSS ranges around 34.3 psu (Talley et al. 2004), which

is precisely within the error of the most recent sample. Interestingly, SSS is

at its lowest between 3 and 5 Ma, which coincides with the intensified sum-

mer monsoon (Chapter 5) and increased Amur River discharge (Matsusaki, in
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Figure 7.3.: Sea Surface Salinity (SSS), calculated from alkenone δD using
Eq. 7.13. Error bars indicate the error of every δD measurements
and associated salinity changes.

prep). SSS reaches a reconstructed SSS of 27 psu at 3.2 Ma, and 22 psu at

5.2 Ma. A moderate correlation between δD of alkenones and δD of n-alkanes

(p=0.002, r=0.45), suggests that they are largely influenced by the same driver,

in this case the summer monsoon (see Chapter 5). van der Meer et al. (2013)

suggested the combined measurement of C37:2 and C37:3 alkenones, since the

deuterium isotopic fractionation of individual alkenones can differ by about

40h. The difference in hydrogen isotopes is mainly driven by the abundance,

which is driven by temperature (van der Meer et al. 2013). In this study, most

depleted signals are complemented by low alkenone abundance of the respec-

tive alkenones. However, in this case it is argued that alkenone abundances

are low due to the massive freshening of surface waters by increased run-off.
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There are only a few coccolith species living in fresh water or low salinity

waters (Thierstein 2004). However, SSS of the Japan Sea is most likely over-

estimated here, since this study uses only C37:2 alkenones, which fractionate

between source water and lipid at a lower rate. Therefore the deuterium iso-

topic signature of this alkenone can indicate a lower salinity than was actu-

ally present. The increasing influence of the saline waters from the Tsushima

Warm Current (Nakada et al. 2005) could explain the increasing SSS since the

end of the Pliocene (Oba 1991; Tada 1994), SSS minima during this interval

are probably associated with a sea level low stand, when surface freshening

occurred (Tada 1994), but the data resolution is too low to validate such a hy-

pothesis. After δD of C37:2 alkenones was converted to SSS using Eq. 7.13,

they were ready to be used to correct the pCO2 record for salinity changes.

7.4.2. CO2 reconstruction

Many factors determine pCO2 reconstructions, such as the choice of εf , and

therefore its associated b-factor (Pagani et al. 1999a; Pagani 2014; Eq. 7.5-

7.10). Subsequently, pCO2 was reconstructed using an εf of 25 and 27h (Figs

7.2a, 7.2b), which are reasonable assumptions (Goericke and Fry 1994; Pagani

et al. 1999a; 2011) and the outcomes will be compared to each other. Fur-

thermore, both pCO2 scenarios were also corrected for changes in sea surface

salinity (Figs 7.2a, 7.2b, Eqs 7.13, 7.12). The minimum pCO2 error was cal-

culated based on lowest reconstructed SST and lowest [PO3−
4 ] (0.05 µmol l−1),
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Figure 7.4.: Glacial-to-interglacial variations of δ18O, co-plotted with pCO2

reconstructions (red circles).

while the maximum error was calculated based on highest SST and highest

[PO3−
4 ] (0.26 µmol l−1) concentrations. There is a lack of suitable data from

0.5–1.5 Ma for δ13CCO2 (Fig. 7.1) in the data set of Tipple et al. (2010) that

can be used to calculate pCO2 (Eqs 7.1, 7.4). This is especially problem-

atic for the glacial to interglacial variations of pCO2, which also affects the

isotopic composition of carbon dioxide. Studies suggest that glacial δ13CCO2

was 0.4–0.5 h, in some cases even 1.5 h (Marino et al. 1992; Schulte et al.

2003; Schneider et al. 2013) more depleted than reconstructed by Tipple et al.

(2010). Especially over the 0.5–1.5 Ma span, reconstructed pCO2 regularly ex-

ceeds 400 µatm. Plotting benthic foraminfera δ18O together with reconstructed

pCO2 (Fig. 7.4) roughly suggests that these extreme values are falling into

glacial stages. For these points, δ13CCO2 was lowered to −7.04 h, which is

a 0.4 h difference from Tipple et al. (2010). It lowered reconstructed pCO2
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by 20 µatm for εf=27h and by 60 µatm for εf=25 h (Fig. 7.2, white circles).

Available δ13CCO2 data that can be considered for the sampling site only spans

back to 8.4 Ma (Tipple et al. 2010; Reghellin et al. 2015), thus data points from

this study beyond this age cannot be accounted for in this reconstruction. The

following discussion focuses on the choice of different parameters for pCO2

reconstructions, and how the results are affected by it.

Impact of isotopic calibration

The choice of method for the isotopic calibration determines the δ13C signa-

ture of C37 alkenones. εp expresses the fractionation between CO2 and the cell,

thus εp is also dependent on the respective carbon isotope calibration against

Vienna Pee Dee Belemnite (VPDB) and will change accordingly. [CO2(aq)]

then depends on εf-εp difference (Eq. 7.11), which, depending on the cal-

ibration can be smaller or larger, leading to an over- or underestimation of

past CO2. Alkenone δ13C37 in this study differs from the δ13C composition of

alkenones measured by Bae et al. (2015) further south in the Japan Sea (∆=2–

4h), but they also differ from the δ13C content of alkenones in the western

N-Pacific, measured by Yamamoto et al. (2007). Both studies found compara-

tively 13C enriched alkenones, which are typical of the warm waters they stem

from (Deuser et al. 1968), while the range of δ13C depleted alkenones in this

study is expected to be found in colder waters (Deuser et al. 1968; Goericke

and Fry 1994). Alkenones of a similar carbon isotopic range to the ones pre-
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sented here were found by van der Meer et al. (2008) in the Black Sea. εp

(Eq. 7.1) of this study ranges around 18, even for the most recent ones, while

εp calculated by Bae et al. (2015) ranges around 12. Pagani (2014) argues

that samples with an εp above 18 are due to lower growth rates, while samples

with an εp as found by Bae et al. (2015) are due to higher growth rates. It is

important to constrain growth rates, as growth rates and intracellular CO2 are

interrelated, with consequences for εp, thus growth rates can confound pCO2

estimates. Presently, the sampling location of Bae et al. (2015) is more pro-

ductive than the Yamato Rise (Yamada et al. 2005), thus the difference in the

isotopic composition of alkenones could stem from there. The observed dif-

ference in εp and δ13C of alkenones could also be due to differences in the car-

bon isotopic calibration against VPDB. This is difficult to assess, since most

publications do not provide a detailed description of their calibration methods

(Chapter 2.3.2). Presently it is not clear why the C37:2-alkenones are compar-

atively depleted, but it does have an effect on εp, and therefore on the error

of pCO2 estimates, since the difference between εf and εp is narrowed, and

therefore SST and [PO3−
4 ] estimates significantly increase their impact on the

reconstructions (Pagani et al. 2011; Pagani 2014). The working assumption of

this study considers the εp of the data set presented here to suggest low growth

rates (Pagani 2014) at Site U1425. Direct evidence for low growth rates could

be provided by micropaleontological evidence, however, micro- and nannofos-

sils are poorly preserved at Site U1425 (Tada et al. 2015), and other sites with

better records indicate higher growth rates of alkenones, based on δ13Calkenone
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(Yamamoto et al. 2007; Bae et al. 2015).

Impact of choice of carbonate data

Since Japan Sea Site U1425 only comprises poorly preserved carbonate mi-

crofossils (Tada et al. 2015), it is impossible to reconstruct δ13C of DIC for

δ13CCO2 estimates. Thus, a substitute for δ13CCO2 estimates is necessary. Cer-

tainly, most suitable would be DIC data from the open Pacific, to get a signal

as close to the Japan Sea as possible. However, DIC data records spanning the

last 8 Ma are very sparse. The only suitable record is provided by Reghellin

et al. (2015) in the form of a bulk carbonate δ13C record from an upwelling site

(IODP U1338). Another δ13CCO2 record is provided by Tipple et al. (2010),

who compiled a global data set of well constrained benthic foraminifera δ13C,

and subsequently derived δ13CCO2. pCO2 estimates of this study were calcu-

lated based on both δ13CCO2 data sets (Tipple et al. 2010; Reghellin et al. 2015).

The overlap of both records is quite large (Fig. 7.5), with the Reghellin et al.

(2015) based data set resulting in slightly higher pCO2 estimates. In the end,

the decision was made to base pCO2 reconstructions on δ13CCO2 estimates by

Tipple et al. (2010), since it is a source specific record, and the effect of non-

equilibrium factors on the benthic foraminifera record is excluded. Further-

more, the Tipple et al. (2010) data set is not derived from an upwelling region,

in contrast to Reghellin et al. (2015), thus the effect of the disequilibrium of

CO2(aq) and CO2(atm) on the pCO2 reconstructions is avoided.
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Impact of varying ε f and b

Next to temperature estimates, estimations of [PO3−
4 ] and therefore b-factor

and errors in estimation have a large influence on CO2(aq) estimates. The b-

factor is globally calibrated, and can be calculated with site specific [PO3−
4 ]

data (Pagani 2014). In contrast, εf needs to be estimated, and is strongly de-

pendent on the enzymes involved with carbon fixation. The choice of εf then

determines the slope of b (Pagani et al. 1999a). Most εf of phytoplankton fall

into the range of 25–28 h (Goericke and Fry 1994), and most studies using

alkenone paleobarometry assume an εf of 25h (Pagani et al. 1999a; 2010;

Seki et al. 2010; Pagani et al. 2011; Badger et al. 2013a). The effect of an εf of

25h or εf of 27h only makes a difference of 15 µatm (Pagani et al. 1999a),

and therefore the effect on reconstructed pCO2 is small. Nonetheless, εf re-

quires careful consideration, as a small difference in εf and εp can cause errors

of SST and [PO3−
4 ] estimations to become increasingly significant, affecting

the pCO2 reconstruction (Pagani et al. 1999a).

The Japan Sea surface waters are generally depleted in nutrients (Talley

et al. 2004). The Japan Sea is also affected by eddies (Isoda 1994), pulling

up nutrients from the nutricline to the surface, and altering the primary pro-

ductivity. It is therefore challenging to find suitable [PO3−
4 ] to represent Site

U1425, since site specific data is not available. [PO3−
4 ] concentrations in sum-

mer nearly are homogenous for the Japan Sea, varying around 0.2 µmol l−1

over the first 50 m of the water column (Talley et al. 2004). Site specific, depth
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averaged (0–20 m) data from 135.9◦E, 39.1◦N was chosen, as it is close to Site

U1425 (134.4◦E, 39.4◦N). The minimum [PO3−
4 ] yields 0.05 µmol l−1 (JODC).

With an estimation of ε f =25h, this results in a b-factor of 87, while it ranges

around 108 with an εf=27h. b rises to 112 and 135 respectively, when the

maximum [PO3−
4 ] estimation of 0.26 µmol l−1 is used. Primary productivity

and nutrient supply changed drastically over the last 10 Ma in the Japan Sea.

Especially, when shoaling of the proto-Tsugaru Strait, and changes in bottom

water provenance restricted the inflow of nutrient rich waters from the Pacific

(Tada 1994). Furthermore, the intermittent restriction of the proto-Tsushima

Warm Current from the South was also able to lower the nutrient supply to the

Japan Sea (Bae et al. 2015). An intensified summer monsoon and increased

Amur River discharge from 5–3 Ma also impacted the nutrient concentration

of the Japan Sea, either by intensified upwelling or increased run-off from

land. Both processes are difficult to constrain with the proxy data available

here, but could have a large influence on [PO3−
4 ] estimations. [PO3−

4 ] during

the late Miocene were most likely higher than 0.26 µmol l−1. A higher b as-

sociated with increased [PO3−
4 ] during the late Miocene would also result in

higher reconstructed pCO2. Thus pCO2 presented here for the late Miocene is

probably underestimated. Therefore, the modern-ocean relationship between b

and [PO3−
4 ], which is the foundation of many alkenone paleobarometry studies,

might not hold true for these times in the Japan Sea.

Comparing εf=25h (Fig. 7.2a) and εf=27h (Fig. 7.2b), shows a very sim-

ilar trend for both records. The error margin for εf=25h is slightly larger.
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Overall the upper range of εf=25h is approximately 50 µatm higher than with

εf=27h. A similar offset for both εf is found in the lower range of the pCO2

reconstructions. During the Pliocene, both scenarios show large fluctuation in

pCO2, reaching up to 500 µatm. Amongst concentration of external CO2 and

[PO3−
4 ], factors like cell size, cell geometry and irradiation can influence εp

and therefore pCO2 reconstructions. During glacial stages, coccolith growth

rates are very low (Xing et al. 2011), and oceanic conditions did not favor

coccolith growth. Thus, it is likely that other factors than CO2(aq) had an in-

fluence on 13C discrimination in coccoliths. The average changes between

different εf of 25 µatm are slightly larger than the 15 µatm suggested by Pa-

gani et al. (1999a). Still, this is a smaller variation than the variation caused

by erroneous [PO3−
4 ] and SST estimations. It is noteworthy that highest pCO2

levels are reconstructed for the time span from 6–6.3 Ma. Other proxies sug-

gest that during this time a severe environmental perturbation of the Japan Sea

took place, affecting productivity and phytoplankton communities (Chapters

4, 6). It is therefore questionable, whether this peak in pCO2 really indicates

increased CO2 concentrations, or whether other environmental factors were

driving 13C discrimination in coccoliths.

Applying a different εf to the data set presented here shows on average

mostly no difference, when a KH with a fixed salinity of 34 is used. Recon-

structions covering the time span 0–2 Ma are not very distinguished from each

other, since this time span lacks continuous δ13CCO2 data. This hampers the

accuracy in pCO2 reconstructions in the Japan Sea. Assuming a depletion of
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δ13CCO2 data by 0.4h reduces reconstructed pCO2 by 70 µatm. Uncertainties

in [PO3−
4 ] estimations increase the upper error margin of pCO2 reconstructions,

while the lower error margin for both scenarios is in a similar range. Both

records show a decreasing trend in pCO2 after 4 Ma, which is in agreement

with other studies (Pagani et al. 2010; Seki et al. 2010; Bolton and Stoll 2013;

Zhang et al. 2013). The application of different εf (25–27 h) suggests that late

Miocene pCO2 levels declined from 517–474 µatm to 412–373 µatm respec-

tively, if the upper error margin is considered. For the lower error margin, a

pCO2 level decline is reconstructed from 398–347 µatm to 318–264 µatm. In-

terestingly, the upper error margin of pCO2 matches the decline that is required

to trigger the late Miocene C4 plant expansion (Herbert et al. 2016). The over-

all trend of pCO2 indicates decreasing concentrations of the greenhouse gas in

the Pliocene and Pleistocene. It is noted that pCO2 undergoes large changes

in magnitude during the Pleistocene, which are also observed for other prox-

ies in this study, such as SST, SSS, TOC and δ13Corg, suggesting that other

environmental factors than CO2(aq) are affecting the alkenone paleobarometry.

Correction for sea surface salinity

The reconstruction of CO2(atm) requires knowledge of the solubility coefficient

KH (Eq. 7.12), which describes the solubility of CO2 in water under different

temperature and salinity regimes (Weiss 1974). Most alkenone-based pCO2

reconstructions so far assumed a constant salinity of 35–36 psu (Pagani et al.
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1999a; Seki et al. 2010; Zhang et al. 2013), or used another proxy to constrain

salinity (Badger et al. 2013b). These sites experienced only small changes in

surface salinity over time, and assuming a relatively constant salinity of 35

psu is reasonable. Changes in sea surface salinity in the Japan Sea were rather

drastic (Oba 1991; Tada 1994), and are mostly determined by the opening and

closure of the Tsushima Strait, as well as summer monsoon intensity and Amur

River discharge. Thus it is even more important to constrain salinity changes

at Site U1425 over the studied interval to improve the pCO2 reconstruction.

For this purpose, sea surface salinity was reconstructed using δD of alkenones

(Sec. 7.4.1). Changes in salinity could then be accounted for by selecting the

appropriate KH by Weiss (1974; Eq. 7.12). Both pCO2 reconstructions, using

an εf of 25 and 27 h were corrected for salinity changes. The comparison of

all four models shows that salinity corrected pCO2 (Fig. 7.2a, 7.2b) levels for

7.3–8 Ma are higher than their uncorrected counterparts. Upper range pCO2

reconstructions changed from 534–412 µatm to 510–359 µatm respectively.

As for the uncorrected record, the salinity corrected record shows large

changes in magnitude during the Pleistocene. Again, other proxies for this

interval show also large changes in magnitude, suggesting that other environ-

mental factors than CO2(aq) are affecting the alkenone paleobarometry. The

lower error margin has just shifted by 6–9 µatm for both pCO2 scenarios when

compared to the uncorrected pCO2 records. The correction for salinity shows

that sea surface salinity plays a considerable role in pCO2 reconstruction, as

concentrations are easily underestimated by 30–40 µatm in the uncorrected
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Figure 7.6.: CO2 reconstructions from this study (red) in comparison with CO2

reconstructions of other studies: (Seki et al. 2010; turqouise), (Pa-
gani et al. 1999a; purple), (Zhang et al. 2013; khaki), (Beerling
and Royer 2011; gray).

scenarios. However, there was no drastic change in pCO2 trends, as the de-

clining trend during the Pliocene and Pleistocene still remains.

7.4.3. Comparison with data from the literature

The salinity corrected pCO2 record with an εf=27h was compared to data

from other studies (Fig. 7.6). It was selected because it had the narrowest

error margin and smallest fluctuation in the Pleistocene, and the most reason-

able concentrations overall. The data point at 6.3 Ma was excluded, since it is

likely not representing pCO2, but another factor driving the 13C discrimination

in coccoliths. The pCO2 records reconstructed here are the longest, continu-
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ous pCO2 reconstructions so far, spanning from 0.2–8.4 Ma. It is therefore not

possible to compare it to similarly derived records. For the late Miocene, a

critical interval, where large perturbations in the terrestrial and marine envi-

ronments are detected (Pagani et al. 1999b; LaRiviere et al. 2012), the role of

CO2 is ambiguous (Pagani et al. 1999a;b; Herbert et al. 2016). Pagani et al.

(1999a) reconstructed increasing pCO2, while Beerling and Royer (2011) re-

constructed a phase of decreased pCO2. Furthermore, both records are approx-

imately 90 to 120 µatm lower than the record presented here (Fig. 7.6). The

most obvious discrepancy of the compiled pCO2 records is observed between

the Pagani et al. (1999b) study and the record generated for this study. For

their record, Pagani et al. (1999b) used the carbon isotopic signature of shal-

low dwelling foraminfera. As pointed out by Tipple et al. (2010), a δ13CCO2

reconstruction based on shallow dwelling foraminfera is complicated by bio-

logical, diagenetic and temperature effects that vary in time, and are difficult to

account for. According to Tipple et al. (2010), these factors add uncertainty to

δ13CCO2 estimates, and thus benthic foraminifera are the preferred organisms

for δ13CCO2 estimates. Furthermore, Pagani et al. (1999b) does not provide a

SST record for their sampling site DSDP 588, thus it is impossible to assess

the impact of temperature on their pCO2 record. The study presented here uses

the δ13C signature of benthic foraminifera, whose isotopic signature is less af-

fected by diagenetic processes and thus remains more stable over geological

time scales than planktonic foraminifera (Tipple et al. 2010). Secondly, the

study here provides an excellent temperature control, improving the accuracy
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of reconstructed pCO2 estimates. These two constraints, temperature and δ13C

of benthic foraminifera, are the probable reason why this study provides the

proposed pCO2 decline in the late Miocene. To test for the temperature control

hypothesis, alkenone paleobarometry should be carried out on the compiled

data sets by Herbert et al. (2016), as they also show the extensive late Miocene

cooling. So far, the record presented here is the only record showing decreas-

ing pCO2 concentrations from approximately 8 to 6 Ma. The agreement of

different CO2 records improves from the Pliocene onwards, where all records

show a generally decreasing trend (Seki et al. 2010; Beerling and Royer 2011;

Zhang et al. 2013) in CO2 concentrations. During the Pleistocene, all four

records show a consistent change in trends. The lower error margin and av-

erage of the record presented here is mostly consistent with data from Zhang

et al. (2013). Generally, the record presented here is not unreasonable, but re-

constructed pCO2 concentrations are likely overestimated for this Pleistocene

time span. The for glacial states corrected CO2 (Sec. 7.4.2) record agrees well

with Pleistocene pCO2 data from Zhang et al. (2013), but occasionally over-

estimates reconstructions from Seki et al. (2010) by up to 165 µatm. Overall,

the reconstructed pCO2 concentrations at Site U1425 show a good agreement

with data from other studies, where data is available. The generated record

suggests that CO2 concentrations declined markedly in the late Miocene, and

were decreasing from 4 Ma to Present. The offset between the generated record

presented here and other studies might be explained best by other influenc-

ing factors on alkenone paleobarometry in the Japan Sea, such as drastically
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changing [PO3−
4 ].

Something that is hard to reconcile with the apparent low pCO2 record of

Pagani et al. (1999b) is the lack of evidence for the glaciation of Greenland

during the earlier part of the late Miocene. As Lunt et al. (2008) demonstrated,

CO2 is the main driver for the late Pliocene glaciation of Greenland. A draw

down of CO2 from 400 ppm to 280 ppm was sufficient to trigger the glaciation

of East Greenland during the Plio-Pleistocene Transition (Lunt et al. 2008).

This is a shift that is also observed in the record here (Fig. 7.6). Events such as

the late Cenozoic uplift, Panama seaway closure or termination of El Niño had

no ‘priming’ effect leading to this glaciation (Lunt et al. 2008). Larsen et al.

(1994) report the deposition of glacio-marine sediments around Greenland for

the last 7 Ma. If CO2 was as low as Pagani et al. (1999b) suggested, and the

main driver of the glaciation of Greenland is indeed pCO2 Lunt et al. (2008)

the glaciation of Greenland should have occurred earlier, and likewise the de-

position of glacio-marine sediments. Thus the pCO2 record presented here

reconciles with the deposition of these sediments and the glaciation of Green-

land, and climate models, and therefore challenges the pCO2 reconstructions

generated by Pagani et al. (1999b).

7.4.4. Comparison with ice core data

The accuracy of pCO2 estimates derived from the Japan Sea can be tested by

comparing the results against the well constrained ice core CO2 data (Lüthi
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Figure 7.7.: Results of reconstructed pCO2 compared to ice core CO2 mea-
surements by Lüthi et al. (2008)

et al. 2008; Fig. 7.7). Out of the six data points available for the Pleistocene,

only two agree with ice core CO2 data, at 0.79 and 0.53 Ma (Fig. 7.7). The

other estimates are off-set by at least 60 µatm, and up to 100 µatm, in inter-

glacials as well as glacial periods. There are some problems in the Quaternary

Japan Sea that are affecting the alkenone paleobarometry: warm alkenone

SSTs even during glacials for unknown reasons (Ishiwatari et al. 2001; Fu-

jine et al. 2006; Lee et al. 2008) have been reconstructed, which influences

the chosen solubility coefficient for pCO2 reconstructions (Weiss 1974). Re-

peated opening and closure of the Tsushima Strait in the context of eustatic

sea level change does affect nutrient properties of the surface water (Tada

1994; Fig. 7.5), and adds to the uncertainty of [PO3−
4 ] estimates and hence

pCO2 reconstructions. Furthermore, the δ13CCO2 record of Tipple et al. (2010)
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needed linear interpolation, due to lack of high-resolution data for the Pleis-

tocene. Errors in δ13CCO2 estimates thus affect the reconstruction of pCO2

in the Japan Sea, especially during glacial periods, when δ13CCO2 was up to

0.4–0.5 h more depleted than values reconstructed by Tipple et al. (2010)

(Marino et al. 1992; Schulte et al. 2003; Schneider et al. 2013). Especially

SST and [PO3−
4 ], which have the largest influence on pCO2 estimates (Pagani

et al. 1999a; Pagani 2014) are poorly constrained during the Pleistocene, and

thus add to the mismatch between ice core and reconstructed CO2 concentra-

tions of this study. Since the cause for increased SSTs during glacials in the

Japan Sea is unknown, and [PO3−
4 ] cannot be reconstructed, it is questionable

whether the Pleistocene part of the pCO2 record presented here can ever be

accurately estimated. For the reconstruction of pCO2 on shorter time scales,

marine sediments are not very useful, due to the large integrated time signal.

7.5. Conclusion

The study presented here is the first continuous, single site pCO2 reconstruc-

tion spanning the last 8.4 Ma. pCO2 was reconstructed using two different εf

(25 and 27 h) and the results were compared to each other. The error of pCO2

estimates with εf=25h was slightly larger, and pCO2 estimations were higher

than with εf=27h. Furthermore, pCO2 estimations were corrected for changes

in salinity, using δD of C37:2-alkenones. Almost all studies assume a constant

surface salinity in the range of 35–36 psu. Paleoceanographic studies from
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the Japan Sea suggest that the surface salinity varied drastically over glacial

and interglacial states (Oba 1991; Tada 1994), as well as long term, due to the

restriction of the TWC. It was therefore necessary to correct pCO2 for salinity

changes. The comparison shows that the uncorrected pCO2 records underesti-

mate pCO2 on average by 5 µatm, in the late Miocene even by approximately

25 µatm. The late Miocene decline in pCO2 reconstructed in this study seems

to explain the profound changes in the terrestrial environment around this time,

as well as drastic cooling of sea surface temperatures across both hemispheres

(Herbert et al. 2016), and the beginning deposition of glacio-marine sediments

around Greenland and Alaska (Krissek 1995; Larsen et al. 1994). pCO2 for

the Pleistocene is slightly increased, but agrees at least trend wise with studies

from Seki et al. (2010); Beerling and Royer (2011) and Zhang et al. (2013).

Although indicating a decreasing trend, pCO2 estimations from the Japan Sea

are likely overestimated, at least occasionally for the last 4 Ma. It could in-

dicate that other factors than CO2(aq) influenced the 13C content of coccoliths.

The overestimation could also be due to the lack of appropriate δ13CCO2 which

represents a global signal (Tipple et al. 2010) instead of a regional signal.

δ13CDIC records from the East Equatorial Pacific are similarly sparse for the

critical time spans (e.g. Reghellin et al. 2015), thus the problem could not be

circumvented. Therefore, this study should be repeated with a higher sam-

pling density of δ13CCO2. Future work should also focus on the constraint

of alkenone growth rates, which equally influences pCO2 and SSS reconstruc-

tions. Nonetheless, the pCO2 record is fairly reasonable and accurately reflects
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the proposed trend changes in pCO2 since the late Miocene.
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8. Summary and future work

The aim of this thesis was to reconstruct paleoenvironmental changes in central

Asia, such as the C4 plant expansion, and the East Asian monsoon evolution

with respect to the uplift of the Himalaya-Tibetan-Plateau (HTP). Further-

more, it was the aim to reconstruct paleoceanographic changes in the Japan

Sea, such as circulation changes due to tectonic changes of the marginal sea,

and sea surface temperatures in the context of global climate change and the

East Asian monsoon system. For this purpose, an extensive biomarker record

from sediments in the Japan Sea was generated, using n-alkanes, alkenones,

branched and isoprenoidal GDGTs, as well as hopanoids and steroids. Some

of these records presented here are the most extensive records that have been

generated for the Japan Sea. The results presented in this thesis show that the

deposition of these biomarkers is controlled by climate change as well as re-

gional changes in the tectonic setting. The key reconstructions of this study

are summarized in Fig. 8.1.

The following section presents the main results of this study, and recom-

mends further work that should be undertaken to improve the records presented
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here.

The tetraether index of tetraethers consisting of 86 carbons (TEX86) and un-

saturation index of C37-ketones (UK′
37), used as sea surface temperature (SST)

proxies, were applied to reconstruct SST changes in the Japan Sea since the

mid-Miocene. The TEX86-SST record suggested that SSTs were substantially

warmer during the mid-Miocene, by approximately 10 ◦C compared to today.

The mid-Miocene Climate Transition (MMCT) from 14.5 Ma is well displayed

in TEX86-SSTs, and showed a cooling by 3 ◦C. UK′
37 and TEX86-SSTs showed

a pronounced cooling by 7 ◦C in the late Miocene (7–5 Ma), which has re-

cently been named the late Miocene cooling (LMC) (Herbert et al. 2016).

The cooling observed in the Japan Sea ranged within the observed magnitude

of Herbert et al. (2016). This suggested that the Japan Sea is indeed sensi-

tive to global climate change (Tada 2004). Regional tectonic events affected

the records occasionally. Overall, the temperature changes in the Japan Sea

were in agreement with indicators for global climate change, such as δ18O of

benthic foraminifera, and reconstructed CO2 levels. Therefore, it was sug-

gested that continuously falling CO2 levels throughout the Neogene were the

main driver for the long term decline of Japan Sea SSTs. Throughout the

Pliocene/Pleistocene, the TEX86 and UK′
37 records exhibited larger temperature

changes at higher frequencies than in the earlier part of the record. These am-

plitude and frequency changes were hypothesized to reflect the response to

orbital forcing.

The stable carbon isotopic signature of n-alkanes in the Japan Sea was an-
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alyzed to track the vegetation change from a C3 dominated to a mixed C3/C4

vegetation in an unknown source area. The deuterium isotopic signature of

n-alkanes was reconstructed to gain insight into the variability of the summer

monsoon. Surprisingly, the interpretation of the stable isotope records in terms

of vegetation change and summer monsoon intensity was only possible until

approximately 3 Ma ago. A mixing model based on the δ13C signature of n-

alkanes showed a steady expansion of C4 plants since approximately 7.5 Ma.

The deuterium isotopic signature of n-alkanes suggested an intensifying sum-

mer monsoon over the interval of the C4 plant expansion. Correcting δD of

n-alkanes for the fractionation factor between wax and water (εwax/water) to cal-

culate δD of the source water enabled the identification of the moisture source

for the precipitation in the source region. For the period from 8–3 Ma, the

δD signature of the source water pointed to the East China Sea (ECS)/South

China Sea (SCS) as moisture source for the precipitation in the source region.

At 3 Ma, the westerly jet changed its flow mode into two discrete modes during

glacials and interglacials, with profound impact on the monsoon intensity and

variability. The δ13C and δD record of n-alkanes shows large fluctuations after

3 Ma. It was subsequently hypothesized that during glacial stages, the Siberian

High became very pronounced and lasted longer than during interglacials, and

hence facilitate the increased deposition of Siberia derived n-alkanes in the

Japan Sea. In contrast, during interglacials, the Siberian High was weaker

than in glacial stages, and relatively less n-alkanes from Siberia are deposited

in the Japan Sea.

208



The application of four different mixing models to evaluate the relative input

of marine versus terrestrial organic matter was not successful. This was due

to the inability to constrain appropriate terrestrial end members. The deposi-

tional environment of Site U1425 was reconstructed using 28,30-Dinorhopane

(28,30-DNH) and the Lycopane/nC31 (Ly/nC31) ratio. Both proxies show in-

creased abundance from 10.8 to circa 8 Ma, which is in agreement with other

records (Kimura et al. 2004). 28,30-DNH is absent from the record at 8–

7 Ma, although reducing conditions prevailed. This could indicate that living

conditions for the 28,30-DNH were not viable anymore. Meanwhile, Ly/nC31

continues to decline, in agreement with the increasingly oxygenated water col-

umn at 6 Ma (Kimura et al. 2004; Tada et al. 2015). During the Pleistocene,

28,30-DNH was detected once more, although at a much smaller concentra-

tion than during the Miocene. The Ly/nC31 ratio fluctuates, in agreement with

fluctuating oxic/anoxic conditons in the Japan Sea (Tada et al. 1999). Thus,

both biomarkers are suitable tools to reconstruct the depositional environment

at Site U1425.

In this study, it was attempted to reconstruct atmospheric CO2 concen-

trations over the last 8 Ma, using the stable isotopic composition of C37:2-

alkenones from the Japan Sea. Different nutrient and enzymatic fractionation

scenarios were considered, in order to constrain the fidelity of an alkenone-

based pCO2 record from the Japan Sea. Furthermore, the deuterium isotopic

signature of the same biomarker was used to constrain the impact of sea sur-

face salinity on the pCO2 record. The results showed an overall declining
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pCO2 trend from 8 Ma to Present, with a distinct decline from approximately

520 to 300 µatm in the time from 8–6 Ma. The lack of appropriate δ13CCO2

during the Pliocene, as well as very dynamic nutrient fluctuations, probably in

response to summer monsoon variability and glacio-eustatic sea level change,

complicated the Pleistocene part of the pCO2 record presented here. The pCO2

record presented here is the first pCO2 record that captures the required de-

cline in pCO2 to trigger the C4 plant expansion, and explains the observed

changes in inorganic carbon allocation in large coccoliths. However, it is un-

clear whether a pCO2 decline triggered the onset of the LMC, or whether cool-

ing SSTs acted as a positive feedback for a declining pCO2 as proposed by

Herbert et al. (2016).

8.1. Future work

Future work should focus on increasing the sampling resolution of the TEX86

record, to fully capture the mid-Miocene Climate Optimum (MMCO) and

MMCT. However, this study showed that the TEX86 record for this interval

is affected by non-thermal factors (Fig. 4.3d), thus this attempt might prove

difficult. Increasing the SST resolution of both proxy records, UK′
37 and TEX86,

is necessary to constrain the effect of eustatic sea level changes on SSTs in the

Japan Sea, and to test the hypothesis that the fluctuations are caused by these

sea level changes.

At present, the environmental reconstruction based on stable isotopes of n-
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alkanes cannot provide an answer to whether the variability of the East Asian

monsoon was caused by enhanced HTP uplift, or the onset of the Northern

Hemisphere glaciation, as both events happened around the same time, and

their interrelationship is still poorly understood (Tada et al. 2016). Further-

more, the part of the record spanning 3 Ma to Present lacks a high sample

resolution. Increasing the resolution of the carbon and deuterium isotopic sig-

nature record of n-alkanes can be used to constrain the dominant atmospheric

circulation feature (westerly jet or Siberian High), and their spatial extent in

variation with glacial-interglacial cycles. The paleo position of both atmo-

spheric circulation features should be used to re-evaluate monsoon records

from East Asia and the maritime continent, to further improve the understand-

ing of the monsoon system.

Future work should focus on generating a nannofossil record of coccol-

ithophores in the Japan Sea (i.e. from Site U1428) to constrain the effect of cell

size on the presented pCO2 record. It should also focus on increasing the sam-

pling resolution of the δDalkenone record, and on the constraint of growth rates

for more accurate pCO2 estimates. There should also be a focus on generating

a higher resolution δ13CCO2 record of benthic foraminifera, to correct for its

variation in glacial and interglacial periods. This will improve the alkenone

based pCO2 estimates in the Japan Sea during the Plio- Pleistocene. Subse-

quently, the pCO2 record should be expanded to further elucidate the lag and

lead relationship of SSTs and pCO2.

Expedition 346 was just the onset of a whole set of cruises around SE-
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Asia which target the evolution of the Asian monsoons. More expeditions

were conducted, to investigate the Indian Monsoon rainfall (IDOP 353), the

Bengal Fan (354), the Arabian Sea monsoon (355) and the Maledives mon-

soon (359). A compilation of biomarker records, such as of SSTs, n-alkane

δD and δ13C of higher plants will build an integrated picture of the EAM

and its subsequent evolution. Conveniently, the C4 plant expansion, which

is somewhat ambiguous across East Asia can be integrated into a whole pic-

ture, to answer question where it did start when, and when it was terminated

again. Results from Expedition 377 to the Arctic Ocean, which intends to drill

back to Oligocene, are also interesting to compare the records generated here

to. This expedition has the potential to generate more MMCO SST records,

which will provide the opportunity to establish a latitudinal temperature gradi-

ent. Furhtermore, alkenone paleobarometry should be carried out on the same

records used by Herbert et al. (2016) for their UK′37-SST reconstruction during

the late Miocene, to test for the hypothesis of a better constrained temperature

record and its effect on pCO2 reconstructions, as proposed in this dissertation.
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A. Mass Spectra of triterpenoids
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Figure A.1.: C32 17β,21β hopane [17β(H),21β(H)-bishomohopane]. Sample
U1425D-39H-1W, 145–147 cm.

Figure A.2.: C31 17β,21β hopane[17β(H),21β(H)-homohopane]. Sample
U1425D-28H-4W, 45–47 cm.
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Figure A.3.: C30 17β,21β hopane [17β(H),21β(H)-hopane]. Sample U1425D-
28H-4W, 45–47 cm.

Figure A.4.: C31 17α,21β hopane [17α(H),21β(H)-homohopane]. Sample
U1425D-28H-4W, 45–47 cm.
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Figure A.5.: C29 17β,21β hopane [17β(H),21β(H)-hopane]. Sample U1425D-
28H-4W, 45–47 cm.

Figure A.6.: C30 17α,21β hopane [17α(H),21β(H)-hopane]. Sample U1425D-
28H-4W, 45–47 cm.
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Figure A.7.: C29 17β,21α hopane [17β(H),21α(H)-hopane]. Sample U1425D-
28H-4W, 45–47 cm.

Figure A.8.: C29 17α,21β hopane [17α(H),21β(H)-hopane]. Sample U1425D-
6H-4W, 17–19 cm.
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Figure A.9.: C28 17β,21α hopane [17β(H),21α(H)-dinorhopane]. Sample
U1425D-52H-1W, 65–67 cm.

Figure A.10.: C27 17β hopane [17β(H),21α(H)-trinorhopane]. Sample
U1425D-28H-4W, 45–47 cm.
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Figure A.11.: C30 ∆13(18) hopene [neohop-13(18)-ene]. Spectrum from Sin-
ninghe Damsté et al. (2014). Sample U1425D-28H-4W, 45–
47 cm.

Figure A.12.: C29 ∆13(18) hopene [30-norneohop-13(18)-ene]. Spectrum from
Sinninghe Damsté et al. (2014). Sample 797B-41X-2W, 6–8 cm.
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Figure A.13.: C28 ∆13(18)hopene [28,30-dinorneohop-13(18)-ene]. Spectrum
from Sinninghe Damsté et al. (2014). Sample U1425D-57H-
1W.

Figure A.14.: C31 ∆13(18) hopene [homohop-17(21)-ene]. Sample U1425B-
61X-1W.
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Figure A.15.: C30 ∆13(18) hopene [hop-17(21)-ene], spectrum from (Sessions
et al. 2013; SI). Sample U1425D-32H-2W, 123–125 cm.

Figure A.16.: C29 ∆13(18) hopene [30-norhop-17(21)-ene]. Sample U797B-
37X-1W, 50–52 cm.
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Figure A.17.: C27 ∆17(21) hopene [22,29,30-trisnorneohop-17(21)-ene], based
on RT from Nytoft and Larsen (2001). Sample U1425D-46H-
3W, 95–97 cm.

Figure A.18.: C30 ∆21 hopene [hop-21-ene], spectrum from Sessions et al.
(2013; SI). Sample U1425D-1H-1W, 18–20 cm.
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Figure A.19.: C30 ∆22(29) hopene [hop-22(29)-ene], spectrum from Sessions
et al. (2013; SI). Sample U1425D-1H-1W, 18–20 cm.

Figure A.20.: C30 ββ-hopadiene. Sample U1425D-7H-3W, 23–25 cm.
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Figure A.21.: C30 βα-hopadiene. Sample U1425D-7H-3W, 23–25 cm.

Figure A.22.: C30 αβ-hopadiene. Sample U1425D-7H-3W, 23–25 cm.
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Figure A.23.: Fern-7-ene. Sample U1425D-41H-2W, 127–128 cm.

Figure A.24.: Fern-8-ene. Sample U1425D-41H-2W, 127–128 cm.
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Figure A.25.: Sample U1425D-41H-2W, 127–128 cm.
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